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Abstract
The exchange of chemical constituents between ocean and atmosphere provides
potentially important feedback mechanisms in the climate system. The aim of this
study is to develop and evaluate a chemically coupled global atmosphere-ocean
model.

For this, an atmosphere-ocean general circulation model with atmospheric chem-
istry has been expanded to include oceanic biogeochemistry and the process of air-sea
gas exchange. The calculation of seawater concentrations in the oceanic biogeochem-
istry submodel has been expanded from DMS, CO2, and N2O to include also CO
and isoprene (C5H8). Further new implementations comprise the possibilities to
consider the nutrient import by rivers into the ocean, and the dust deposition as a
source of silicic acid (Si(OH)4) from silica (SiO2) in addition to iron (Fe). Moreover,
the climatological dust deposition can now be replaced by a simulated one from the
atmospheric model.

To evaluate the novel model system, a set of simulations under year-2000 conditions
focusing on the major chemical interactions between ocean and atmosphere have
been performed. With additional sensitivity studies the impact of a modified nutrient
import from interactive dust deposition and from additional nutrient import by
rivers has been assessed. To prepare the model system for studies on climatological
time-scales, cloud parameterisation related parameters have been optimised for a
suited model resolution.

The simulations show robust and consistent responses of the model system to
forcings in terms of interactive oceanic biogeochemistry. Deficiencies in the repre-
sentation of oceanic net primary production (NPP) have been identified, depending
strongly on the coupling frequency providing solar irradiance at the ocean’s surface.
An approximately linear relationship between air-sea gas fluxes and surface water
concentrations for the interactively simulated reactive species (DMS, C5H8, and CO)
has been found. Additional nutrient import to the ocean by rivers shows only weak,
insignificant impacts on the atmospheric composition, mostly due to the coarse reso-
lution and the not well represented shelf areas. The modified dust deposition shows
only a minor effect, although the interactively simulated amount of dust deposited
into the ocean is twice as large as the previously used climatology. This weak impact
of enhanced Fe and SiO2 deposition is due to the limitation of phytoplankton growth
by nitrate in aqueous phase (NO–

3) in the main dust deposition regions.
In summary, the chemically coupled model system is well prepared for applications

in chemistry-climate research.



Zusammenfassung
Der Austausch chemischer Stoffe zwischen Ozean und Atmosphäre stellt einen
möglichen wichtigen Rückkopplungsmechanismus im Klimasystem dar. Ziel dieser
Studie ist die Entwicklung und Evaluierung eines chemisch gekoppelten globalen
Atmosphäre-Ozean-Modells.

Dazu wurde ein Atmosphäre-Ozean-Zirkulationsmodell mit atmosphärischer Che-
mie um wichtige Prozesse der ozeanischen Biogeochemie und um den Gasaustausch
zwischen Ozean und Atmosphäre erweitert. Zusätzlich zu Meerwasserkonzentrationen
von DMS, CO2 und N2O berechnet das ozeanische Biogeochemiemodell nun auch
die von CO und Isopren (C5H8). Weitere Neuerungen umfassen die Möglichkeiten
Nährstoffeintrag aus Flüssen in den Ozean und Staubdeposition als Quelle von Kiesel-
säure (Si(OH)4) aus Siliziumdioxid (SiO2), neben Eisen (Fe), zu berücksichtigen. Des
Weiteren kann die klimatologische Staubdeposition durch die interaktiv berechnete
des Atmosphärenmodells ersetzt werden.

Die Evaluierung des neuen Modellsystems erfolgte durch Simulationen unter
gleichbleibenden Bedingungen für das Jahr 2000 und einer Analyse der wichtigs-
ten chemischen Wechselwirkungen. Die Einflüsse modifizierter Nährstoffeinträge
durch interaktive Staubdeposition und zustätzlicher Nährstoffeinträge aus Flüssen
wurden anhand weiterer Sensitivitätsstudien abgeschätzt. Zur Vorbereitung des
Modellsystems für Studien auf klimatologischen Zeitskalen wurden Parameter der
Wolkenparametrisierung für eine entsprechende Modellauflösung optimiert.

Das Verhalten des Modells mit interaktiver Biogeochemie ist stabil und die Er-
gebnisse sind konsistent. Defizite wurden bei der ozeanischen Primärproduktion
identifiziert. Diese ist von der Kopplungsfrequenz abhängig, die die solare Strahlungs-
dichte am Ozeanoberrand beeinflusst. Es besteht eine nahezu lineare Abhängigkeit
zwischen Ozean-Atmosphäre-Gasflüssen und ozeanischen Oberflächenkonzentrationen
der interaktiv simulierten reaktiven Komponenten (DMS, C5H8 und CO). Zusätzli-
cher Nährstoffeintrag aus Flüssen bedingt geringe, nicht signifikante Einflüsse auf die
atmosphärische Zusammensetzung, begründet in der groben Modellauflösung und der
eingeschränkten Darstellung des Kontinentalschelfs. Die modifizierte Staubdeposition
zeigt nur geringen Einfluss, obwohl der interaktive Staubeintrag in den Ozean doppelt
so groß ist wie der zuvor benutzte klimatologische. Dieser schwache Einfluss erhöhter
Einträge von Fe und SiO2 wird durch die Limitierung des Phytoplanktonwachstums
durch Nitrat (NO–

3) in den Hauptdepositionsgebieten erklärt.
Insgesamt ist das neue, chemisch gekoppelte Modellsystem für zukünftige Studien

zur Klima-Chemie Wechselwirkung einsatzbereit.





We can only see a short distance ahead, but we can see plenty there that needs to
be done.

Turing (1950)
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Chapter 1

Introduction

The ocean plays a prominent role in the Earth’s climate system. More than 70% of
the Earth’s surface is covered by seawater. As Earth’s main water reservoir, the ocean
influences the hydrological cycle and atmospheric radiative transfer, accounting for
85% of the atmospheric water vapour (Bigg et al., 2003), which is the major natural
greenhouse gas (GHG). Providing an estimated water volume of 1.3324× 109 km3

(Charette and Smith, 2010) the ocean conducts a “thermal lag on the climate” (Bigg
et al., 2003) via its thermal inertia, because of the specific heat capacity of water.
The heat exchange between ocean and atmosphere strongly depends on the time
scale. The mixed layer of the ocean plays a role on shorter time scales up to decades,
whereas on time scales of hundreds to thousands of years the deep ocean, which
provides a larger effective heat capacity than the mixed layer, is also important (Bigg
et al., 2003).

The ocean’s surface area of 361.84× 106 km2 (Charette and Smith, 2010) provides
a large interface to the atmosphere. At this interface a variety of interactions between
ocean and atmosphere take place, influencing the dynamics and chemistry in each
of the two domains. Fig. 1.1 shows a schematic overview of the atmosphere-ocean
system and the interactions between the domains. Atmosphere-ocean interactions
can be divided into physical and chemical processes.

Physical interactions are exchange of heat, momentum, and water mass. Heat
exchange occurs by sensible heat flux, due to conduction, and latent heat flux
via evaporation of water, both determined by the ocean’s surface temperature.
Momentum exchange at the atmosphere-ocean interface depends on the wind stress
applied to the ocean surface and on the ocean surface roughness. Water mass
is exchanged between atmosphere and ocean by evaporation and precipitation,
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Figure 1.1: Interactions in the atmosphere ocean system. Interactions at the air-sea
interface can be divided into physical and chemical processes. Physical interactions
are momentum exchange by wind stress (white arrow)—generating waves, bubbles
and sea spray (white circles), shear, and eddies (black arrows)—, heat transfer
(red-yellow arrow), and exchange of water by riverine and glacial freshwater
input, precipitation, and evaporation (blue arrows). Chemical interactions are
oceanic import by dry and wet deposition and sedimentation in the atmosphere
(gray dots), natural and anthropogenic riverine input, and air-sea gas exchange
(black open arrows). Chemical compounds imported to the ocean act as nutrients
(gray dots) on marine biological production. Incoming solar radiation (violet
arrows) is altered by the atmospheric chemical composition, partly reflected
(red arrows) and absorbed by seawater. A fraction of solar irradiance—the
photosynthetically available radiation (PAR)—is available to marine biological
production via photosynthesis. Dead phytoplankton is exported (open green
arrows) to the deep ocean (dark blue) in form of particulate organic carbon
(POC) and buried in the sediments (brown), parts are re-mineralised in deeper
ocean layers. Based on SOLAS (2004).

determining the atmospheric hydrological cycle and influencing Earth’s radiation
budget. Physical interactions directly impact the dynamics of the domains, but
also influence chemical and biogeochemical processes by changes in circulation and
temperature. Evaporation and freshwater input from the atmosphere by precipitation
and by river discharge act on the oceanic circulation, on seawater density, and on
seawater temperature.
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The chemical interaction between the atmosphere and the ocean is determined by
the exchange of chemically, biologically, and radiatively reactive compounds between
the two domains. This exchange alters the concentrations of chemical compounds in
the atmosphere and in the ocean, and in this way acts on atmospheric chemistry
and oceanic biogeochemistry, which both eventually impact the dynamics of the
particular domain. Chemical compounds enter the ocean via air-sea gas exchange,
wet and dry deposition, and input from rivers. Air-sea gas exchange depends on the
oceanic and atmospheric concentration of the specific gas, its solubility, seawater
temperature, ocean salinity, and the physical state of the ocean surface. The physical
state of the ocean surface is determined by wind stress, sea spray, and bubbles of
atmospheric gas composition in the upper ocean layer (Wanninkhof et al., 2009).
Air-sea gas exchange is also altered by atmospheric boundary layer stability and
the presence of surfactants on the water surface, which tend to suppress gas fluxes
between the two domains (Wanninkhof, 1992).

In the ocean, biological production impacts chemical concentration and composi-
tion. Biological production depends on the availability of nutrients, light, and on
temperature. The nutrient availability in the open ocean surface water is determined
by wet and dry deposition of atmospheric constituents, import from rivers, and
advection. An important nutrient is iron, which acts as micronutrient on phyto-
plankton and influences plankton growth and bloom (Mills et al., 2004; Moore et al.,
2009). The main source of iron to open ocean waters is mineral dust, transported
from deserts and deposited to the ocean. Mineral dust can be transported over long
distances from its emission regions before being deposited onto Earth’s surface. For
instance, dust plumes originating from dust outbreaks in the Saharan desert can
reach the Amazon forest (Martin et al., 2010). During the transport, dust is subject
to chemical modifications, which alter iron solubility (Shi et al., 2011). It has been
estimated that dust deposition is the main input mechanism of iron to high nutrient
low chlorophyll (HNLC) areas in the ocean (Martin et al., 1991; Jickells et al., 2005;
Boyd et al., 2007). Hence dust deposition influences phytoplankton and therefore
indirectly impacts oceanic concentrations of chemical compounds.

Changes in surface seawater concentrations directly influences the air-sea gas
exchange by changing the ocean-to-atmosphere difference in concentrations, and
eventually alter the atmospheric composition and chemistry, and hence impact
radiative forcing (Jickells et al., 2005). In coastal areas, rivers transport additional
chemical compounds into the ocean, where they partly act as nutrients on oceanic
biogeochemistry (Meybeck, 1982, 1998; Cotrim da Cunha et al., 2007). The natural
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origin of these compounds is chemical erosion of soils and rocks, but there are also
anthropogenic sources like sewage and fertilisers used in agriculture (Martin and
Meybeck, 1979; GESAMP, 1987; Seitzinger et al., 2005). The composition and
concentrations reaching the ocean are further influenced by damming (Seitzinger
et al., 2010).

Chemical changes in the ocean and atmosphere impact the dynamics of the
two domains. In the ocean, changes in biogeochemistry affect the biological pump
(Longhurst, 1991; Lam et al., 2011), which redistributes chemicals in the vertical, and
light absorption in upper water layers (Wetzel et al., 2006). In the atmosphere, the
chemical composition has a direct impact on the atmospheric radiative transfer and
radiation balance. Some of the chemical compounds form aerosol particles, partly
acting as cloud condensation nuclei (CCN), and in this way have a direct or indirect
effect on radiation (Denman et al., 2007). Changes in the dynamics, on the other
side, alter the spatial variation of chemical concentrations and therefore feed back
on the chemical state of the atmosphere.

The sun is the main driver of the Earth’s weather and climate system. Weather
and climate depend on the quantity and distribution of incoming solar radiation
(Trenberth et al., 2009). The global energy flow in the Earth system, broken down
into its components, is shown in Fig 1.2. In addition to the ocean’s direct energy
flows via sensible and latent heat flux, the air-sea gas exchange impacts Earth’s
energy budget via changes in atmospheric concentrations of radiative important
gases (greenhouse gases (GHGs)) and their precursors.

The ocean acts as sink or source of atmospheric gases, corresponding to the relative
under- or over-saturation of surface seawater at a certain location with respect to
the atmospheric concentration of the specific gas. The local oceanic concentration of
chemical compounds is determined by transport via advection and mixing, fluxes
at the air-sea interface and from the sediments, and internal sources and sinks
by chemical and biological processes (Sarmiento and Gruber, 2006). Inorganic
chemicals are removed from seawater by photosynthesis and chemosynthesis, which
are driven by light and chemical reactions as energy source, respectively (Sarmiento
and Gruber, 2006). These processes mainly happen in the upper 100m of the
ocean, where sufficient light for photosynthesis is available. This layer is called the
euphotic zone. Below the euphotic zone biological processes act as source of inorganic
chemicals via remineralisation (cf. Fig. 1.1). The photosynthetically available
radiation (PAR) at Earth’s—and hence the ocean’s—surface depends on the amount
of radiation (irradiance) reaching this level. Surface irradiance depends on the
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Figure 1.2: Earth’s global annual mean energy budget for March 2000 to May 2004.
Energy fluxes are given in Wm−2. The broadness of each schematic energy flow
is proportional to its importance. From Trenberth et al. (2009).

atmospheric radiative transfer, which is influenced by the atmospheric chemical
composition, clouds, and aerosols. Air-sea gas fluxes have an impact on atmospheric
gas concentration and composition, and thus on atmospheric radiative transfer.
Therefore, via the control of the oceanic chemical concentration by photosynthesis,
air-sea gas exchange provides a feedback mechanism between oceanic biogeochemistry
and atmospheric chemistry.

Some of the various feedback mechanisms in the atmosphere-ocean system have
been studied, but are not well quantified. Feedback mechanisms impact each other,
which makes it difficult to separate and quantify impacts of individual processes.
To study the complex system of feedbacks and to assess the impact of individual
processes, numerical models are used. In this study, an oceanic biogeochemistry
model and an atmospheric chemistry climate model (CCM) are coupled. The process
of air-sea gas exchange is included in the model system, to represent chemical feedback
mechanisms between the ocean and the atmosphere. The aim is to quantify the
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impact of oceanic biogeochemistry and its variability on atmospheric composition and
atmospheric chemical reactions. The CCM is extended with the necessary processes,
to provide a model system for the analysis of the dynamically and chemically coupled
ocean-atmosphere system, to gain a deeper understanding of feedback mechanisms
and to provide the possibility to assess the impact of individual processes in the
Earth’s climate system.

1.1 Motivation

The atmospheric composition determines the radiative transfer in the atmosphere
(see also Fig. 1.2). This does not only impact surface temperatures but also PAR,
which both impact biological production in the ocean’s euphotic zone. Uptake and
emission of radiative active compounds and chemically reactive gases into and from
the ocean depends on surface oceanic concentrations. Oceanic surface concentrations
are determined by biogeochemical processes in the ocean. Air-sea gas fluxes, in turn,
impact the atmospheric concentrations of the corresponding gas, providing a feedback
mechanism between atmospheric and oceanic tracer concentrations. Some of the
oceanic emissions are precursor gases for formation of secondary organic aerosol
(SOA) particles, which impact the climate system via a direct effect on atmospheric
radiation and also via an indirect effect by forming CCN (e.g. Carslaw et al., 2010).
Although the impact of ocean-atmosphere exchange on atmospheric particle formation
is considered to be important for radiative processes in the atmosphere, this study
is a first step towards coupling oceanic biogeochemistry and detailed tropospheric
chemistry in a model system, and thus focuses on impacts of ocean-atmosphere
interactions on atmospheric gas-phase chemistry only.

In this way a strong coupling exists between climate and biogeochemical cycling
of the Earth’s major elements (Sarmiento and Gruber, 2006). The strength of theses
feedbacks and interactions between different feedbacks is not yet well quantified.
One goal of this study is to estimate the impact of oceanic emissions of chemically
reactive gases on the atmospheric chemical composition, to provide one step for
analysing feedback mechanisms between oceanic biogeochemistry and atmospheric
chemistry. The resulting numerical model system provides a tool for future projects
on quantifying the impact of individual feedback mechanisms on the climate system.

Interactive changes in atmospheric concentrations of dimethyl sulphide ((CH3)2S,
DMS), isoprene (C5H8), carbon monoxide (CO), and methanol (CH3OH) from their
oceanic emissions are analysed here, focusing on the impact on tropospheric chemistry
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on time scales of years. Oceanic fluxes of carbon dioxide (CO2) and nitrous oxide
(N2O) are also considered in the simulations, but their atmospheric concentrations
are prescribed. On longer time scales, these longer lived species are important in
radiative transfer and stratospheric chemistry. The sources of these species and
their role in atmospheric chemistry, in atmospheric chemical composition, and in
atmospheric radiative transfer will be briefly discussed in the remainder of this
section. Because the present model system lacks an interactive vegetation model,
the carbon cycle is not further investigated in this study.

1.1.1 Carbon dioxide (CO2)

Carbon dioxide (CO2) is known to be an important trace gas in connection with
climate change. It absorbs radiation in the infrared wavelengths and impacts
stratospheric ozone (O3) concentrations. The radiative impact of CO2 in the present
atmosphere is seconded only by the radiative impact of water vapour (H2O; Seinfeld
and Pandis, 1998).

With the beginning of the Industrial Revolution in the mid to late 18th century,
fossil fuel and cement production became the main carbon dioxide sources. They
account “for more than 75% of the increase in atmospheric CO2 concentration since
pre-industrial times” (Denman et al., 2007). The remaining increase in atmospheric
CO2 concentrations is accounted for by land use change.

Via air-sea gas exchange, the ocean acts as a net sink for atmospheric CO2. It
is estimated, that the ocean stored about (118± 19) Pg(C) (1Pg = 1× 1015 g =
1Gt) of anthropogenic carbon dioxide from 1800 to 1994 (Sabine et al., 2004). This
oceanic carbon dioxide uptake accounts for about 30% of the anthropogenic CO2

emissions, whereas almost 45% remained in the atmosphere (Sabine et al., 2004;
Denman et al., 2007). The present day total global flux of CO2 into the ocean is
estimated to be in the range of 1 Pg(C) a−1 to 3Pg(C) a−1 (Takahashi et al., 2009).

Oceanic carbon sequestration does not only influence atmospheric CO2 concentra-
tion, but also lowers the pH value of seawater, a process known as ocean acidification
(Kleypas et al., 1999; Feely et al., 2004; Orr et al., 2005; Denman et al., 2007). A
lower pH of sea-water results in a reduced CO2 uptake. Ocean acidification and
elevated seawater temperatures act as stressor to oceanic life-forms (e.g. Feely et al.,
2004; Doney et al., 2009; Henson, 2011). An increased frequency and spatial extension
of coral bleaching has been observed in the last decades, for which stress by increased
ocean temperatures was accounted for (Henson, 2011). There may be interspecific
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differences in levels of resistance to increased temperature and increased ocean
acidification, but species may be influenced, if both processes occur simultaneously
(Rodolfo-Metalpa et al., 2011). Lowered carbonate concentrations in seawater, as a
consequence of a lower pH, vary regionally (Orr et al., 2005), but a “reduced diversity,
structural complexity and resilience” of coral reefs can be expected, at least in the
Indo-Pacific (Fabricius et al., 2011).

Coral reefs provide large ecological and economical benefits (Spurgeon, 1992;
Moberg and Folke, 1999), for example by dissipating wave energy and thus providing
coastal protection from waves, storms, and erosion. Bleaching and destruction of
coral reefs can lead to an increased risk for land erosion and flooding of coastal areas,
which also suffer from sea level rise by elevated seawater temperatures and increased
glacier melting.

1.1.2 Nitrous oxide (N2O)

Nitrous oxide (N2O) is a potent GHG, with a radiative forcing potential which is
about 300 times larger than that of CO2 on a 100-year horizon (Forster et al., 2007).
Because of its long lifetime of 114 years, N2O is transported to the stratosphere,
where it forms the primary source of stratospheric nitrogen oxides (NOx) via the
photolytic reaction with electronically exited oxygen atoms (O(1D)). In this way
N2O contributes to stratospheric O3 depletion (Crutzen, 1970; Solomon, 1999).

The ocean is a net source of N2O, with oceanic sources rather well constrained
(Rhee et al., 2009), ranging from 1.2Tg(N) a−1 to 6.8Tg(N) a−1 (Nevison et al.,
1995). The contribution of oceanic N2O emissions to total natural N2O emissions
is about 35%, emissions from soils—especially in the tropics—contribute 60%, and
atmospheric chemistry—via the oxidation of ammonia—about 5% (Denman et al.,
2007). Anthropogenic N2O emissions account for about 38% of the total N2O
emissions. The biggest single source of anthropogenic N2O is agriculture, accounting
for about 50% of the anthropogenic emissions, the remainder stems from combustion
processes and waste water treatment (Denman et al., 2007).

1.1.3 Dimethyl sulphide (DMS)

Dimethyl sulphide ((CH3)2S, DMS) is one of the oceanic emissions that gained
largest attention in the recent decades (Kettle et al., 1999; Lana et al., 2011).
Lovelock et al. (1972) and Nguyen et al. (1978) suggested that oceanic emissions
of DMS close—at least partly—the total atmospheric sulphur budget and account
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for the atmospheric background observations of sulphur dioxide (SO2) in remote
areas, not influenced by anthropogenic sulphur emissions. DMS is oxidised in the
atmosphere with the the hydroxyl radical (OH) as oxidant, forming SO2 and to
smaller amounts methanesulphonic acid (CH3S(O)2OH, MSA), dimethyl sulfoxide,
and dimethyl sulfone (Andreae and Crutzen, 1997). In the troposphere DMS oxidation
supports the formation of new particles acting as CCN, in the marine boundary layer
(MBL) it supports the growth of smaller particles into CCN (Andreae and Crutzen,
1997). Atmospheric particles impact the radiation budget directly by scattering
of solar radiation, or indirectly by acting as CCN and changing cloud properties.
Charlson, Lovelock, Andreae, and Warren (1987) formulated the CLAW hypothesis,
which suggests a feedback loop between DMS production by phytoplankton, oceanic
emission of DMS, formation of CCN, changes in cloud properties, and altered solar
radiation available for plankton photosynthesis. However challenged by model
studies, suggesting limited CCN formation (e.g. Carslaw et al., 2010), and failing to
correlate DMS production directly to phytoplankton concentrations (Simó, 2001),
the CLAW hypothesis stimulated research in the multidisciplinary Earth System
Science, resulting in more than 1500 scientific publications on this hypothesis since
its original formulation (Ayers and Cainey, 2007).

Estimated globally integrated annual DMS fluxes from the ocean are uncertain,
ranging from 15Tg(S) a−1 to 54Tg(S) a−1 (Kettle and Andreae, 2000, and references
therein). Despite the uncertain magnitude and even direction of feedbacks on the
climate system via CCN production, DMS is a sulphur source to the atmosphere,
where it alters atmospheric composition, chemistry, and aerosol formation. DMS
is the main natural sulphur source for the marine boundary layer (Andreae and
Raemdonck, 1983). Furthermore, it is regarded as main source of total atmospheric
sulphur in the southern hemisphere, whereas sulphur concentrations in the northern
hemisphere are dominated by anthropogenic emissions (Lana et al., 2011).

1.1.4 Isoprene (C5H8)

Phytoplankton emits the volatile organic compound (VOC) isoprene (C5H8) (Bonsang
et al., 1992) and—to a lower extend—monoterpenes (Yassaa et al., 2008). Whereas
C5H8 emissions by plants are thought to be reactions to stress—e.g. temperature
and reactive oxygen—(Sharkey and Singsaas, 1995; Sharkey et al., 2008), there is no
evidence for changes in C5H8 production by phytoplankton under stress (Shaw, 2001;
Shaw et al., 2003). For land vegetation it is suggested that VOC emissions may also
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support other biological functions of the emitting plants, like promoting flowering
(Terry et al., 1995), however, the role of C5H8 in plant physiology is still not fully
resolved. The function of C5H8 release from phytoplankton is even more unclear.
Compared to terrestrial plants, the production rate of C5H8 relative to photosynthetic
carbon fixation reported for phytoplankton is small (10−4 % for phytoplankton vs.
2% to 5% for terrestrial plants), therefore C5H8 emissions from phytoplankton are
thought to rather be a carbon leak than a functional release (Shaw et al., 2003).

Estimates for C5H8 emitted from the oceanic source to the atmosphere range from
0.1 to 1.2Tg(C) a−1 (Palmer and Shaw, 2005, and references therein), which is low
compared to C5H8 emitted by plants over land, mainly from the tropical rainforest
(≈ 500Tg(C) a−1; Guenther et al., 1995). But oceanic C5H8 emissions can be the
main local isoprene source to the atmosphere—especially in the MBL of remote
ocean regions—because of its high reactivity and its short atmospheric lifetime of 1
to 2 h (Palmer and Shaw, 2005).

C5H8 is suggested to modify the tropospheric oxidation capacity by rapid reaction
with OH and O3 in unpolluted regions with low amounts of NOx. This was challenged
by Lelieveld et al. (2008) and Taraborrelli et al. (2012), who suggest, that OH is
efficiently recycled and not depleted in unpolluted air over a pristine forest. In terms
of biosphere-atmosphere interaction, this results in a stabilising effect on atmospheric
chemistry and climate over the forest, because of SOA formation from oxidised VOC
acting as CCN.

Nevertheless, in polluted areas C5H8 contributes to photochemical smog and
produces O3 and other toxic oxidants by reaction with nitric oxide (NO; Lelieveld
et al., 2008). Carbonyls, like methane vinyl ketone (MVK), methacrolein (MACR),
and formaldehyde (HCHO) are products of C5H8 oxidation. Further oxidation of
MVK and MACR can form peroxyacetylnitrate (PAN) and peroxymethacryloylnitrate
(MPAN), which can be transported over longer distances and alter local and regional
atmospheric NOx concentrations, eventually affecting tropospheric O3 concentrations
(Shallcross and Monks, 2000).

1.1.5 Carbon monoxide (CO)

Photochemical production and microbial consumption determine the oceanic carbon
monoxide (CO) surface concentration (Kettle, 2005a). The ocean was already
suggested to be a source for atmospheric CO by Swinnerton et al. in 1970. Ocean-to-
atmosphere flux of CO is estimated to be in the range of 8.5Tg(C) a−1 to 86Tg(C) a−1
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(Bergamaschi et al., 2000; Ehhalt et al., 2001), with a recent study of Stubbins et al.
(2006) suggesting open ocean CO emissions of (3.7 ± 2.6)Tg(C) a−1. This is small
compared to a total CO emission flux of 214Tg(C) a−1 to 643Tg(C) a−1, but the
ocean is the main natural source. In the troposphere, CO determines the oxidation
capacity of the atmosphere by reaction with OH, where almost all CO is lost in this
reaction, which acts as sink for approximately 41% of OH (von Kuhlmann et al.,
2003).

1.1.6 Methanol (CH3OH)

The oceanic net sink of methanol (CH3OH) is uncertain, ranging from 0.1Tg(C) a−1

to 21Tg(C) a−1 (Heikes et al., 2002; Galbally and Kirstine, 2002; Jacob et al., 2005).
A recent model study by Millet et al. (2008), suggests an oceanic CH3OH source of
32Tg(C) a−1 and sink of 38Tg(C) a−1, resulting in an oceanic CH3OH net sink of
6Tg(C) a−1. The main sink of atmospheric CH3OH is ocean uptake (38Tg(C) a−1)
and gas-phase oxidation by OH (33Tg(C) a−1; Millet et al., 2008).

Via the tropospheric gas-phase reaction with OH, CH3OH impacts the oxidation
potential of the atmosphere and is a source of formaldehyde (HCHO; Seinfeld and
Pandis, 1998) and CO (Duncan et al., 2007). The tropospheric lifetime of CH3OH is
about 5 d to 10 d (Jacob et al., 2005; Millet et al., 2008).

Oceanic production, consumption, and associated processes in seawater are not
well known. However, a CH3OH source via biological production by different phy-
toplankton cultures and bacterial sources has been proposed. Losses of CH3OH
in seawater are hypothesised by photochemical destruction and microbial uptake
(Dixon et al., 2011). So far, only one publication reporting measurements of CH3OH
concentrations in seawater exists (Williams et al., 2004).

1.2 State of the art

The Earth System is characterised by a complex interplay of multiple physical and
biogeochemical processes linked to and impacting each other. One key question in
climate science is the future evolution of climate in the Earth System and the impact
of human activity, to identify possible mitigation strategies and to quantify their
influences on the future climate system.
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As there is no “second Earth” to experiment with, future evolution of climate
in the complex Earth System under different, assumed scenarios of (anthropogenic)
forcings has to be investigated in another way. Whereas individual processes of the
Earth System can be represented in laboratory, mesocosm, or free-air experiments,
the interplay and impact of all processes in the Earth System on the system itself can
not (Schellnhuber, 1999). Numerical models are essential tools for studying climate
variability and future change, quantifying climate impacts of different processes and
their interaction with each other, and determining the effect on climate of human
activity and possible mitigation strategies (Flato, 2011).

Looking at the complexity of the Earth’s climate system, different domains in-
teracting with each other can be identified. From early climate models, developed
directly from numerical weather prediction systems and containing only the atmo-
sphere, complex model systems evolved, which now incorporate the hydrosphere,
the cryosphere, and the biosphere. In the last decades the focus of climate systems
shifted more on processes and interactions between them. With the inclusion of more
model domains, climate science changed to an interdisciplinary field of work.

Various models exist in climate science, ranging from energy balance models, over
models of intermediate complexity, to fully coupled climate system models. Each of
these models has its own domain of application (for an overview, see e.g. McGuffie
and Henderson-Sellers, 2005). Despite the increase in computational power in the
last decades since the first coupled climate models in the 1960s (see Flato, 2011, for
a review), even the most comprehensive climate models are far from being complete,
in the sense of incorporating every single detail of the Earth’s climate system.

The level of detail in numerical models is constrained by two factors. First,
available computational resources are not capable of resolving processes on an
arbitrary level of detail. Thus, numerical models are constrained in their spatial
and temporal resolution. Processes smaller than the model resolution have to
be parameterised to include their impacts in the model system. Second, not all
processes of the climate system are well understood, this is especially true for feedback
mechanisms between processes. Some of them are difficult to measure, or related
to regions of the Earth where only sparse measurements are available. Laboratory
studies and the application of simpler numerical models, focusing on a certain process
or aspect of the climate system, can help to gain understanding in these processes
and to implement them in complex model systems.
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State of the art atmosphere-ocean general circulation models (AO-GCMs) allow
simulations of the climate system’s evolution with time (transient simulations). These
models use prescribed GHG concentrations as boundary conditions. One key finding
of transient model simulations with AO-GCMs is the role of the ocean in climate
change. With increased GHG concentrations, the ocean takes up a large part of
the heat from GHG forcing and stores it in the deep ocean, slowing down warming
of the climate system (Flato, 2011). A further effect is a delayed stabilisation of
temperature after forcings are hypothetically kept constant.

The coupling of atmosphere general circulation models (A-GCMs) and ocean
general circulation models (O-GCMs) has been achieved using integrated approaches
or external couplers (see (Valcke et al., 2012), for a review of coupling methods in
state-of-the-art earth system models (ESMs) and Appendix A of (Kerkweg and Jöckel,
2012), for a detailed definition of coupling methods). These AO-GCMs can be used for
physical climate simulations, but in general do not represent atmospheric chemistry
processes, and hence there are no feedbacks between climate and biogeochemical
cycles, which determine the atmospheric chemical composition (Flato, 2011).

General circulation models (GCMs) which include feedbacks between interactive
atmospheric chemistry and radiation are called chemistry climate models (CCMs).
These CCMs usually use emissions of GHGs as boundary conditions. CCMs include
detailed stratospheric chemistry, whereas in many models tropospheric chemistry
is omitted. This is done, because comprehensive tropospheric chemistry schemes
consume a large amount of computational resources, and are not essential to reproduce
the main stratospheric concentrations, for example stratospheric O3 concentrations
(e.g. Chipperfield, 1999). However, tropospheric chemistry is essential to simulate
the chemical composition in the upper troposphere lower stratosphere (UTLS) region,
which is the main gateway for exchange between the troposphere and the stratosphere.

The UTLS has also been identified as a region with strong temperature changes,
and thus changes in chemical reactions. A changed chemical composition in this
region, especially in ozone concentration, can have a big impact on radiative forcing
(Lacis et al., 1990), impacting the Brewer-Dobson Circulation (BDC), and thus in
turn further changing the chemical composition, both in the troposphere as well as
the stratosphere (Li et al., 2008).

In the recent Chemistry-Climate Model Validation (CCMVal) project study
(SPARC CCMVal, 2010) only three of the 18 contributing different models in-
cluded comprehensive tropospheric chemistry. SPARC CCMVal (2010) recommends,
that “[t]he next generation of CCMs should also include a better representation of
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tropospheric chemical processes”, because “[t]his is certainly important for science
studies in the troposphere and UTLS region, but also may be important in better
representing the overall climate system”.

Until now, in most of the studies using CCMs the models are forced with prescribed
(measured or simulated) sea surface temperatures (SSTs). The prescribed boundary
conditions constrain the model system in the evolution of climate. In SPARC
CCMVal (2010) only one CCM has been dynamically coupled to an interactive ocean
model. Again the report recommends the coupling of CCMs to interactive ocean
models, to “make the representation of climate change in the models more physically
self-consistent”.

The roles of the ocean in the climate system include, besides dynamical links, bio-
geochemical links between the ocean and climate (Bigg et al., 2003). Biogeochemical
interactions between atmosphere and ocean have been identified to be important
for atmospheric chemistry, and impact the climate via changing atmospheric con-
centrations of GHGs (Bigg et al., 2003). This gives rise to feedback mechanisms
between oceanic biogeochemistry and the climate system. These interactions are
addressed in the Surface Ocean – Lower Atmosphere Study (SOLAS) project[1],
with activities ranging from field experiments over laboratory studies, to numerical
modelling (SOLAS, 2004).

Including biogeochemical cycles, especially the oceanic and terrestrial carbon cycle,
into the atmosphere-ocean model system is considered as transition from physical
AO-GCMs to ESMs (Collins et al., 2011; Flato, 2011). The development of an ESM
including the different domains of the climate system (atmosphere, ocean, land,
cryosphere) and interactions between them is an interdisciplinary work. Usually
existing models are combined as components for each domain. The inclusion of ESM
components into a climate model makes the model more self consistent and the
inclusion of feedbacks can have an impact on the simulated climate (Collins et al.,
2011). With increasing complexity of the model system, one has to assure, that
the model components work together satisfactorily and do not distort other model
components and their simulation results.

An example of a complex and comprehensive ESM built up from different model
components is HadGEM2 (Collins et al., 2011). This model system includes compo-
nents of the atmosphere, including atmospheric chemistry and aerosols, the ocean,
including the oceanic carbon cycle, and the land surface, including the terrestrial
carbon cycle, as well as interactions between these components. These interactions

[1]http://solas-int.org/ (last accessed: 01.07.2013)

http://solas-int.org/
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are the coupling of chemistry and radiation, hydrology, and aerosols, the impact of
the oceanic carbon cycle on DMS emissions, and feedbacks in the atmospheric dust
cycle from vegetation and on the oceanic carbon cycle. “The focus for HadGEM2
is on terrestrial and ocean ecosystems, gas and aerosol phase composition, and the
interactions between these components” (Collins et al., 2011).

The ECHAM/MESSy Atmospheric Chemistry (EMAC; Jöckel et al., 2005, 2006,
2010) model, which is used in this study, is a CCM focusing on detailed atmospheric
chemistry (for details, see Chapter 3). In its process based modular concept, a com-
ponent was included for calculating air-sea gas exchange from oceanic concentrations
(Pozzer et al., 2006). Until now these oceanic concentration are prescribed, e.g.
imported into the model system from climatological maps. Recently the physical O-
GCM Max Planck Institute Ocean Model (MPIOM; Marsland et al., 2003; Jungclaus
et al., 2006) was coupled to the physical atmosphere in this model system (Pozzer
et al., 2011).

This study focuses on the impact of atmosphere-ocean interactions on tropospheric
chemistry on short time scales of up to several years. To provide the technical basis
for this analysis, in this study the model system was extended with the oceanic
biogeochemistry model HAMburg Ocean Carbon Cycle model (HAMOCC; Six and
Maier-Reimer, 1996; Maier-Reimer et al., 2005; Wetzel et al., 2005) to include
oceanic biogeochemistry and its impact on oceanic tracer concentrations (Section
3.3). Additionally a coupling between nutrient import to the ocean by rivers was
implemented (Section 3.6), as well as an option to calculate iron (Fe) and silica
(SiO2) input at the ocean’s surface from atmospheric dust simulated “online” in the
atmospheric model domain (Section 3.7).

1.3 Open questions addressed in this study

The goals of this study are: (1) to include the exchange of chemical compounds
between ocean and atmosphere in the numerical chemistry climate model EMAC
coupled to the oceanic general circulation model MPIOM and the oceanic biogeochem-
istry model HAMOCC by utilising the Modular Earth Submodel System (MESSy;
Jöckel et al., 2010) framework; (2) to test and evaluate the chemically coupled model
system in preparation for future applications in climate simulations under different
scenarios (pre-industrial, IPCC scenarios, etc.).
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In view of these goals, the following scientific questions are addressed in this thesis:

• What are the differences between simulations with prescribed oceanic
concentrations and simulations with “online” calculated oceanic con-
centrations?
What are the quantitative differences in air-sea fluxes in simulations with
prescribed and with “online” calculated oceanic concentrations? How do the
different air-sea fluxes impact atmospheric composition?

• What is the impact of input by rivers on the oceanic chemistry and
how is the atmospheric composition affected?
How large are the changes in oceanic biogeochemistry and, hence, in oceanic
concentrations—primary in coastal areas? What are the changes in atmospheric
concentrations evoked by riverine nutrient input?

• What is the impact on oceanic chemistry and atmospheric concen-
trations of aeolian dust input into the ocean?
What are the quantitative changes in oceanic biogeochemistry, air-sea fluxes,
and atmospheric composition from aeolian nutrient import calculated from
“online” dust deposition replacing the climatological dust deposition map? To
answer this question, the model system is extended towards a chemically self-
consistent ESM by utilising the submodels for dry and wet deposition and
scavenging to calculate dust deposition.

• What is required to use the model system for long term simulations
with simplified chemistry?
What is the optimal set of closing parameters for subgrid cloud-related param-
eterisations to be used for long term simulations with the model system in a
configuration using simplified stratospheric chemistry?

In this study the available AO-GCM EMAC-MPIOM (Pozzer et al., 2011), which
couples EMAC and MPIOM via the MESSy interface, is used as starting point. This
dynamically coupled model system is extended by adding oceanic biogeochemistry
and chemical air-sea interaction to form a chemically coupled atmosphere-ocean
chemistry climate model (AO-CCM). The focus of this study will be on atmospheric
chemistry and composition on a rather short time scale of several years in quasi
steady-state for present day (year 2000) conditions.
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Whereas this study concentrates on this short time scale, the coupling of a
comprehensive dynamical and chemical ocean model to a comprehensive atmospheric
model also enable simulations on longer time scales (centuries). Further requirements
for operating the resulting model system on these longer time scales will be discussed
in scope of the last question.

1.4 Outline

Chapter 2 gives an overview of the theoretical background on important chemical
processes in the atmosphere, the ocean, and on the interaction of these domains. In
Section 2.1 the impact of atmospheric composition on radiation transfer is briefly
described. Section 2.2 introduces the most important chemical processes in the
atmosphere. Section 2.3 gives a brief overview of oceanic biogeochemistry and how
the biological cycle determines the distribution of chemical compounds in the ocean
and surface seawater composition. The exchange of chemical compounds between
atmosphere and ocean via air-sea gas exchange, dry and wet deposition, and by
riverine input is discussed in Section 2.4.

The model system is introduced in Chapter 3. Section 3.1 introduces the MESSy
interface and important submodels used in this study. The atmospheric part of
the model system is briefly described in Section 3.2. In Section 3.3 the oceanic
component is introduced, including some details on the implementation of oceanic
biogeochemistry. The dynamical and chemical coupling between atmosphere and
ocean are described in Section 3.4 and Section 3.5, respectively. Details on the
implementation of nutrient import from rivers and aeolian dust can be found in
Sections 3.6 and 3.7, respectively.

In Chapter 4 an overview over the simulations performed in this study and results
from the sensitivity experiments are presented. Sections 4.1 gives an overview of the
simulations performed for this study and introduces the different model configurations
for the sensitivity experiments. Changes in oceanic chemical composition, air-
sea gas exchange, and atmospheric composition between experiments with and
without interactive oceanic biogeochemistry are discussed in Section 4.2. In Section
4.3 the impact of additional nutrient input to the ocean by rivers is investigated.
The interactive coupling of dust deposition from the atmosphere to the oceanic
biogeochemistry and its impact on atmospheric composition is discussed in Section
4.4.



18 1.4. Outline

The ability of the model system to perform simulations of decadal time-scales
is discussed in Chapter 5. In Section 5.1 an overview of the preparations of the
model system is given, further the impact of mostly cloud-related parameters on the
model’s climate state is discussed. The final set of parameters as optimised in the
model setup used for this study are presented in Section 5.2.

A conclusion summarising the results from this study and an outlook at future
work is given in Chapter 6.



Chapter 2

Theoretical background

This chapter gives a brief overview of radiative transfer in the atmosphere, which
is important for atmospheric dynamics and for atmospheric chemistry. Further the
elementary chemical reactions of the tropospheric and stratospheric chemistry are
presented. The last two sections give a brief introduction to oceanic biogeochemistry
and relevant processes determining the chemical composition of seawater.

2.1 Radiation in the atmosphere

Driver of weather and climate on Earth is absorption and loss of energy from radiation
received from the sun in the atmosphere. To maintain a stable climate and a fairly
constant global temperature on Earth, incoming and outgoing energy in the Earth
system have to be in balance (Seinfeld and Pandis, 1998; Trenberth et al., 2009). The
atmosphere is the important part in Earth’s radiative transfer, determining which
amount of solar radiation reaches Earth’s surface, and which amount of terrestrial
radiation is escaping to space (Seinfeld and Pandis, 1998). Radiative fluxes in the
Earth system can be divided in solar and terrestrial radiation.

Solar radiation is the radiation reaching Earth emitted from the sun. This radiation
is in the shortwave spectrum, with a maximum intensity in the visible wavelengths of
electromagnetic waves at at about 500 nm (Seinfeld and Pandis, 1998; cf. Figs. 2.1,
2.2). Terrestrial radiation is coming from Earth and has a spectral distribution like
a blackbody at about 300K, with intensity peaking at about 10 µm in the infrared
(Seinfeld and Pandis, 1998). The peak in intensity of terrestrial radiation is in
a spectral region called the atmospheric window with wavelengths from 8 µm to

19
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Figure 2.1: Solar spectral irradiance at the top of the atmosphere and at sea level.
The dashed curve shows the blackbody spectral irradiance at 5900K. Shaded
areas mark absorption in the atmosphere by the molecule indicated. Adapted
from Valley (1965, Fig 16.1).

12 µm (Fig. 2.2). For longwave radiation emitted from Earth in this spectral range
absorption in the atmosphere is weak and nearly 80% of the radiation escapes to
space (Seinfeld and Pandis, 1998).

Absorption of radiation in the atmosphere by radiative important gases (greenhouse
gases (GHGs)) is an important factor in meteorology and atmospheric chemistry
(cf. Fig 1.2). Atmospheric chemical composition and the distribution of these gases
determine the amount and spectral parts of solar radiation reaching Earth’s surface
(Fig. 2.1), the parts of terrestrial radiation escaping into space, and the temperature
distribution in Earth’s atmosphere. The main absorbers in the atmosphere are oxygen
(O2), ozone (O3), water vapour (H2O), and carbon dioxide (CO2). Absorption of O2

and O3, for example, in a spectral region below 290 nm prevent solar radiation in
the ultraviolet spectral range reaching Earth’s surface.
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to 12 µm. Solar radiation reaches Earth in the shortwave spectrum (cf. Fig 2.1).
Terrestrial radiation is emitted as longwave radiation in the infrared spectrum.
After Goody and Robinson (1951); Fleagle and Businger (1980).

For terrestrial radiation in the infrared spectrum, with wavelengths longer than
780 nm, H2O and CO2 are the main absorbers in the atmosphere (Fig. 2.2). In this
region, the trace gases O3, methane (CH4), nitrous oxide (N2O), and chlorofluorocar-
bons (CFCs) have strong absorption bands. Relatively small changes in concentration
of these gases produce significant changes in the radiation flux in this section of the
spectrum (Seinfeld and Pandis, 1998).

When the concentration of a gas reaches a level at which its absorptivity in certain
wavelengths approaches unity, further increase in concentration leads to smaller
effects on radiative flux. This behaviour is called band saturation effect. However, as
a gas has multiple absorption bands, further rise in its concentration can effect still
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other bands, unsaturated with respect to absorption. Thus, increase in concentration
of a gas with band saturation effects at certain wavelengths can still have significant
impacts on radiative transfer (Seinfeld and Pandis, 1998).

2.2 Atmospheric chemistry

2.2.1 Tropospheric chemistry

Tropospheric chemistry is mainly determined by emissions of species at the Earth’s
surface. Furthermore, for O3 transport from the stratosphere in mixing events caused
by tropopause foldings and transport along isentropes, and in-situ production are
important for determining tropospheric concentrations (Roelofs and Lelieveld, 1997).
Those species with lifetimes shorter than about one year are generally destroyed in
the troposphere as transport into the stratosphere is much slower than mixing in
the troposphere itself (Seinfeld and Pandis, 1998). Important factors determining
tropospheric chemistry are the high concentrations of water vapour in the troposphere
and photochemical reactions. Despite of solar radiation filtering of the high energetic
ultra-violet wavelengths in the stratosphere, photochemistry in the troposphere is
still significant (Seinfeld and Pandis, 1998). In the following, a short overview of the
species relevant for this study is presented.

Ozone (O3)

Ozone chemistry is a central part of the tropospheric chemical mechanisms. Formation
of O3 occurs via the photochemical cycle of nitrogen dioxide (NO2), nitric oxide
(NO), and O3 (Seinfeld and Pandis, 1998):

NO2 + hν (λ < 420 nm) −→ NO + O(3P) (R 2.1)
O(3P) + O2 + M −→ O3 + M (R2.2)

O3 + NO −→ NO2 + O2 (R 2.3)

where M is a molecule to absorb excess vibrational energy (e.g. N2 or O2) without
being chemically modified. Reaction R2.2 is considered the only significant tropo-
spheric in-situ source of O3 (Seinfeld and Pandis, 1998). O3 produced in Reaction
R2.2 is destroyed in Reaction R2.3 via reaction with NO. As the main emission
of nitrogen oxides (NOx) is in form of NO, there is very low production of atomic
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oxygen (O) and a high tendency to destroy O3 via reaction with NO. Significant
production of O3 can only happen, if the photochemical equilibrium defined by
Reactions R 2.1–R 2.3 is disturbed.

Hydroxyl radical (OH)

The oxidation capacity of the atmosphere is determined by the highly reactive
hydroxyl radical (OH). Production of the hydroxyl radical (OH) starts with photolysis
of O3 (Levy, 1971):

O3 + hν (λ < 340 nm) −→ O(1D) + O2 (R 2.4)

The main destruction of the electronically excited oxygen atom (O(1D)) is quenching
and subsequent reaction with O2 to form O3:

O(1D) + M −→ O(3P) + M (R2.5)
O(3P) + O2 + M −→ O3 + M (R2.6)

but up to 10% of O(1D) produced in Reaction R2.4 reacts with water to form OH
(Seinfeld and Pandis, 1998):

O(1D) + H2O −→ 2 OH (R2.7)

Carbon monoxide (CO)

Carbon monoxide (CO) provides the most important sink for OH. Reaction with
CO does not necessarily imply depletion of OH, as OH can be recycled via reactions
involving NOx. Thus in NOx rich regions, reaction of OH with CO involves production
of O3 (Lelieveld et al., 2002):

CO + OH −→ CO2 + H (R2.8)
H + O2 + M −→ HO2 + M (R2.9)
NO + HO2 −→ NO2 + OH (R2.10)

NO2 + hν (λ < 420 nm) −→ NO + O(3P) (R 2.11)
O(3P) + O2 + M −→ O3 + M (R2.12)

Net: CO + 2 O2 −→ CO2 + O3 (R 2.13)
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In this case the reaction chain can be terminated by the reaction of OH with NO2 to
form nitric acid (HNO3), which is efficiently scavenged from the atmosphere:

OH + NO2 + M −→ HNO3 + M (R2.14)

In regions with low concentrations of NOx, a net O3 destruction occurs through the
reaction chain (Lelieveld et al., 2002):

CO + OH −→ CO2 + H (R2.15)
H + O2 + M −→ HO2 + M (R2.16)

O3 + HO2 −→ 2 O2 + OH (R2.17)

Net: CO + O3 −→ CO2 + O2 (R 2.18)

Here the termination is via self reaction of the hydroperoxyl radical (HO2) forming
hydrogen peroxide (H2O2), as insufficient NO2 is available to terminate the reaction
chain via Reaction R2.14. H2O2 generated in this process is removed from the
atmosphere by dry and wet deposition. Although some of the HOx is regenerated
from H2O2 by photolysis, for about half of the HOx reacted to H2O2 deposition is a
sink (Lelieveld et al., 2002).

Nitrate radical (NO3)

The nitrate radical (NO3) is formed from NO stemming from natural and anthro-
pogenic sources via the reactions:

NO + O3 −→ NO2 + O2 (R 2.19)
NO2 + O3 −→ NO3 + O2 (R 2.20)

Because of its rapid photolysis, resulting in a lifetime of the NO3 radical in sunlit
conditions of ≈ 5 s, tropospheric NO3 concentrations experience a distinct diurnal
cycle with very low daytime concentrations, increasing during night (Atkinson and
Arey, 2003).
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Isoprene (C5H8)

Isoprene (C5H8) reacts with OH, O3, and NO3, all adding initially to one of the
double carbon (C) bonds in the C5H8 molecule (Atkinson, 2000). In laboratory
studies, formaldehyde (HCHO), methane vinyl ketone (MVK), and methacrolein
(MACR) have been identified as products of the reaction of C5H8 with OH or O3

(Paulson et al., 1992a,b).
The addition of OH to the two double bonds of C5H8 results in four possible

hydroxyalkyl radicals (see Fan and Zhang, 2004, for detailed reaction mechanisms of
isoprene). Reaction of the hydroxyalkyl radicals with O2 forms hydroxyalkyl peroxy
radicals, which under further reaction with NO, self- and crossreactions form the
endproducts of the reaction chain, which are HCHO, MVK, MACR and to much
lower extends carbonyls and organic nitrates (Fan and Zhang, 2004). For the reaction
of isoprene with OH the yields reported for HCHO, MVK, and MACR are 63%,
32%, and 22%, respectively (Atkinson, 1997, and references therein).

Isoprene ozonolysis forms two primary ozonoides, decomposing into five different
chemically activated carbonyl oxides called Criegee intermediates (Fan and Zhang,
2004). The Criegee intermediates undergo stabilisation or reactions to form dioxirane
and OH (Fan and Zhang, 2004). The stabilised carbonyl oxides further react with
water (H2O) and NO, where the first pathway forms organic acids, HO2, and OH
and the second pathway HCHO, MACR, and MVK (Fan and Zhang, 2004). For
the reaction with O3, the yields measured in laboratory environments while OH is
scavenged, are 90% for HCHO, 39% for MACR, and 16% for MVK (Atkinson, 1997,
and references therein).

As the other two reactions, the reaction of C5H8 with NO3 also happens via
addition—in this case of NO3—to the isoprene double bonds. The four formed
nitrooxyalkyl radicals primarily react with O2 forming nitrooxyalkyl peroxy radicals,
which further react to nitrooxyalkoxy radicals in the presence of NO (Fan and
Zhang, 2004). Decomposition of the nitrooxyalkoxy radicals yields organic nitrates,
HCHO, MVK, and MACR (Fan and Zhang, 2004). Overall the reaction of C5H8

with NO3 yields 11% of HCHO, whereas the yields for MACR and MVK are 3.5%
each (Atkinson, 1997, and references therein).

Recently the reaction of isoprene with chlorine (Cl) has gained attention, which
results in the formation of 1-chloro-3-methyl-3-buten-2-one (CMBO), chloromethyl-
butenal (CMBA) isomers, MVK, and chloromethyl radicals (CH2Cl) (Riemer and
Apel, 2001; Fan and Zhang, 2004).
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Formaldehyde (HCHO)

Formaldehyde (HCHO) is an oxidation product from hydrocarbons, like C5H8. In
the atmosphere the two HCHO reaction pathways are photolysis and reaction with
OH (Seinfeld and Pandis, 1998):

HCHO + hν −→ H + HCO (R2.21)
−→ H2 + CO (R2.22)

HCHO + OH −→ H2O + HCO (R2.23)

The hydrogen (H) atom and the formyl radical (HCO) rapidly react with O2 (Seinfeld
and Pandis, 1998):

H + O2 −→ HO2 (R 2.24)
HCO + O2 −→ HO2 + CO (R2.25)

In this way HCHO is a source of CO and HO2.

Dimethyl sulphide (DMS)

Oxidation of dimethyl sulphide ((CH3)2S, DMS) in the atmosphere proceeds mainly
via reaction with OH and NO3. The reaction of DMS with OH implies H atom
abstraction or OH addition to the sulphur atom of DMS (Seinfeld and Pandis, 1998):

CH3SCH3 + OH −→ CH3SCH2 + H2O (R2.26)
M−⇀↽−
M

CH3S(OH)CH3 (R 2.27)

Of the two reactions R 2.26 and R2.27, the first one is favoured at higher temperatures,
whereas the addition of OH has a negative activation energy and thus is the preferred
pathway for low temperatures (Seinfeld and Pandis, 1998; von Glasow and Crutzen,
2004).

Reaction of DMS with NO3 is predominantly a hydrogen-abstraction reaction
analogous to Reaction R2.26 (Barnes et al., 2006):

CH3SCH3 + NO3 −→ CH3SCH2 + HNO3 (R 2.28)

This reaction is fast enough for potentially serving as important atmospheric DMS
sink (Barnes et al., 2006).



2. Theoretical background 27

Further oxidation reactions of the sulphur containing products from Reactions
R2.26–R2.28 result in the stable products of DMS oxidation, dimethyl sulphox-
ide (CH3S(O)CH3, DMSO), dimethyl sulphone (CH3SO2CH3, DMSO2), methane-
sulphonic acid (CH3S(O)2OH, MSA), sulphur dioxide (SO2), and sulphuric acid
(H2SO4). Whereas the final products of DMS oxidation are determined via mea-
surements and rate coefficients for Reactions R 2.26 and R2.27 are well established,
the chemistry leading to the observed products, and several aspects of the chemical
mechanism and its intermediate products are still not fully resolved (see Barnes
et al., 2006, for a review on atmospheric DMS oxidation). DMS oxidation is further
thought to be a substantial source of atmospheric carbonyl sulphide (OCS), which is
observed under low NOx conditions (Barnes et al., 2006).

Oxidation of CH3SCH2 (from R2.26 and R2.28) and further reaction with NO
produces CH3S and HCHO (Seinfeld and Pandis, 1998; Barnes et al., 2006):

CH3SCH2 + O2 −→ CH3SCH2OO (R2.29)
CH3SCH2OO + NO −→ CH3SCH2O + NO2 (R 2.30)

CH3SCH2O
M−→ CH3S + HCHO (R2.31)

An equilibrium is established between CH3S and CH3SOO. Partitioning of this
equilibrium is a function of temperature, binding 20% to 80% of CH3S as CH3SOO
under atmospheric conditions (Barnes et al., 2006):

CH3S + O2
M←→
M

CH3SOO (R2.32)

Further reactions of CH3S with O3 and NO2, and of CH3SOO with NO result
after several intermediates in the production of SO2, MSA, and H2SO4 (for details
see Barnes et al., 2006).

Halogens and halogen oxides have been identified as important potential oxidants
for DMS (von Glasow and Crutzen, 2004). In the marine boundary layer (MBL) the
reaction with Cl is of importance, owing to high chlorine concentrations over the
ocean (Barnes et al., 2006). However, the reaction of DMS with chlorine monoxide
(ClO) seems to be too slow to be of importance for DMS oxidation under atmospheric
conditions (Barnes et al., 2006). Similarly, direct reaction of DMS with bromine
(Br) seems of minor importance in the atmosphere, because of its slow rate under
atmospheric conditions (Barnes et al., 2006). However, via the generation of bromine
monoxide (BrO), Br plays an important role as precursor for production of DMSO
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(Barnes et al., 2006):

CH3SCH3 + BrO −→ CH3S(O)CH3 + Br (R 2.33)

Finally, reactions with iodine (I) and its oxide with DMS have too slow reaction
rates to be of importance in the MBL (Barnes et al., 2006).

DMSO is yielded from further oxidation from the OH addition pathway of
DMS (Reaction R2.27). Production of DMSO is the main reaction pathway for
CH3S(OH)CH3 in the atmosphere (Seinfeld and Pandis, 1998; Barnes et al., 2006):

CH3S(OH)CH3 + O2 −→ CH3S(O)CH3 + HO2 (R 2.34)

From reaction of DMSO and OH the products SO2, DMSO2, methanesulpho-
nylperoxynitrate (CH3S(O)2OONO2, MSPN), MSA, and methanesulphinic acid
(CH3S(O)OH, MSIA) have been observed (Barnes et al., 2006). Further reaction of
DMSO with OH forms MSIA, which can de oxidised to form MSA. The reaction
of halogens with DMSO seems to be too slow to be of relevance in the atmosphere,
however detailed studies on halogen reactions are still needed (Barnes et al., 2006).

2.2.2 Stratospheric chemistry

Ozone (O3)

Stratospheric O3 is produced via photolysis of O2.

O2 + hν (λ < 242 nm) −→ O + O (R2.35)
O + O2 + M −→ O3 + M (R2.36)

Recombination of oxygen atoms from photolysis with oxygen atoms (R 2.36) is the
only chemical source of O3 in the stratosphere. With the destruction of O3 via
photolysis and reaction with O2, Reactions R 2.35 and R2.36 form the Chapman
mechanism (Chapman, 1930):

O3 + hν (240 nm < λ < 320 nm) −→ O2 + O (R2.37)
O3 + O −→ 2 O2 (R 2.38)
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When atomic oxygen is abundant (Reaction R2.35), Reactions R2.36 and R2.37
are rapid, governing a steady state of stratospheric O3 concentrations (Seinfeld and
Pandis, 1998). The regions with highest O3 production are at the equator, with
increasing production with altitude. In contrast highest O3 concentrations are found
at high latitudes in the winter hemisphere. This phenomenon can be explained by
transport of stratospheric air masses (Seinfeld and Pandis, 1998).

The Chapman mechanism alone over-predicts O3 concentrations, as measurements
indicated that the reaction of O3 with O (Reaction R 2.38) is slower than first thought.
As conclusion additional destruction pathways of O3 exist, which explain the observed
stratospheric concentrations (Seinfeld and Pandis, 1998).

Nitrous oxide (N2O)

The importance of biogenic N2O emissions as source of stratospheric NOx was
already suggested by Crutzen (1970). The main source of NOx in the stratosphere is
photolysis of N2O:

N2O + hν −→ N2 + O(1D) (R 2.39)
O(1D) + N2O −→ 2 NO (R2.40a)

−→ N2 + O2 (R 2.40b)

About 58% of the reaction of O(1D) with N2O follow the pathway R2.40a and the
remaining 42% follow the pathway R2.40b (Seinfeld and Pandis, 1998).

The catalytic cycles of HOx, NOx, ClOx, and BrOx

To gain significant reduction in O3 concentration, the depleting species has to be
abundant at high concentrations or has to be recycled in catalytic cycles. The impact
of NOx on stratospheric ozone concentrations was suggested by Crutzen (1970).
Stratospheric ozone depletion by chlorine-containing substances was suggested by
Molina and Rowland (1974). The catalytic cycles in the stratosphere resulting in
reduced O3 concentrations can be written as (Seinfeld and Pandis, 1998):

X + O3 −→ XO + O2 (R 2.41)
XO + O −→ X + O2 (R 2.42)

Net: O3 + O −→ 2 O2 (R 2.43)



30 2.3. Biogeochemistry of the ocean

With X representing one atom or molecule from the chemical families HOx (H +
OH + HO2), NOx (NO + NO2), ClOx (Cl + ClO), or BrOx (Br + BrO). These
free radicals act as catalyst in the cycles and are recycled, so altogether there is no
change in concentration of species X and low concentrations of the depleting species
are sufficient for a significant ozone destruction.

2.3 Biogeochemistry of the ocean

The main drivers of the biological production are the photosynthetically available
radiation (PAR), the availability of nutrients in surface waters, and temperature.
During the process of photosynthesis phytoplankton takes up chemical elements
from seawater to build organic matter, utilising energy available in form of solar
radiation reaching surface oceanic waters. The chemical elements, which potentially
limit photosynthesis because of their limited concentration in seawater are called
nutrients (Sarmiento and Gruber, 2006).

Nutrients are distinguished between macronutrients and micronutrients depending
on their relative concentrations in the biological organism (Sarmiento and Gruber,
2006). Phosphorous (P) and nitrogen (N) are (macro-)nutrients, whereas other
chemical elements needed during organic cell growth, specifically H, C, and O, are
generally present in adequate concentrations, and are not considered as limiting
elements. Trace elements are generally abundant at much lower concentrations than
macronutrients. Influencing and possibly limiting phytoplankton growth they are
called micronutrients. High attention was gained by the micronutrient iron (Fe),
playing an important role for phytoplankton photosynthesis (Martin et al., 1991).

In seawater, sunlight is alleviated with depth by attenuation of seawater itself
and of particles suspended in seawater. The upper ocean layer, where enough light
is available for photosynthesis is called the euphotic zone, with a vertical extent in
the order of 100m (Sarmiento and Gruber, 2006). The lower border of the euphotic
zone is defined as the depth, where light intensity reaches 1% of its value at the
ocean’s surface (Sarmiento and Gruber, 2006). If phytoplankton is transported below
the euphotic zone, for example in winter, when the mixed layer is thicker than the
euphotic zone, no photosynthesis can take place. When the mixed layer reaches
depths larger than the euphotic zone, phytoplankton will stay out of sufficient light
levels for too long and quickly die out (Sarmiento and Gruber, 2006).
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Organic matter is considered to have approximately constant stoichiometric ratios
of the elements it is built from. These ratios, called Redfield ratios, can be measured
and are widely used in oceanic biogeochemistry models. Redfield et al. (1963)
proposed a stoichiometric ratio for organic matter in phytoplankton and oxygen
demands for remineralisation of P:N:C:O2 equal to 1:16:106:− 138. Here the value
for O2 is negative, as oxygen is needed in the case of remineralisation to form CO2.
On the other hand O2 is released during the organic matter formation process as
byproduct of CO2 assimilation (Warneck and Williams, 2012). The ratio is based on
the stoichiometric formula of the composition of marine phytoplankton:

106 CO2 + 16 HNO3 + H3PO4 + 122 H2O −−⇀↽−− (CH2O)106(NH3)16(H3PO4) + 138 O2

(R 2.44)
where the reaction pathway from left to right is associated with organic matter
production by photosynthesis, and the reaction pathway from right to left with
remineralisation (Sarmiento and Gruber, 2006). More recent observations suggest
lower O and H values in phytoplankton organic matter, resulting in more oxygen
needed for respiration. Takahashi et al. (1985) propose stoichiometric ratios of
P:N:C:O2 of 1:16:122:− 172. This stoichiometry represents the remineralisation in
depths below 400m (Sarmiento and Gruber, 2006).

The chemical composition of seawater depends on advection of chemical elements,
biological production—determined by PAR and nutrients abundance—, and the
efficiency of the biological pump. A diagram of interactions between nutrients (N),
phytoplankton (P), zooplankton (Z), and detritus (D) in the NPZD-type ecosystem,
extended by a pool of dissolved organic matter (DOM), as implemented in the
HAMburg Ocean Carbon Cycle model (HAMOCC; Six and Maier-Reimer, 1996;
Maier-Reimer et al., 2005; Wetzel et al., 2005) model, is shown in Fig. 2.3.

Nutrients are transported into the ocean’s surface layer by advection, from up-
welling, or external import from the atmosphere or from rivers. Phytoplankton uses
available nutrients during the process of photosynthesis, powered by available light
from solar radiation, to produce organic matter. Exudation from phytoplankton is
added to DOM, dead phytoplankton goes into the detritus pool. Phytoplankton is
grazed on by zooplankton, which imposes a top-down control on the NPZD-type
system. A fraction of the total grazing is ingested by zooplankton to maintain life
and partly leads to zooplankton growth. The remaining fraction is egested in form of
fecal pellets and added to the detritus pool. Excretion from zooplankton is recycled
in the euphotic zone to nutrients via remineralisation of DOM. At the end of its
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Figure 2.3: Schematic of the NPZD-type ecosystem as implemented in HAMOCC.
Rectangles represent pools of nutrients (N), phytoplankton (P), zooplankton (Z),
detritus (D), and dissolved organic matter (DOM). Processes causing changes
of the pools are indicated by arrows. Broken arrows represent sinking from
the euphotic zone (black pools and processes) to deep water (gray pools and
processes). Interactions with the sediment are not shown. For details on the
biogeochemical cycle, see the text.

lifetime zooplankton is partly remineralised into nutrients, the other part is added
to the detritus pool. Remineralisation of DOM to dissolved inorganics in form of
nutrients involves bacterial consumption of DOM and is called the microbial loop.

Phytoplankton and zooplankton are subject to sinking. Below the euphotic zone
not enough light is available to maintain photosynthesis and phytoplankton dies.
Because of the limited availability of phytoplankton to graze on, zooplankton also
dies. Dead organic matter is added to the detritus pool, which is also subject to
sinking. Below the euphotic zone DOM and detritus are transformed to nutrients
via aerobic remineralisation.

Even when not sufficient oxygen is available, detritus can be remineralised via
anaerobic remineralisation. This process includes bacteria reducing nitrate in aqueous
phase (NO–

3) to nitrogen (N2). Nutrients from the deep ocean are advected to surface
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waters by upwelling. Finally organic and inorganic matter in the deep ocean are
subject to sedimentation (not shown in the figure). On longer time scales (millennia),
dissolution from sediments has also to be considered a significant source of nutrients.

Photosynthesis is associated with the production of opal and calcite shells. Via
production and dissolution of shell material from living and dead organisms, this
process controls silicic acid (Si(OH)4) and calcium carbonate (CaCO3) concentration
in the ocean water. Production and dissolution of CaCO3 lowers or rises dissolved
inorganic carbon (DIC) concentration, respectively. These processes influence the
total alkalinity.

As all organisms and dead organic matter are subject to sinking, there is a
transport of carbon to deeper water layers, called the biological pump. This has a
big impact on the terrestrial carbon cycle, transporting efficiently carbon to deeper
water and determining concentrations and alkalinity in the surface layer, and in this
way uptake of atmospheric carbon in form of CO2.

2.4 Exchange of chemical compounds between ocean
and atmosphere

2.4.1 Air-sea gas exchange

Gas exchange at the interface between ocean and atmosphere has gained large
scientific attention in the last decades, because of its impacts on biogeochemical cycles
in the Earth system. Air-sea gas exchange influences the atmospheric composition
of gases relevant in radiative transfer or acting as precursors for ozone and aerosol
formation.

The magnitude and direction in flux of a gaseous compound between ocean and
atmosphere depends on many factors. These factors can be divided into kinetic
forcings and thermodynamic forcings (Wanninkhof et al., 2009). Kinetic forcings act
directly on the gas transfer (gas transfer velocity), whereas thermodynamic forcings
determine the concentrations of the gaseous compound in the lower atmosphere and
the upper ocean.

The air-sea flux F (in mol (m2 s)−1) of slightly soluble nonreactive gases can be
expressed as product of a kinetic forcing function called the total transfer velocity
Ktot (in m s−1) and a thermodynamic driving potential ∆cwg. The thermodynamic
driving potential is the difference between the molar concentration of the gas in the
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well mixed upper water layer, cw, and the molar concentration of the gas in the gas
phase at the water surface, cg (both in molm−3; Liss and Slater, 1974; Wanninkhof
et al., 2009):

F = Ktot∆cwg = Ktot(cw − cg). (2.1)

The kinetic forcing factors affecting the transfer velocity, are wind, surface friction
velocity, wave slope, and boundary layer dynamics. The surface friction velocity
depends on the atmospheric stability. The wave slope is determined by fetch, wind
direction, and surfactants influencing the ocean surface. The boundary layer dynamics
includes microbreaking and bubbles (Wanninkhof et al., 2009).

Thermodynamic forcing factors determine the difference in molar concentrations
on the water and gas phase side. These forcings include temperature, transport, and
biology.

Air-sea gas exchange can be—depending on the solubility and reactivity of the
gas in water—controlled by air side or water side processes. Gases which have a high
water solubility or which react rapidly in water, are controlled by air side processes
and not by hydrodynamic processes in the water (Wanninkhof et al., 2009). The
contribution of air side and water side processes to control total transfer velocity can
be expressed in the two-layer model by Liss and Slater (1974) as resistances against
air-sea exchange on the water and gas phase side (Liss and Slater, 1974; Pozzer et al.,
2006):

Ktot = (Rw +Rg)−1 =
(

1
αKw

+ kH RT

Kg

)−1

, (2.2)

with Kw and Kg being exchange velocities on the liquid phase side and the gas phase
side, respectively (both in m s−1). α is a fractional increase of the exchange velocity
due to chemical reaction in the solution, kH is Henry’s Law coefficient expressing solu-
bility of the gas in water (in mol (m3 Pa)−1), R = (8.314 462 1± 0.000 007 5) J (molK)−1 [1]

is the gas constant, and T is the actual temperature in K. In the two-layer model,
the transfer rate is limited by molecular diffusion through a thin water film at the
air-sea interface layer.

For slightly soluble nonreactive gases, transfer velocities are controlled by aqueous
phase hydrodynamics (Wanninkhof et al., 2009). O2, CO2, and N2O are examples
of water side controlled gases. Water vapour, O3, and SO2, on the other hand, are
highly soluble in water or, in the case of SO2, react rapidly in water, and therefore
are not controlled by hydrodynamics, but air side processes. DMS is a gas with an

[1]Mohr et al. (2012)
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intermediate behaviour, it is controlled approximately 10% by air phase and 90%
water phase (Wanninkhof et al., 2009). In practical applications, the transfer velocity
is taken from field measurements and laboratory studies, and related to wind speed
as the main energy input for driving air-sea gas exchange. Parameterisations for the
transfer velocity are derived empirically from the functional form (Wanninkhof et al.,
2009):

Ktot = aScliq
−n f(Q,L, ν), (2.3)

which includes a model dependent constant a, a dependence on diffusivity DX
n

(1/2 < n < 2/3) expressed in terms of the Schmidt number Scliq = ν/DX, and a
model dependent function f(Q,L, ν). Here Q is a velocity scale, L is a length scale,
and ν is the kinematic viscosity of water.

From the above relationship, different parameterisations have been developed
relating transfer velocity to the wind velocity U . These parameterisations are
proportional to Um, where m > 1 (for an overview, see e.g. Wanninkhof et al., 2009),
because wind directly is not the driver of air-sea gas exchange, it rather affects
turbulence at the interface layer (Wanninkhof et al., 2009). At least for the open
ocean, wind stress is the main turbulence input, and hence controls air-sea gas
exchange. In practice the 10-metre wind velocity U10 is used to describe wind stress
in the parameterisations.

The relationship between 10-metre wind and wind stress varies depending on
ocean surface conditions, like wave state, boundary layer stability, and surfactants
(Wanninkhof et al., 2009). In the case of surfactants, studies show a large uncertainty,
because they can inhibit as well uptake as outgassing, depending on the region of
the ocean, which has profound effects on the global budget, especially of CO2 fluxes.
Other factors influencing air-sea gas exchange are bubbles forming in dependence
of the ocean’s wave state and increased turbulence in presence of rain. Bubbles are
generally considered to play an important role, anyway the magnitude of the effects
of bubbles on gas transfer are an area of active research (Wanninkhof et al., 2009).
Turbulence induced by rain has a large effect on the transfer velocity, in particular
on the local scale in regions with heavy rainfall. On the global scale, however, the
effect on CO2 flux is estimated to be less than 5% (Wanninkhof et al., 2009).

Parameterisations for the functional dependence of the wind speed and transfer
velocity have been derived from measurements using different techniques. Deriving
the parameterisation for the bulk flux F on regional scales from field measurements
and laboratory studies implies the need for upscaling the measurements. The
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parameterisation is also dependent on the time span, over which the mean wind is
calculated. The derived parameterisations are generally normalised to a Schmidt
number of 660, which is the value of ScCO2

at a temperature of 20 ◦C. The transfer
velocity of the gas under investigation can then be obtained by scaling with a factor
of (Scliq660 )−n (cf. Equation 2.3), using the actual Schmidt number Scliq of the gas at
the actual temperature.

In this study, the empirical parameterisation of Wanninkhof (1992) is used, which
relates the transfer velocity at Schmidt number of 660 to the square of the mean
10-metre wind and includes short term variability in the wind speed (which lowers
the factor in the parameterisation from 0.39 to 0.31):

K660 = 0.31U10
2. (2.4)

This is supported by theory, which relates the wind stress, τ , to the quadratic wind
velocity:

τ = ρair Cd U10
2, (2.5)

with ρair being air density (in kgm−3) and Cd the dimensionless drag coefficient.
This results in a transfer velocity K which is proportional to the quadratic wind
velocity:

K ≈ aU10
2, (2.6)

with an empirically determined constant a (Wanninkhof et al., 2009).

Practically all available parameterisations of transfer velocity are derived from
measurements or laboratory studies. Although there have been advances in deter-
mining important factors impacting transfer velocity, these factors have not been
fully included in the air-sea gas exchange models. In fact it is not clear, if the
incorporation of more complex factors influencing forcings at the sea surface gives
better estimates of air-sea fluxes than the simple parameterisations with wind speed
only (Wanninkhof et al., 2009). The parameterisation, based on the theoretical
background described in this subsection, used in ECHAM/MESSy Atmospheric
Chemistry (EMAC; Jöckel et al., 2005, 2006, 2010) including the AIRSEA submodel
(Pozzer et al., 2006) is explained in more detail in Section 3.5.
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2.4.2 Chemical import from rivers

Coastal ocean areas are an important factor in oceanic biogeochemistry. These
continental shelf seas cover about 8% of the total ocean surface area (Bernard
et al., 2010) and are characterised by biological productivity larger than that of the
average oceanic surface waters (Ver et al., 1999). This high primary production rates
are attributed to the high abundance of nutrients in coastal seawater, caused by
resuspension from the sediments, import from rivers, and advection of nutrient rich
water in the coastal upwelling regions.

Human activities impact the coastal zone directly and indirectly. As all regions
on Earth, the coastal zone is impacted by changing atmospheric composition, mainly
caused by fossil fuel combustion, and increasing surface temperatures. The direct
impacts of human activities are deforestation and land use change, enhancing nutrient
and sediment input to the coastal zone, usage of fertilisers and pesticides, accompanied
by import of these substances to the coastal zone by groundwater and river fluxes,
and discharge of sewage and detergents, via rivers or directly into the coastal zone
(Ver et al., 1999).

Nutrient concentrations and composition of riverwater depends on the character-
istics of the river network and have changed by human activities (Cotrim da Cunha
et al., 2007; Mayorga et al., 2010). Processes impacting the river can be proportional
of population density in the river catchment, this holds for nutrients stemming from
sewage and detergent inputs to the river. Other processes scale with other factors,
like changes in nutrient inputs stemming from fertiliser usage and changed land
usage. Damming of rivers impacts sediment transport due to changed flow rate, but
also influences silicon (Si) fluxes by enhanced diatom blooms in stagnant waters
(Jickells, 1998).

The impact of oceanic biogeochemistry and gas exchange on atmospheric chemistry
in coastal areas is important, as atmospheric chemistry there is also impacted by
direct anthropogenic emissions.

2.4.3 Chemical import from the atmosphere

Deposition of mineral aerosol (“dust”) is the main input of iron to the open ocean
(Martin et al., 1991; Jickells et al., 2005; Boyd et al., 2007). Iron is an important
micronutrient for phytoplankton, needed for biological production during photosyn-
thesis. Limitation of phytoplankton growth in large areas of the ocean is related
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to limited iron supply (Jickells et al., 2005), also limitation of primary production
by biologically available iron in high nutrient low chlorophyll (HNLC) regions was
confirmed (Fung et al., 2000).

Iron supply to surface ocean waters via aeolian dust input depends on many
processes in the Earth system. Starting with the emission at source regions, mainly
located in the Northern Hemisphere, mineral aerosol is advected in the atmosphere
by wind, moist and dry convection, and adiabatic vertical motion (Mahowald et al.,
2005). Deposition of dust depends on the processes of dry and wet deposition.
Close to the source regions the process of sedimentation due to gravity dominates
deposition of dust, affecting larger particles more efficiently (Mahowald et al., 2005).
Precipitation scavenging is the other deposition mechanism, whose efficiency also
depends on aerosol size (Jickells et al., 2005). However, the interactions of dust and
clouds are not well understood.

The chemical composition of dust depends on the source region. Despite of its
variability, often an iron content of 3.5% in mineral aerosol is used, representing the
average iron content in Earth’s crust (Mahowald et al., 2005). Not all of the iron
contained in mineral aerosol is soluble in seawater. The solubility of iron is altered
during atmospheric transport via photoreduction of Fe III to Fe II and processing in
clouds, depending on acidity (Jickells et al., 2005). Dust deposition is also a source
of various other substances to the surface water, but iron supply is the limiting factor
to biological production in many ocean areas.

Atmospheric nitrogen input to the ocean potentially determines the availability of
nitrogen for ocean productivity (Paerl, 1997). This effect can contribute to one third
of new production in coastal areas and the open ocean (Spokes et al., 2000), when the
most limiting nutrient for phytoplankton growth is NO3. High nitrogen deposition in
polluted coastal areas and the Atlantic Ocean, stemming from anthropogenic sources
have been simulated (Tost et al., 2007b). Atmospheric nitrogen chemistry is highly
influenced by anthropogenic emissions, which provides an impact of human activity
to the marine ecosystem (Spokes et al., 2000).



Chapter 3

Description of the model system

In this study the chemistry climate model (CCM) ECHAM/MESSy Atmospheric
Chemistry (EMAC; Jöckel et al., 2005, 2006, 2010) is used to simulate atmospheric
dynamics and chemistry. The used version of EMAC is based on development cycle
2 of the Modular Earth Submodel System (MESSy; Jöckel et al., 2010) (Jöckel et al.,
2010). An atmosphere general circulation model (A-GCM) setup of EMAC—i.e. with
all processes related to atmospheric chemistry switched off—was successfully coupled
to the ocean general circulation model (O-GCM) Max Planck Institute Ocean Model
(MPIOM; Marsland et al., 2003; Jungclaus et al., 2006) via the MESSy interface,
forming an atmosphere-ocean general circulation model (AO-GCM) by Pozzer et al.
(2011).

In order to follow the vision of the MESSy developers, providing “the headstone for
further model extensions from a CCM towards a comprehensive earth system model
(ESM)” (Jöckel et al., 2010), in this study the extension of the CCM EMAC into
an atmosphere-ocean chemistry climate model (AO-CCM) is presented. The model
system now includes—in addition to the coupled atmospheric and oceanic dynamics—
atmospheric chemistry, oceanic biogeochemistry, and the “online” calculated exchange
of trace gases between ocean and atmosphere. Sensitivity studies quantifying the
impact of air-sea gas exchange under different forcings on the oceanic biogeochemistry
(Chapter 4) and a study determining reasonable parameters for closure of subgrid
cloud-related processes to simulate stable climatic conditions on decadal time scales
(Chapter 5) are presented, to demonstrate the applicability of the novel model system
to scientific questions.

39
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The following sections in this chapter give an overview of the specific parts of the
model system and their setups. The methods for coupling between the atmospheric
and oceanic domains will be presented, as well as the implementation of additional
processes affecting oceanic biogeochemistry.

3.1 The Modular Earth Submodel System

Coupled AO-GCMs are widely used in climate research to study the past and current
climate as well as projected future scenarios. AO-GCMs are composed of an A-GCM
and an O-GCM, which exchange momentum, energy, and water mass between the
oceanic and atmospheric domain at their interface. Including more components in
the model system—e.g. chemical and biogeochemical components, vegetation models,
etc.—expand the coupled AO-GCM towards an ESM. There is no strict definition
when to start calling the model system ESM in terms of complexity and inclusion of
processes in the model system (Collins et al., 2011). Furthermore there is no general
rule from how many or which components an Earth system model should be built,
and how this components are coupled.

Many approaches start by coupling atmosphere and ocean to form an AO-GCM
via an external coupler, which coordinates the exchange of boundary conditions
between the model components (e.g. Collins et al., 2006; Wetzel et al., 2006). The
components of this coupled model system are running in parallel, usually as separate
tasks. In that way, using a flexible external coupler (see Valcke et al., 2012, for a
review of coupling techniques in ESMs), additional Earth system components, like a
surface and vegetation model, can be added during ongoing model development.

Another approach is an internal coupling strategy, where coupling is included
in the model system (e.g. Collins et al., 2005; Gent et al., 2011). In these setups
the components are compiled into one executable and share the same parallel
decomposition topology (Pozzer et al., 2011).

Both approaches of coupling are based on the concept of operator splitting
(Janenko, 1969; Marchuk, 1971). Operator splitting is a method to divide the
temporal evolution of a state variable into smaller steps. In terms of a partial
differential equation, the changing of the state variable u with time t can be expressed
as:

∂u

∂t
= Lu, (3.1)
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with an operator L, which can be written as linear sum of m pieces (Press et al.,
2007, Section 20.3.3). Equation 3.1 can then be written as:

Lu = L1 u+ L2 u+ · · ·+ Lm u. (3.2)

In an ESM, the m pieces of the operator correspond to m different processes
acting on the state variable u. For each of these processes it is known, how the
state variable u has to be updated from time step n to time step n + 1. These
known updates of the state variable u are performed sequentially. Each process (or
operator) is calculating a tendency of the state variable u, which is updated with
this tendency and then passed to the next process until all processes have updated
the state variable and the model advances to the next time step. In that way, using
an operator splitting approach, the update of the variable u is not calculated in one
step, but rather as sequence of multiple (m) steps, with multiple processes expressed
as operators (Jöckel, 2012).

ESMs can be thought of being built up from many processes (operators), which
update state variables to advance the models system to the next time step. The
complexity of such a processes can vary between different model systems and different
processes of a model system. An ESM built up from different models for the different
domains, coupled via an external coupler, has a coarse granularity. Each model can
be thought of as one piece of the operator, despite of model internal implementations,
which are based on the operator splitting approach. Providing a framework for the
model time stepping and the representation of state variables, one can built an ESM
with a much finer granularity, composed of submodels each describing one process of
the natural system and the resulting update of the state variables.

The MESSy interface[1] (Jöckel et al., 2005) provides and implements a standard for
coupling at a process based scale. It provides the possibility to couple representations
of processes (called submodels) to a model system. All dynamical and chemical
processes (submodels) can be connected in a flexible manner and switched on or
off independently from each other. Submodels of processes can also be replaced by
submodels implementing the same processes in a different way. The user interface via
namelists provides a powerful tool for changing model parameters of the submodels
and for switching processes on or off with no need to recompile the model code at
changes in the model setup. In that way the model system can be used in various
scientific applications—ranging from the Quasi Chemistry-Transport Model (QCTM)

[1]http://www.messy-interface.org/ (last accessed: 01.07.2013)

http://www.messy-interface.org/
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mode (Deckert et al., 2011), over CCM (Jöckel, 2006), to AO-GCM (Pozzer et al.,
2011)—, depending on the setup of the model system, the used submodels, and the
included feedbacks between the active submodels.

Using the MESSy interface specifications, the atmospheric chemistry climate
model EMAC was developed (Jöckel, 2006). It includes atmospheric dynamical
processes from the general circulation model ECHAM5 re-implemented as submodels
and couples additional submodels for atmospheric chemical processes.

Whereas the development of EMAC was strongly based on a base model (ECHAM5)
(Jöckel, 2006), the vision was formulated, to form a comprehensive ESM, where all
processes are implemented as (a multitude of) submodels and “a base model which
contains only a central clock and runtime control” (Jöckel et al., 2005). The second
development cycle of the Modular Earth Submodel System (MESSy2; Jöckel et al.,
2010) follows this vision by providing an extended and base model independent infras-
tructure for the coupling of submodels. The MESSy infrastructure provides generic
(base model independent) submodels for time control (TIMER), for submodel control
(SWITCH, CONTROL), for memory management and data output (CHANNEL),
for management of prognostic variables including constituents (TRACER (Jöckel
et al., 2008, 2010)), for data import and re-discretisation (IMPORT, NCREGRID),
and for grid-transformation (GRIDTRAFO).

A schematic representation of the model system as used in this study is given in
Figure 3.1. The model system can be visualised as consisting of four domains (rect-
angles), atmospheric physics, atmospheric chemistry, oceanic physics, and oceanic
biogeochemistry. Between these domains couplings exist (open arrows). Processes of
the domains as well as of the couplings are implemented as submodels (ellipses) obey-
ing the MESSy interface standard (as indicated with the filled arrows for the coupling
processes). The MESSy interface also provides infrastructural submodels (abstracted
as the central rounded rectangle), which interact with other submodels (indicated for
some of the submodels with filled arrows). The Figure shows the schematic of the
model system configuration as used in this study. Several submodels are involved in
atmospheric dynamics and atmospheric chemistry (for an overview of the submodels
used in this study, see Table 3.1). The coupling between atmospheric dynamics and
atmospheric chemistry is introduced in EMAC via the submodels RAD4ALL, H2O,
and MSBM (Deckert et al., 2011). The RAD4ALL submodel calculates atmospheric
radiative transfer depending on atmospheric chemical composition. The H2O sub-
model synchronises the water (H2O) tracer used in the atmospheric chemistry and
the specific humidity used in the atmospheric dynamics sub-domain of the model
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Figure 3.1: Schematic overview of the model system. The four sub-domains in-
cluded in the model system (rectangles) are build up from different submodels
(ellipses). Between the sub-domains couplings exist (open arrows) via submodels,
implementing the MESSy interface standard and interact with structural sub-
models (abstracted as central rounded rectangle; interactions are indicated as
filled arrows for some of the submodels). See text for details on the model system
and coupling between sub-domains.

system. The MSBM submodel accounts for polar stratospheric clouds (PSCs) and
associated heterogenous reactions, as well as dehydration and denitrification in the
stratosphere, changing the H2O and nitric acid (HNO3) distributions.

Ocean dynamics was included in the MESSy infrastructure by Pozzer et al.
(2011), implementing MPIOM as MESSy conform submodel. An implementation
of the HAMburg Ocean Carbon Cycle model (HAMOCC; Six and Maier-Reimer,
1996; Maier-Reimer et al., 2005; Wetzel et al., 2005) as submodel to be used to
calculate oceanic chemical composition depending on oceanic biogeochemistry has
been developed in this study. Ocean dynamics and ocean chemistry are coupled via
the submodel OTPHYSC (Ocean Tracer PHYsiCs), providing transport of chemical
tracers conform to ocean dynamics. The coupling between ocean and atmosphere
involves grid transformations performed by the A2O (Pozzer et al., 2011) submodel



44 3.1. The Modular Earth Submodel System

name description reference(s)
A2O coupling between atmosphere and ocean Pozzer et al. (2011)
AIRSEA air-sea gas exchange Pozzer et al. (2006)
CLOUD ECHAM5 cloud scheme Roeckner et al. (2006); Jöckel et al.

(2006)
CONVECT convection Tost et al. (2006b)
CVTRANS convective tracer transport Tost (2006)
DDEP dry deposition Kerkweg et al. (2006a)
GWAVE non-orographic gravity waves Hines (1997a,b); Manzini and McFar-

lane (1998); A. Baumgaertner, pers.
comm.

H2O stratospheric water vapour and feedback Jöckel et al. (2006); Lelieveld et al.
(2007)

HD hydrological discharge Hagemann and Dümenil (1998); A.
Pozzer, pers. comm.

HAMOCC oceanic biogeochemistry Maier-Reimer et al. (2005); Wetzel et al.
(2005); A. Pozzer, pers. comm.; this
study, Section 3.3, Appendix A

JVAL photolysis rates Landgraf and Crutzen (1998); Jöckel
et al. (2006); R. Sander, pers. comm.

LNOX lightning nitrogen oxides (NOx) Grewe et al. (2001); Tost et al. (2007b);
Jöckel et al. (2010)

M7 aerosol microphysics Vignati et al. (2004); Stier et al. (2005);
Kerkweg et al. (2008); Gläser et al.
(2012)

MECCA tropospheric and stratospheric chem-
istry

Sander et al. (2011)

MPIOM ocean dynamics Marsland et al. (2003); Jungclaus et al.
(2006); Pozzer et al. (2011)

MSBM multi-phase stratospheric box model Jöckel et al. (2010)
OFFEMIS offline emissions Kerkweg et al. (2006b)
ONEMIS online emissions Kerkweg et al. (2006b)
OTPHYSC oceanic tracer physics A. Pozzer, pers. comm.; this study,

Section 3.6, Appendix B
RAD4ALL ECHAM5 radiation scheme Roeckner et al. (2006); Jöckel et al.

(2006)
SCALC simple calculations this study, Section 3.7, Ap-

pendix C
SCAV scavenging Tost et al. (2006a)
SEDI sedimentation Kerkweg et al. (2006a)
TNUDGE tracer nudging Kerkweg et al. (2006b)
TROPOP tropopause and diagnostics Jöckel et al. (2006)

Table 3.1: MESSy submodels used in this study.
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(see also Section 3.4). The chemical coupling between ocean and atmosphere via
air-sea gas exchange is implemented by the submodel AIRSEA (Pozzer et al., 2006;
see also Section 3.5).

3.2 Atmosphere

The EMAC model is a numerical model system, consisting of submodels for simulating
tropospheric and middle atmospheric (stratospheric and mesospheric) dynamical and
physical processes, and their interaction with oceans, land, and human influences
(Jöckel et al., 2010). The model system used in this study is based on version 2 of
the MESSy interface and the 5th generation of European Centre HAMburg general
circulation model (ECHAM; Roeckner et al., 2003, 2006; version 5.3.02). Simulations
are performed, using a spherical truncation of T42, corresponding to a quadratic
Gaussian grid spacing of approximately 2.8°× 2.8° in latitude and longitude. In the
vertical dimension 47 hybrid pressure levels are used, extending from Earth’s surface
up to a pressure of 0.01 hPa (at the mid of the top model layer).

Atmospheric chemistry is calculated using the MESSy submodel MECCA (Module
Efficiently Calculating the Chemistry of the Atmosphere; Sander et al., 2005, 2011).
The comprehensive atmospheric chemistry follows Jöckel et al. (2010), with the
exception of mercury, which is not included in the chemical mechanism used in the
present study.

Atmospheric aerosol is simulated using the implementation of the microphysical
aerosol model M7 (Vignati et al., 2004) as MESSy submodel (Kerkweg et al.,
2008). The aerosol model uses seven aerosol classes, representing nucleation, Aitken,
accumulation, and coarse mode for soluble particles and Aitken, accumulation, and
coarse mode for insoluble particles. The simulated aerosol consists of mineral dust,
black carbon, primary organic carbon, sulphate, and sea salt. The aerosol model
represents the processes of nucleation, accumulation, and condensation of sulphuric
acid. Scavenging, dry deposition, sedimentation, and wet deposition of aerosols are
not included in the microphysical aerosol model and calculated via the submodels
DDEP (Dry DEPosition; Kerkweg et al., 2006a), SEDI (SEDImentation; Kerkweg
et al., 2006a), and SCAV (SCAVenging; Tost et al., 2006a), respectively.

For the sensitivity study using “online” calculated dust deposition (Section 4.4),
the dust emission scheme after Tegen et al. (2002) is used, implemented in EMAC
by Gläser et al. (2012) into the ONEMIS (ONline tracer EMISsions; Kerkweg et al.,
2006b) submodel. The total dust deposition flux is summed up from partial dust
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deposition fluxes calculated by the submodels DDEP, SEDI and SCAV via a newly
implemented submodel SCALC (Simple CALCulations) and then passed to the
oceanic domain. Details on the inclusion of online calculated dust deposition fluxes
in the model system are presented in Section 3.7.

For calculation of radiative transfer the radiation submodel RAD4ALL is used,
which is a re-implementation of the original ECHAM5 radiation scheme (Roeckner
et al., 2006) as MESSy submodel. The radiation code is coupled interactively to
online calculated fields provided from various submodels. These fields are cloud
water, cloud ice, and fractional cloud cover (submodel CLOUD), prognostic specific
humidity (submodels H2O, MSBM), radiatively active chemical compounds (CO2,
O3, CH4, N2O, CFC-11, and CFC-12; submodel MECCA) and aerosols (internal
Tanre climatology; Tanre et al., 1984) in the atmosphere.

For this study time-slice experiments with prescribed greenhouse gas conditions
at year-2000 levels were performed. To decouple atmospheric dynamics from atmo-
spheric composition, the QCTM mode (Deckert et al., 2011) is used in the simulations.
In this mode, the radiation scheme operates with the identical (offline) prescribed
atmospheric composition for the relevant chemical species in every sensitivity simula-
tion. In this way, the meteorological situation at a given time is identical in every
single simulation, independent of the altered atmospheric composition caused by
changed emissions. This allows for the identification of small signals in atmospheric
chemical composition, otherwise masked by changed atmospheric dynamics.

To operate the model system in QCTM mode, a preparatory model simulation
has to be performed with output of monthly mean fields of atmospheric concentra-
tions of carbon dioxide (CO2), methane (CH4), ozone (O3), nitrous oxide (N2O),
CCl3F (trichlorofluoromethane, CFC-11), CCl2F2 (dichlorodifluoromethane, CFC-
12), HNO3, and HNO3 in NAT phase (HNO3nat). These tracer fields are used in
subsequent simulations to calculate atmospheric radiative transfer (in case of CO2,
CH4, O3, N2O, CFC-11, and CFC-12) in the RAD4ALL submodel. This ensures,
that radiative transfer is equal in space and time in all model simulations using the
offline provided tracer fields, and in this way all model simulations experience the
same feedback on atmospheric dynamics.

Offline provided total HNO3 (the sum of the tracers HNO3 and HNO3nat) is
used to calculate water vapour tendencies, particle radii, and thermodynamic phase
of PSCs in the MSBM submodel (Deckert et al., 2011). That gives consistent
H2O tracer fields in all sensitivity experiments, as all simulations are subject to
the same processes and regions of PSC occurrence. Further the H2O submodel is
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configured to use climatological H2O tendencies to account for stratospheric methane
oxidation, ensuring consistent feedbacks on the model system’s specific humidity
for all sensitivity experiments. The model constraints are limited to the dynamical
part of the model, suppressing any feedbacks from model chemistry on the model
system’s dynamics. Further details on the QCTM mode in the EMAC model can be
found in Deckert et al. (2011).

3.3 Ocean

Version 1.3 of MPIOM (Marsland et al., 2003; Jungclaus et al., 2006) in an implemen-
tation as MESSy submodel (Pozzer et al., 2011) is used. The oceanic biogeochemistry
model HAMOCC5.1 (Maier-Reimer et al., 2005; Wetzel et al., 2005) is coupled to
the model system via the MESSy interface in this study.

MPIOM is an O-GCM based on the Boussinesq approximated primitive equations
for a hydrostatic fluid with a free surface, discretised on a horizontal staggered
Arakawa C-grid with velocity components residing on the centres of the grid-cell
edges (Arakawa and Lamb, 1977) and a vertical z-coordinate (Marsland et al., 2003).
The model setup uses a bipolar orthogonal curvilinear grid with shifted poles, one
located at 72°N, 40°W over Greenland and the other one located at 84° S, 60°E
over Antarctica. The ocean grid GR30 has an average grid spacing of 3.0°× 3.0° in
latitude and longitude. In the vertical dimension the model operates on 40 unevenly
spaced levels, reaching down to 6000m. Bathymetry is resolved using partial grid
cells.

The subgrid-scale parameterisations include bottom boundary layer slope con-
vection (Marsland et al., 2003) and isopycnal diffusion (Redi, 1982; Gent et al.,
1995; Griffies, 1998). Vertical eddy viscosity is parameterised using a Richardson
number dependent mixing term following Pacanowski and Philander (1981) with
additional near surface wind mixing proportional to the cubed 10-metre wind speed,
decaying exponentially with depth (Marsland et al., 2003). An operator splitting
method is used for time-stepping, momentum advection of tracers is done by a mixed
central-difference and upstream integration scheme (Marsland et al., 2003).

External forcing at the ocean surface is provided by heat, freshwater, and mo-
mentum fluxes. Freshwater input from rivers to the ocean is calculated by an
implementation of the HD (Hydrological Discharge) model (Hagemann and Dümenil,
1998) as MESSy submodel. River discharge is calculated from drainage and runoff
provided by atmospheric submodels and passed to the ocean via summation to the
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freshwater forcing field. Tracer dilution by freshwater discharge in the oceanic tracer
field is included in the OTPHYSC submodel. In OTPHYSC an extension has been
developed in this study, to add molar tracer concentrations to the freshwater flux
from the HD submodel. Section 3.4 gives some details on the forcing at the air-sea
interface provided via the MESSy infrastructure. Details of nutrient input to the
ocean by river discharge are described in Section 3.6. Further details of the ocean
and sea ice model can be found in Marsland et al. (2003).

HAMOCC operates on the same grid and at the same time step as the O-GCM
and is coupled to the ocean model dynamics. For application of HAMOCC in the
MESSy framework, it was re-implemented as submodel in this study.

Oceanic tracers are set-up using the generic MESSy submodel TRACER. Oceanic
tracer fields are represented at the same horizontal and vertical grid as used by the
O-GCM. For advection, convection, diffusion, and dilution of oceanic tracers the
MESSy submodel OTPHYSC is used. The MESSy based oceanic tracer fields are
subject to the same processes as the generic tracers in the original HAMOCC model.
The same advection scheme for oceanic tracers in HAMOCC as for salinity and
temperature in MPIOM is used.

HAMOCC includes an ecosystem of the NPZD-type extended by a pool of dissolved
organic matter (DOM) (Six and Maier-Reimer, 1996; Maier-Reimer et al., 2005),
i.e. it is based on the functional groups nutrients, phytoplankton, zooplankton,
detritus, and DOM. An overview of interactions between the different compartments
of the ecosystem model is given in Fig. 2.3. The nutrient pool is composed of
orthophosphate (PO3–

4 ), nitrate in aqueous phase (NO–
3), silicic acid (Si(OH)4), and

iron (Fe). The model includes processes for denitrification and nitrogen fixation,
formation of calcium carbonate (CaCO3) and opaline shells, dimethyl sulphide
((CH3)2S, DMS) production, dissolved iron uptake, dust deposition, and sinking
(Wetzel et al., 2005). Phytoplankton is assumed to be implicitly composed of
two types. One type (diatoms) producing opal and growing fastest, when silicate is
available, and the other type (coccolithophorides) producing calcite up to a maximum
fraction of total photosynthesis (Maier-Reimer et al., 2005). Biological production,
with changes in the phosphorous pool and production of calcium carbonate is
associated with uptake of dissolved organic carbonate and directly impacts alkalinity.
Inorganic carbon chemistry is represented according to Maier-Reimer and Hasselmann
(1987). Ocean surface concentrations of CO2 are calculated from the prognostic
variables temperature, salinity, dissolved inorganic carbon, and total alkalinity.



3. Description of the model system 49

The sediment module follows the approach of Heinze and Maier-Reimer (1999)
and contains pore water and solid sediments. Sediments and their interaction with
the bottom layer ocean water via processes like dissolution from sediments and burial,
however, only become relevant on very long time scales (more than 1000 years).

The implementation of the HAMOCC submodel is based on an updated version
of HAMOCC5.1 (Maier-Reimer et al., 2005), comparable to a model version used
in Assmann et al. (2010). For an updated model description of HAMOCC see also
Ilyina et al. (2013). However, because of some deviations in the implementation as
MESSy submodel, some general details and main differences between the original
release as described in Maier-Reimer et al. (2005) and the version used in this study
are discussed below. Table 3.2 lists an overview of the parameters used in this study
for the oceanic biogeochemistry model. A compilation of all model parameters in the
HAMOCC submodel available via user namelist, and their default and used values,
can be found in Appendix A.

The original HAMOCC model consists of three different parts of the carbon cycle.
It is implemented to simulate the carbon cycle of air, water and sediment, as well
as the interactions between them. The atmospheric component of HAMOCC is
a simple diffusive slab atmosphere for the calculation of changes in atmospheric
tracer concentrations of CO2, O2, and N2. The model also contains a module for the
calculation of air-sea gas exchange for these tracers. As we intend to use the model
only coupled to an atmospheric chemistry model, this part was not implemented in
the MESSy submodel version of HAMOCC and is not described further. Air-sea gas
exchange in the EMAC model is simulated using the submodel AIRSEA, which is
explained in more detail in Section 3.5.

Two coupling processes to the atmospheric domain exist, which are not simulated
by the AIRSEA submodel but are directly accounted for in HAMOCC: (1) Nitrogen
fixation by diazotrophs is accounted for in the surface layer water. In this way,
diazotrophs can directly “take up” atmospheric nitrogen. (2) Iron import via dust
deposition is simulated in the surface ocean layer. In the standard implementation,
the dust deposition is provided by a climatological input field of monthly means
(Timmreck and Schulz, 2004). The solubility of iron from dust deposition is fixed at
1%, whereas a fixed mass fraction of iron in dust of 3.5% is assumed. In addition to
the original HAMOCC code, dust is also considered as source of silicon (Si) here. For
silica (SiO2), a mass fraction of 30.8% and a solubility of 7.5% is assumed (Cotrim
da Cunha et al., 2007). Extensions to include “online” calculated dust deposition
are described in Section 3.7.
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description symbol variable value and units
Euphotic zone (0 to 90m)

Phytoplankton

initial slope of the P-I curve αPI pi_alpha 0.008 d−1(Wm−2)−1

light extinction coefficient of water kw atten_w 0.04m−1

specific light extinction of
chlorophyll

kc atten_c 0.03× 106 m−1 (kg(Chl)m−3)−1

half-saturation constant for PO4 K
PO4
Phy bkphy 1× 10−8 kmol(P)m−3

half-saturation constant for
Si(OH)4

K
Si(OH)4
Phy bkopal 1× 10−6 kmol(P)m−3

Fe:P uptake ratio RFe:P riron 3× 10−6 × 122mol(Fe)mol(P)−1

Opal:P uptake ratio RSi:P ropal 25mol(Si)mol(P)−1

CaCO3:P uptake ratio RCaCO3:P rcalc 35mol(C)mol(P)−1

remineralisation rate λsurf
DOM,PO4

remido 0.025 d−1

mortality rate λsurf
Phy,Det dyphy 0.008 d−1

exudation rate λPhy,DOM gammap 0.03 d−1

Zooplankton

maximum grazing rate µZoo grazra 1.0 d−1

half-saturation constant for
grazing

KZoo bkzoo 4× 10−8 kmol(P)m−3

mortality rate λsurf
Zoo spemor 3× 106 d−1

excretion rate λZoo,DOM gammaz 0.06 d−1

Deep ocean (> 90m)

Detritus remineralisation rate λdeep
Det,PO4

drempoc 0.1 d−1 (AGG)
DOM remineralisation rate λdeep

DOM,PO4
dremdoc 0.03 d−1

Opal dissolution rate λOpal,Si(OH)4
dremopal 3.3× 10−3 d−1 (AGG)

Calcium carbonate dissolution rate λCaCO3,C12
T

dremcalc 0.075 d−1

Phytoplankton mortality rate λdeep
Phy,Det dphymor 0.2 d−1 (AGG)

Zooplankton mortality rate λdeep
Zoo,Det dzoomor 0.02 d−1

Table 3.2: Parameters of the oceanic biogeochemistry in HAMOCC, their symbols
and values as used in this study (cf. Maier-Reimer et al., 2005; Assmann et al.,
2010). The column “variable” lists the name of the variable used in the model code.
(AGG) denotes values, which were chosen, because variable sinking velocities for
detritus, opal, and calcium carbonate following the aggregation model by Kriest
and Evans (2000); Kriest (2002) are used.

The water component of the biogeochemistry model contains an ecosystem model
of NPZD-type. This ecosystem is build from two phytoplankton (opal and calcite
producers) and one zooplankton species (Schneider et al., 2008). Uptake and re-
dissolution of nutrients, carbon, and oxygen are calculated using constant Redfield
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stoichiometric ratios of P:N:C:O2:Fe of 1:16:122:− 172:3.7 × 10−4 (Takahashi et al.,
1985; Maier-Reimer et al., 1996). Biological production and grazing of zooplankton
only take place in the upper 90m of the model, the euphotic zone, where sufficient
light is assumed to be available. Below the euphotic zone all organic matter is
re-mineralised to nutrients (Maier-Reimer et al., 2005). Phytoplankton growth is
limited by availability of light, availability of nutrients, and temperature.

Light intensity decreases with ocean depth by attenuation due to seawater, ex-
pressed by the extinction coefficient kw (in m−1). Light attenuation by phytoplankton
depends on the mass of chlorophyll per volume of seawater. kc is the specific ex-
tinction coefficient for chlorophyll in m−1 (kg(Chl)m−3)−1. The mass concentration
of chlorophyll is calculated from the molar concentration of phytoplankton [Phy]
using the Redfield stoichiometric C:P ratio RC:P (in mol(C)mol(P)−1), the ratio of
carbon to chlorophyll in phytoplankton RC:Chl (in g(C) g(Chl)−1), and the molar
mass of carbon MC = 12 g/mol(C). Available irradiance I at depth z and at time t
is calculated from the total solar irradiance at the ocean’s surface I0:

I(z, t) = af I0(t) e−(kw+kc[Phy]MC RC:P/RC:Chl)z (3.3)

(Maier-Reimer et al., 2005). At the ocean surface absorption is taken into account
via a constant attenuation coefficient of af = 0.4.

The light limited growth rate of phytoplankton J(I) (in d−1) is calculated as
product of the slope of the P-I-curve (production versus light intensity) αPI (in
d−1 (Wm−2)−1) and the available solar irradiance I (in Wm−2) at depth z and time
t:

J(I(z, t)) = αPI × I(z, t). (3.4)

The maximum growth rate of phytoplankton µϑ limited by temperature ϑ is expressed
as an empirical relationship following Eppley (1972):

µϑ(z, t) = 0.6× 1.066ϑ(z,t), (3.5)

with ϑ in ◦C and µϑ in d−1.

Light and temperature limited growth rates are combined to a total growth rate
Jtot(I, ϑ) of phytoplankton (in d−1):

Jtot(I(z, t), ϑ(z, t)) = J(I(z, t))× µϑ(z, t)√
J(I(z, t))2 + µϑ(z, t)2

. (3.6)
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Nutrient co-limitation by phosphate, nitrate and iron is accounted for by using

[X] = min

(
[PO4],

[NO3]
RN:P

,
[Fe]
RFe:P

)
, (3.7)

to calculate the molar concentration of the limiting nutrient [X]. Here the stoichio-
metric uptake ratios for nitrogen RN:P and iron RFe:P are taken into account, to get
the molar concentration of the limiting nutrient in units of kmol(P)m−3.

The total phytoplankton production by photosynthesis ρp (in kmol(P)m−3 d−1) is
expressed by Michaelis-Menten kinetics (Maier-Reimer, 1993), including limitations
by available nutrients, light, and temperature:

ρp = [Phy] Jtot(I, ϑ) [X]
K

PO4
Phy + [X]

(3.8)

(Maier-Reimer et al., 2005).

Sulphate reduction in oxygen-poor waters and sediments was added in a recent
version of HAMOCC5.1. Zooplankton mortality is now parameterised as quadratic
relationship of zooplankton concentration (Assmann et al., 2010). In addition to
remineralisation of particulate organic carbon (POC) and dissolved organic carbon
(DOC), remineralisation of dying phytoplankton is taken into account.

The oceanic biogeochemistry model already includes tracers for the dissolved gases
oxygen (O2), N2O, nitrogen (N2), CO2, and DMS in water. In order to simulate air-sea
gas exchange of isoprene (C5H8) and carbon monoxide (CO), and to assess its impact
on atmospheric chemistry and chemical composition, additional parameterisations for
seawater concentrations of these gases have been implemented in the model system
for this study. Seawater concentration of C5H8 is parameterised following Broadgate
et al. (1997), CO concentration is simulated following the approach of Kettle (2005a).

The parameterisation of Broadgate et al. (1997) deduce the molar concentration
of C5H8 in seawater directly from the mass concentration of chlorophyll. Chlorophyll
mass concentration [Chl] is calculated diagnostically from the phytoplankton molar
concentration [Phy] expressed in units of kmol(P)m−3, the carbon to phosphorous
ratio RC:P (in mol(C)mol(P)−1), and the carbon to chlorophyll ratio RC:Chl (in
g(C) g(Chl)−1), analogous to Moore et al. (2001):

[Chl] = RC:P ×
MC

RC:Chl
× 103 × [Phy], (3.9)
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where MC is the molar mass of carbon (C) and the factor 103 enters the equation, to
yield [Chl] as mass concentration in mg l−1. HAMOCC uses a constant carbon to
phosphorous Redfield ratio of RC:P = 122mol(C)mol(P)−1, and a constant carbon
to chlorophyll ratio of RC:Chl = 60 g(C) g(Chl)−1.

The C5H8 molar concentration [Isop] is calculated following the diagnostics by
Broadgate et al. (1997), who parameterise [Isop] via an empirical relationship to
[Chl]:

[Isop] = (6.43× [Chl]× 103 + 1.2)× 10−12. (3.10)

The factors 103 and 10−12 are introduced to yield molar concentrations of [Isop] in
kmol(Isop)m−3.

The molar concentration of CO is calculated following the approach of Kettle
(2005a), which takes into account photochemical production and microbial consump-
tion of CO. The temporal evolution of the upper ocean CO concentration can be
expressed as continuity equation. The continuity equation of [CO] is written (in its
one-dimensional form and with upper ocean CO concentration denoted as χ(z, t) in
µmolm−3 at depth z and at time t) as (Kettle, 2005a, Equation 1):

∂χ(z, t)
∂t

+ RS[χ(z, t)] = J(z, t) + M(z, t) + D, (3.11)

where the change of concentration χ(z, t) with time t is affected by turbulent mixing
in the upper oceanic boundary layer expressed by a linear transport operator RS,
photochemical production rate J , microbial consumption rate M, and dark production
rate D, accounting for abiotic CO production (see e.g. Zhang et al., 2008).

The photochemical CO production rate depends on the wavelength of light (λ)
and is the product of attenuation of down-welling irradiance Ed (Kettle, 2005b,
Appendix A, Equation A.1), fraction of energy absorption by coloured dissolved
organic matter (CDOM) to total energy absorption fg(λ), the apparent quantum yield
for CO formation Φ(λ), and a constant λ

hc
to convert from energy units of Jm−3 s−1

to CO production in µmol(CO)m−3 s−1 (Kettle, 2005a, Appendix A, Equation A.1):

Jλ(z, t, λ) = −dEd(z, t, λ)
dz

fg(λ)Φ(λ) λ
hc
. (3.12)
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Here h = (6.626 069 57 ± 0.000 000 29)× 10−34 J s [2] is Planck’s constant and c =
299 792 458m s−1 [2] is speed of light in vacuum. With λ = λ0 = 320 nm and using
the solar irradiance I(z, t) at depth z, J(z, t) becomes:

J(z, t) = I(z, t) ag [DOM]MC

MP
Φ(λ0)

λ0

hc

NA

103 kmolmol−1 . (3.13)

The absorption coefficient a320 = 0.87, measured offshore by Retamal et al. (2007)
at a wavelength of λ = 320 nm and salinity of 30.09, is normalised to the mea-
sured DOC concentration of [DOC] = 1.15 µg(C) l−1 = 9.58× 10−5 kmol(C)m−3

to form the absorption coefficient of CDOM, ag. The factor MC/MP, with the
molar mass of C MC = 12 g/mol(C) and the molar mass of phosphorous (P)
MP = 30 g/mol(P), transforms from “phosphorous units” to “carbon units”. The
factor NA/(103 kmolmol−1) is included to yield a CO production in kmol(C)m−3 s−1.
NA = (6.022 141 29± 0.000 000 27)× 1023 mol−1 [2] is Avogadro’s constant. For the
apparent quantum yield of CO formation at λ = λ0 = 320 nm a value of Φ(λ0) =
4.7 × 10−5 is used. It is linearly interpolated from measured values of Φ(λ) for
λ = 313 nm and λ = 325 nm of Kettle (2005a, Appendix A, Table 3).

Particles in the water column are subject to settling, which provides a vertical
redistribution of marine snow and dust. The sinking speed of particles is variable
and depends on the particle size. Particle size distribution of phytoplankton and
detritus (marine snow) is variable in time and with depth, depending on aggregation,
sinking, and zooplankton mortality (Maier-Reimer et al., 2005). Aggregation follows
the approach of Kriest and Evans (2000) and Kriest (2002). Details can be found
there, modifications specific to HAMOCC5.1 are described in Maier-Reimer et al.
(2005).

The sediment module collects all particles, which are not re-mineralised during their
way trough the water below the euphotic zone. Re-dissolution from the sediments is
simulated in the model. The sediment model is based on Heinze and Maier-Reimer
(1999), details can also be found in Maier-Reimer et al. (2005).

[2]Mohr et al. (2012)
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3.4 Dynamical coupling between ocean and atmo-
sphere

Using the MESSy2 framework, EMAC was coupled to MPIOM, and the coupled
AO-GCM (i.e. with atmospheric chemistry submodels switched off) was evaluated
(Pozzer et al., 2011). As the structure of the MESSy interface suggest a process
based approach for coupling, MPIOM is implemented as submodel. A submodel
interface layer (SMIL) module is provided, acting as interface between calls of the
main entry points from submodel CONTROL and the original MPIOM subroutines
calculating ocean dynamics. The original MPIOM code containing these subroutines
is linked as library to the executable. Minor changes had to be performed in the
MPIOM code, which are enclosed by preprocessor directives. Further details can be
found in Pozzer et al. (2011).

The exchange of momentum, energy, and water mass at the interface between
the atmospheric and oceanic domain is implemented as separate submodel A2O. As
the atmospheric and oceanic model in general are operated with different time step
lengths, independent from the coupling time step between the domains, A2O has to
accumulate and average the fields needed for exchange with respect to time.

As EMAC uses a quadratic Gaussian grid and MPIOM operates on a rotated
curvilinear grid, exchanged fields have to be transformed between their source and
destination grid. A2O uses the generic submodel GRIDTRAFO to transform gridded
fields between different grids in the atmospheric and oceanic domain. GRIDTRAFO
is based on the SCRIP (Spherical Coordinate Remapping and Interpolation Package;
Jones, 1999) library, which includes first- and second-order conservative remapping,
bilinear interpolation with local bilinear approximation, bicubic interpolation, and
inverse-distance-weighted averaging.

Scalar fields are interpolated using the bilinear method, whereas fluxes are in-
terpolated using a first-order conservative remapping to conserve total fluxes. The
fields exchanged between atmosphere and ocean—and vice versa—as well as the
transformation method used are listed in Table 3.3.
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variable name description units transformation
method

atmosphere to ocean
aofltxwo zonal wind stress over water Pa/1025 bilinear
aofltywo meridional wind stress over water Pa/1025 bilinear
aofltxio zonal wind stress over ice Pa/1025 bilinear
aofltyio meridional wind stress over ice Pa/1025 bilinear
aoflfrwo solid freshwater flux m s−1 conservative
aoflfrio liquid freshwater flux m s−1 conservative
aoflnhwo net heat flux over water m s−1 conservative
aoflshwo downward short-wave radiation m s−1 conservative
aoflchio conductive heat flux over ice m s−1 conservative
aoflrhio residual heat flux over ice m s−1 conservative
aoflwsvo 10-metre wind speed m s−1 bilinear
ocean to atmosphere

tho sea surface temperature K bilinear
sictho sea ice thickness m bilinear
sicomo sea ice compactness (ice fraction) 1 bilinear
sicsno snow thickness m bilinear
socu zonal surface water velocity m s−1 bilinear
socv meridional surface water velocity m s−1 bilinear

Table 3.3: Exchanged fields for dynamical coupling between ocean and atmosphere
(Pozzer et al., 2011, modified).

3.5 Air-sea gas exchange

Air-sea gas exchange is calculated following the two-layer model by Liss and Slater
(1974). It is implemented as MESSy submodel AIRSEA (Pozzer et al., 2006). The
model is based on the assumption, that the uppermost ocean layer and the lowermost
atmospheric layer are well mixed, and the only driver of air-sea gas exchange at the
interface is molecular diffusion. The bulk flux F in mol (m2 s)−1 across the oceanic
and atmospheric interface can be written as:

F = Ktot (cw − kHpg), (3.14)
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with the transfer velocity Ktot (in m s−1), the seawater tracer concentration in the up-
permost oceanic layer cw (in molm−3), Henry’s Law coefficient kH (in mol (m3 Pa)−1)
and the partial pressure of the gas in the lowermost atmospheric layer pg (in Pa).

Henry’s Law coefficient is defined as the ratio of the molar concentration of a
species in the aqueous phase (ca, in molm−3) to its partial pressure in the gas phase
(pg, in Pa):

kH = ca/pg (3.15)

(Sander, 1999a,b).

The temperature dependence of the Henry’s Law coefficient is described as:

kH = k	H × exp
(
−∆solnH

R

( 1
T
− 1
T	

))
, (3.16)

where k	H is the (measured) Henry’s Law coefficient at standard temperature T	 =
298.15K (Sander, 1999b). Henry’s Law coefficient depends on the molar enthalpy
of the solution ∆solnH in Jmol−1, R = (8.314 462 1± 0.000 007 5) J (molK)−1 [3] the
gas constant, and the actual temperature T in K.

From Equation 3.16, the temperature dependence is:

−d ln kH
d(1/T ) = ∆solnH

R
. (3.17)

Commonly kH is expressed in units of M/atm = mol dm−3/atm, where 1 atm =
101 325Pa. The conversion between the two representations of kH is (Sander, 1999a):

kH
M/atm = 101.325 kH

molm−3 Pa . (3.18)

The total transfer velocity Ktot in Equation 3.14 is expressed in terms of resistances
against air-sea gas exchange in water (Rw, in sm−1) and in the gas phase (Rg, in
sm−1) (Liss and Slater, 1974; Pozzer et al., 2006):

Ktot = (Rw +Rg)−1 =
(

1
αKw

+ kH RT

Kg

)−1

, (3.19)

[3]Mohr et al. (2012)
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where Kw and Kg are exchange velocities on the liquid phase side and the gas
phase side, respectively (both in m s−1). When considering a chemically reactive gas,
exchange can not be described by molecular diffusion alone. Therefore a fractional
increase α in exchange velocity due to chemical reaction in the solution is included
(Liss and Slater, 1974; Pozzer et al., 2006).

The solubility of a gas in pure water is larger than its solubility in salty water. The
actual value of Henry’s Law coefficient for a specific gas in salty water kH is therefore
lower than the Henry’s Law coefficient of this gas in pure water k0

H . This effect,
usually called “salting-out”, is taken into account using the Setschenow equation
(Sander, 1999b; Pozzer et al., 2006):

ln
(
kH
k0
H

)
= ks cs, (3.20)

where ks (in lmol−1) is the Setschenow constant for the specific gas and cs (in mol l−1)
is the molar concentration of salt in the solution. The “salting-out effect” on the
Henry’s Law coefficient is accounted for in the submodel AIRSEA. Via namelist, the
user can define a value for the Setschenow constant of a specific species. If a value
of 0 is assigned, the Setschenow constant is approximated from the species’ molar
volume at boiling point VX using the relation established by Xie et al. (1997), see
also Pozzer et al. (2006):

ks = 0.0018VX. (3.21)

An overview of the species, for which air-sea gas exchange is calculated in this study,
and values for their molar mass, their Henry’s Law coefficient and temperature
dependence, the fractional increase in exchange velocity due to the species chemical
reaction, their molar volume at boiling point, and their Setschenow constant, as used
in the submodel AIRSEA, are listed in Table 3.4.

For calculating the water side exchange velocity Kw different parameterisations
are available in the submodel AIRSEA. The parametrisations of Kw mainly combine
field and laboratory measurements, and are normalised to a Schmidt number of 660
(Pozzer et al., 2006).

In this study the parameterisation by Wanninkhof (1992) is used, which relates
the normalised water side exchange velocity K̂w in cmh−1 to the quadratic 10-metre
wind velocity U10 in m s−1:

K̂w = 0.31U10
2. (3.22)
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species molar
mass
M

gmol−1

Henry’s
Law

coefficient
k	H

Matm−1

temperature
depen-
dence
d ln kH
d(1/T )
Jmol−1

increase due
to chemical
reaction

α

molar
volume at
boiling
point
VX

cm3 mol−1

Setschenow
constant

ks
lmol−1

N2 28.013a 6.5× 10−4b 1300b 1 34.84c 0d

CO 28.010a 9.9× 10−4b 1300b 1 34.88c 0d

O2 31.999a 1.2× 10−3b 1700b 1 27.85c 0d

CO2 44.010a 3.6× 10−2b 2200b 1 37.3e 0d

N2O 44.013a 2.4× 10−2b 2700b 1 35.9c 0d

DMS 62.134a 4.8× 10−1b 3100b 1 75.16f 0d

C5H8 68.117a 1.3× 10−2b 0b 1 105.12f 0d

CH3OH 32.042a 2.2× 102b 5600b 1 42.5e 0d

a NIST (2011).
b Sander (1999a, and references therein).
c Poling et al. (2001, and references therein).
d for ks = 0 the theoretical value of ks calculated from Equation 3.21 is used.
e Hayduk and Laudie (1974, and references therein).
f theoretical value, calculated from Poling et al. (2001, Eq. 4-11.4a); Yamada and Gunn (1973).

Table 3.4: Parameters used for species in AIRSEA in this study.

The actual water side exchange velocity Kw (in m s−1) is obtained by scaling the
normalised exchange velocity K̂w with the actual Schmidt number of the tracer in
the liquid phase Scliq:

Kw = βSc K̂w

(
Scliq
660

)−n
, (3.23)

where a scaling factor βSc = 2.8× 10−6 (m s−1)/(cmh−1) is used to convert into
m s−1. The exponent n has a value between 1/2 for rough sea and 2/3 for a calm
water surface, in this study AIRSEA operates with a constant value of n = 1/2
(Pozzer et al., 2006).

The actual Schmidt number for the tracer in the liquid phase (Scliq) is estimated
from the Schmidt number of CO2 in sea water (ScCO2

), calculated according to
Wanninkhof (1992):

ScCO2
= k0 − k1 ϑ+ k2 ϑ

2 − k3 ϑ
3, (3.24)

with k0 = 2073.1, k1 = 125.62 ◦C−1, k2 = 3.6276 ◦C−2, k3 = 0.043 219 ◦C−3, and
temperature ϑ given in ◦C.
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The Schmidt number of a tracer X is defined as ratio of the kinematic viscosity of
sea water ν and the tracer’s molecular diffusivity DX, and can be expressed in terms
of the Schmidt number of CO2 in sea water ScCO2

and the molecular diffusivity of
CO2 (DCO2

) as:

Scliq = ν

DX
= ScCO2

(
DCO2

DX

)
. (3.25)

AIRSEA calculates DCO2
/DX from the molar volumes at boiling point, using the

proportionality of DX to VX
0.6 as suggested by Wilke and Chang (1955):

DCO2

DX
=
(
VX

VCO2

)0.6

, (3.26)

where VX and VCO2
are the molar volumes at boiling point of the tracer X and CO2,

respectively (Pozzer et al., 2006).

A gas is called liquid side controlled, when the water side resistance Rw against
air-sea gas exchange is much bigger than the gas phase side resistance Rg. For very
soluble gases, the resistance on the gas phase side plays the key role, so the gas is
gas phase side controlled. The gas phase side exchange velocity Kg can be written
as the reciprocal of two resistances on the gas phase side:

Kg = 1
Ra +Rqbr

, (3.27)

with Ra the aerodynamic resistance and Rqbr the quasi-laminar boundary layer
resistance. Ra and Rqbr are calculated following Kerkweg et al. (2006a) for consistency
with the MESSy submodel DDEP (Pozzer et al., 2006).

3.6 Riverine nutrient input into the ocean

Import from rivers is a major source of nutrients in the coastal zone. Recent studies
showed the effect of nutrient import on oceanic biogeochemistry (Cotrim da Cunha
et al., 2007) and on the oceanic Si cycle (Bernard et al., 2010).

The MESSy submodel OTPHYSC calculates advection, convection, diffusion, and
dilution of oceanic tracers using the same advection scheme as the dynamical ocean
system. Nutrient import from rivers is considered in OTPHYSC and added to the
molar concentration [X] of tracer X at the new time level t + 1 in the uppermost
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ocean level:

[X](x, y, t+ 1) = [X](x, y, t) +D(x, y, t)× [X]riv(x, y, t)×
1

Vbox(x, y, t)
×∆t, (3.28)

with [X](x, y, t) the molar concentration of tracer X in the uppermost ocean level
at time t and location (x, y) in kmolm−3. D is discharge in m3 s−1, [X]riv the molar
concentration of tracer X in the river—which generally can be variable in space and
time—, Vbox the volume of the uppermost ocean grid box in m3, and ∆t the model
time step in s.

Two different methods exist for determining molar concentrations of tracers in
rivers in OTPHYSC, which can be selected via namelist parameters (see Appendix
B for an example namelist). A globally constant molar concentration can be set by
the user for each tracer individually, or an input field can be selected, which contains
the molar concentration of a tracer in a global 2D-field. By using channel objects,
provided by the generic MESSy submodel CHANNEL (see Section 2 of Jöckel et al.,
2010), any field (represented on a 2D ocean grid) from other submodels can be used
as riverine molar concentration. Both methods can be mixed for different tracers. A
sensitivity study with globally constant molar concentrations in rivers comparable to
Cotrim da Cunha et al. (2007) has been performed.

3.7 Aeolian dust input into the ocean

In open ocean regions dust deposition is the main input mechanism for iron (Martin
et al., 1991; Jickells et al., 2005; Boyd et al., 2007). HAMOCC accounts for iron
limitation of photosynthesis, iron release at remineralisation, and iron complexation by
organic substances (Maier-Reimer et al., 2005). Iron uptake and release is represented
using a constant Fe:P ratio RFe:P. Iron complexation is taken into account using
an iron relaxation with a relaxation time constant λFe to iron concentrations of
0.6 nmol l−1. Any iron beyond this limit is assumed to be complexed and not bio-
available (Maier-Reimer et al., 2005).

Dust in HAMOCC is considered to be chemically inert with its only sinks settling
and sedimentation. Dust is assumed to have a constant particle size, and in that way
has a constant sinking speed. Aggregation of dust is only considered with marine
snow, after aggregation dust particles sink at the speed of marine snow (Kriest and
Evans, 2000; Maier-Reimer et al., 2005).
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In the upper ocean level dissolved iron is released from dust, this release happens
immediately after deposition. A fixed mass fraction of iron in dust and a constant
solubility are assumed (Maier-Reimer et al., 2005), the molar concentration of iron
[Fe] at time t+ 1 can be written as:

[Fe](x, y, t+ 1) = [Fe](x, y, t) + FDust(x, y, t)
∆zsurf

1
MFe

1
3.1536× 107 s a−1 εFe SFe ∆t,

(3.29)
where FDust is the dust deposition flux in kg (m2 a)−1, ∆zsurf the thickness of the
ocean surface layer (in m), εFe = 0.035 the mass fraction of iron in dust, SFe = 0.01
the dimensionless iron solubility, and ∆t the time step (in s). Division by the molar
mass of iron MFe = 55.85 gmol−1 and the constant 3.1536× 107 s a−1 result in an
iron concentration in units of kmol(Fe)m−3.

Dust deposition is also a source of Si to the ocean. In the implementation of
HAMOCC as MESSy submodel a SiO2 import from dust deposition analogous to
iron import in Equation 3.29 was added. In this study a constant mass fraction of
SiO2 in dust of εSiO2

= 0.308 and a solubility of SSiO2
= 0.075 are assumed (Cotrim

da Cunha et al., 2007). Using the molar mass of SiO2 of MSiO2
= 60 gmol−1, the

equation for molar concentration of SiO2 [SiO2] at time t+ 1 reads:

[SiO2](x, y, t+ 1) = [SiO2](x, y, t)

+ FDust(x, y, t)
∆zsurf

1
MSiO2

1
3.1536× 107 s a−1 εSiO2

SSiO2
∆t.

(3.30)

The dust deposition flux at the ocean surface in HAMOCC is read from a file
containing monthly mean values, or can be passed from the atmospheric domain to
the ocean when coupling the models via Ocean Atmosphere Sea Ice Soil (OASIS)
(Kloster et al., 2006). The HAMOCC implementation as MESSy submodel provides
the possibility for the user to define any channel object provided by a submodel via
CHANNEL as dust deposition flux field. Different parts of the total dust deposition
flux are calculated in the different submodels in MESSy. Dry deposition fluxes and
sedimentation fluxes are calculated by the submodels DDEP and SEDI, respectively,
wet deposition fluxes by SCAV.

Mineral dust is represented in the M7 submodel as dust particles in Aitken and
coarse mode, in each mode distinguished between soluble and insoluble particles.
DDEP and SEDI calculate dry deposition and sedimentation fluxes for dust particles
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DDEP SCAV

ddepflux_DU_ai

ddepflux_DU_cs
ddepflux_DU_ci
ddepflux_DU_as

sediflux_DU_ai
sediflux_DU_as
sediflux_DU_ci
sediflux_DU_cs

wetflx_aer_cv_DU_ci
wetflx_aer_cv_DU_cs
wetflx_aer_ls_DU_ci
wetflx_aer_ls_DU_cs

SCALC

dust

A2O

dust_in

HAMOCC

SEDI

M7

DU_ai DU_csDU_ciDU_as

Figure 3.2: Flow chart of processing dust deposition fields in MESSy submodels.
DDEP, SEDI, and SCAV calculate partial dust deposition fluxes of M7 dust
particles (DU) in different deposition classes. Dust particles are divided in soluble
particles in Aitken mode (as), insoluble particles in Aitken mode (ai), soluble
particles in coarse mode (cs), and insoluble particles in coarse mode (ci). From
these particle concentrations in the atmosphere, the partial deposition fluxes are
calculated for the different particle classes in the submodels DDEP, SEDI, and
SCAV. In SCAV, fluxes are partitioned in flux from convective precipitation (cv)
and flux from large scale precipitation (ls). SCALC calculates the sum over the
partial dust deposition flux fields and scales to the appropriate units, providing
the result as channel object (dust). A2O performs a grid transformation to get a
scaled total dust deposition field (dust_in) on the ocean model grid. Total dust
deposition is used in HAMOCC as dust deposition input field.
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in all modes, respectively. SCAV calculates wet deposition fluxes stemming from
convective and large scale precipitation, in both cases coarse soluble and coarse
insoluble dust particles are discriminated.

Figure 3.2 shows a flow chart of dust deposition flux fields between different MESSy
submodels, to calculate total dust deposition. To collect the twelve partial dust
deposition flux fields and to transfer them into units of kg (m2 a)−1, a new submodel
SCALC was implemented for this study. SCALC performs simple calculations on any
channel objects and provide the result as new channel object (see Appendix C for
an example user interface namelist). For now arithmetic operations for summation
and scaling are implemented, which is sufficient to calculate the total sum of the
twelve partial dust deposition flux fields from DDEP, SEDI, and SCAV, scale them
to the appropriate units, and provide the result as a new channel object (dust).
This field is interpolated to the ocean grid by the submodel A2O, which in turn
provides the transformed scaled total dust deposition as channel object (dust_in).
The channel object of the transformed and scaled total dust deposition flux field is
used in HAMOCC as source of dust deposition flux at the ocean surface.

Dust burden and dust deposition fluxes depend on dust emissions, which are
simulated in a CCM by an emission scheme or prescribed by emission fields. In this
study, prescribed dust deposition flux fields provided by HAMOCC as well as “online”
calculated dust deposition fluxes are used. In the sensitivity study investigating
the impact of interactive dust deposition, dust emissions are simulated using the
dust emission scheme by Tegen et al. (2002), implemented in EMAC by Gläser et al.
(2012).

3.8 Summary of the model system expansions

This section gives an overview of the extentions and developments in the coupled
EMAC-MPIOM model system implemented in this study. An overview of the parts
of the model system associated with biogenic oceanic emissions is presented in
Fig. 3.3. Before the implementation of the AIRSEA submodel (Pozzer et al., 2006;
Pozzer, 2007), the only way to include chemical interaction between the ocean and
atmosphere in the model system was the specification of emissions at the lower
boundary of the atmospheric domain (Fig. 3.3, left). These emissions are only in
one direction, more precisely from the ocean into the atmosphere.



3. Description of the model system 65

Figure 3.3: Evolution of the model system used in this study. From left to right
three stages of the model system during its evolution are shown. The upper
boxes depict the atmospheric model domain, the lower boxes the oceanic model
domain. Arrows denote exchanges between the model domains. In the past (left),
the model was an atmospheric model only. Biogenic oceanic emission had to be
prescribed, only a gas exchange from the ocean into the atmosphere with related
changes in concentrations in the atmosphere was possible. After the inclusion of
the AIRSEA submodel (middle), gas exchange between ocean and atmosphere in
both directions became possible. As the oceanic concentrations were prescribed,
only atmospheric concentrations were subject to interactive change. In the present
study (right), an interactive oceanic biogeochemistry has been included into the
model system. Via the AIRSEA submodel gas exchange between ocean and
atmosphere is calculated. Changes in concentrations via exchange of gaseous
compounds are now possible in both model domains. Additional feedbacks have
been included in the model system. Atmospheric dust and input of nutrients from
rivers affect oceanic biogeochemistry and change oceanic concentrations. Changes
in oceanic concentrations impact air-sea gas exchange and, hence, atmospheric
concentrations.

With the inclusion of AIRSEA into the model system (Fig. 3.3, middle), air-sea
gas exchange could be calculated “online” from prescribed oceanic concentrations
and the actual (prescribed or interactive) concentrations in the atmospheric model
domain. The calculated air-sea gas fluxes can be positive or negative, i.e. from the
ocean into the atmosphere or from the atmosphere into the ocean. However, as
the oceanic concentrations are prescribed, this kind of air-sea exchange only affects
atmospheric concentrations. EMAC can in both cases be used in configurations as
“atmosphere only” model or coupled to an interactive dynamical ocean.
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In this study, the model system is extended to include interactive calculations
of the oceanic biogeochemistry (Fig. 3.3, right). The oceanic biogeochemistry
determines oceanic concentrations, and from these AIRSEA calculates the actual
air-sea gas exchange. These air-sea gas fluxes are used to update atmospheric and
oceanic concentrations, respectively.

Further feedback mechanisms are included in this model system configuration,
stemming from dry and wet deposition from the atmosphere and from input of chemi-
cal compounds from rivers, which both eventually alter oceanic biogeochemistry and,
hence, oceanic tracer concentrations. For the calculation of oceanic biogeochemistry,
the model system has to be used in a configuration with a coupled dynamical ocean
model, as the biogeochemistry is also affected by ocean dynamics.

The extensions of the model system implemented in this study base upon the
coupled AO-GCM EMAC-MPIOM (Pozzer et al., 2011). The major expansion of
the model system is the inclusion of oceanic biogeochemistry. The novel developed
submodel is an implementation of HAMOCC (Maier-Reimer et al., 2005; Wetzel
et al., 2005) conform to the MESSy interface (Jöckel et al., 2005, 2010). An overview
of the biogeochemical processes in HAMOCC and the implementation of HAMOCC
as MESSy submodel can be found in Sections 2.3 and 3.3, respectively. The submodel
provides an extended interface for user defined values of the variables used in the
oceanic biogeochemistry module. Appendix A lists the variables controllable in this
submodel by the user. The user interface is provided via the mechanism of standard
FORTRAN namelists in accordance with the MESSy standard. A commented
example of such a namelist is shown in Appendix A.

The submodel OTPHYSC, which couples the tracer fields of the oceanic bio-
geochemistry to the oceanic dynamics provided by the MPIOM submodel, was
extended to update oceanic biogeochemical tracers with fluxes of theses tracers from
riverine origin. For the calculation of tracer fluxes from river input into the ocean,
constant molar concentrations for all rivers, 2D fields of molar concentrations, or
a combination of both for different tracers can be chosen. The input source for
freshwater fluxes needed for the calculation can be chosen via the user interface.
In the coupled model system EMAC-MPIOM-HAMOCC used in this study, the
calculated freshwater fluxes from the HD submodel have been used. An overview
of the inclusion of nutrient import from rivers to the ocean model is presented in
Section 3.6. A commented example of the user interface namelist of the OTPHYSC
submodel is included in Appendix B. The HD submodel has been updated to a more
recent version as used in ECHAM6 (Stevens et al., 2013).
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For “online” coupling of the deposition of atmospheric mineral dust to the oceanic
biogeochemistry, the new MESSy submodel SCALC has been developed. This sub-
model provides the possibility to perform simple calculations on arbitrary channel
objects as provided by the MESSy generic submodel CHANNEL. For this study
summation and scaling of fields have been implemented. The technical implemen-
tation of the interplay between the atmospheric dust deposition and the oceanic
biogeochemistry is shown in Section 3.7. A schematic overview of the interaction
of SCALC, as used in this study’s model setup, with other submodels is presented
in Fig 3.2. A commented example of the user interface namelist can be found in
Appendix C.





Chapter 4

Investigation of the chemical
coupling mechanisms between
ocean and atmosphere

The chemical feedback mechanisms between ocean and atmosphere are analysed next
by conducting sensitivity studies. Sensitivity analyses can be performed in different
ways by changing model parameters or using different input data or boundary
conditions. The impact of changes in model parameters and input data on the
simulation results can be determined in two ways. Either in simulation experiments
with only one changed parameter, or in experiments with multiple changed parameters,
to assess the impact of individual processes or a combination of them, respectively.
During a sensitivity analysis of a model system multiple sensitivity studies can be
performed, depending on the complexity of the model system and the questions to
be answered by this analysis. Common questions to be answered with sensitivity
studies are about the robustness of the model system under uncertain conditions,
sensitive and important model variables, changes under different assumptions, the
relationship between input and output variables, finding model errors, or model
calibration (see Pannell, 1997, for an overview[1]).

In this study, sensitivity experiments are used to test the novel model system for
validity and robustness. Furthermore, the response of the model system’s atmospheric
domain on changed input data, in form of changed chemical fluxes at the ocean
interface, is assessed.

[1]available via http://dpannell.fnas.uwa.edu.au/dpap971f.htm (last accessed: 06.07.2013)
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4.1 Methodology

To analyse the impact of oceanic emissions on atmospheric chemistry in the coastal
and marine boundary layer, the free troposphere, and the stratosphere, numerical
sensitivity experiments with the ECHAM/MESSy Atmospheric Chemistry (EMAC;
Jöckel et al., 2005, 2006, 2010) model coupled to the Max Planck Institute Ocean
Model (MPIOM; Marsland et al., 2003; Jungclaus et al., 2006) and the HAMburg
Ocean Carbon Cycle model (HAMOCC; Six and Maier-Reimer, 1996; Maier-Reimer
et al., 2005; Wetzel et al., 2005) were performed. All model simulations have been
“year-2000 time-slice” experiments. In the “time-slice” setup, climatic forcings from
boundary conditions, such as emissions of radiatively active substances and their
precursors, have been prescribed from a dataset for the specific time interval and have
been perpetually repeated throughout the simulation. In case of “year-2000 time-
slices”, the boundary conditions are representative for the year 2000 and recurrent
for every simulated year. To exclude the influence of inter-annual changes in the
solar cycle on the simulations, a constant medium solar activity has been set up.

In Figure 4.1 an overview of all simulations performed in this study is given. To
provide a realistic state of the upper ocean layers as initial condition for the subsequent
simulations with the fully coupled atmosphere-ocean chemistry climate model (AO-
CCM), a simulation with the coupled atmosphere-ocean general circulation model
(AO-GCM) EMAC-MPIOM over 100 simulation years was performed. Bearing in
mind, that with a simulation time of 100 years the model is not able to dynamically
equilibrate the complete deep circulation in the ocean, yet a realistic upper ocean
circulation, suitable for short term simulation experiments, has been reached. This
dynamical spin-up phase was followed by a simulation of 30 years with additional
oceanic biogeochemistry to equilibrate air-sea gas fluxes. All subsequent sensitivity
experiments were initialised from this spin-up simulation. From the seven years
simulation time of the sensitivity experiments, the last five years are used for
evaluation.

Identifying changes in atmospheric chemical composition stemming from altered
emissions between two sensitivity experiments is challenging, as intrinsic variability
is able to obscure small perturbations. It is therefore advantageous to suppress
feedbacks of changed atmospheric composition on atmospheric dynamics, to obtain
the identical meteorological situation in all sensitivity studies. This is achieved using
the Quasi Chemistry-Transport Model (QCTM) mode (Deckert et al., 2011; Section
3.2) in the sensitivity experiments. Suppressing the noise introduced by feedbacks of
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the chemical composition on the model system’s meteorological state, identification of
small signals, caused by changes between the sensitivity experiments, with statistical
tools is possible using shorter simulation times.

In order to decouple atmospheric composition and chemistry from atmospheric
dynamics, a preparatory simulation (PREP) was performed with the fully coupled
AO-CCM, including atmospheric chemistry and oceanic biogeochemistry. In this sim-
ulation, oceanic concentrations of isoprene (C5H8) and dimethyl sulphide ((CH3)2S,
DMS) have been prescribed. An under-saturation of oceanic methanol (CH3OH)
concentrations, with values of 94% with respect to atmospheric concentrations, has
been used (Singh et al., 2003; Pozzer, 2007). Biogenic oceanic emissions of carbon
monoxide (CO) have been prescribed from the Global Emissions InitiAtive (GEIA)
database (Guenther et al., 1995)[2] as described by Jöckel et al. (2006). Air-sea gas
exchange has been calculated from the prescribed oceanic concentrations via the
AIRSEA submodel (Pozzer et al., 2006).

From the simulation PREP, monthly mean distributions of the atmospheric
radiatively active tracer fields and the distribution of total nitric acid (HNO3),
influencing the polar stratospheric cloud (PSC) related effects of sedimentation,
dehydration, and denitrification, were written out. These tracer fields have been used
as input fields for the subsequent simulations BASE, SOCX, SRFIX, and SDUST in
QCTM mode.

The radiative active fields provided from the simulation PREP have been carbon
dioxide (CO2), methane (CH4), ozone (O3), nitrous oxide (N2O), CCl3F (trichloroflu-
oromethane, CFC-11), and CCl2F2 (dichlorodifluoromethane, CFC-12). These offline
provided fields have been used to calculate the atmospheric radiative transfer in the
RAD4ALL (implementation of the ECHAM5 radiation scheme as MESSy submodel;
Roeckner et al., 2006; Jöckel et al., 2006) submodel. The field of total HNO3 obtained
from the simulation PREP has been used as input field for the submodel MSBM
(multi-phase stratospheric box model; Jöckel et al., 2010). From this input field,
water vapour tendencies, particle radii, and the thermodynamic phase of PSCs have
been calculated. Dehydration and denitrification due to sedimentation of ice particles
and sedimentation of nitric acid trihydrate (NAT) particles, respectively, have also
been accounted for (see Section 3.2 and Deckert et al. (2011) for details on the
QCTM mode).

[2]http://www.geiacenter.org/ (last accessed: 08.07.2013)

http://www.geiacenter.org/
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Figure 4.1: Overview of model simulations performed for this study. The horizontal
axis denotes simulation time. A 100-year dynamical simulation with the coupled
model system EMAC-MPIOM was performed as spin-up for ocean dynamics to
achieve a realistic upper ocean state. From this simulation a 30-year simulation
including the submodel HAMOCC for oceanic biogeochemistry was performed to
reach realistic chemical surface water concentrations. The preparatory simula-
tion (PREP), the baseline simulation (BASE), and the three sensitivity studies
(SOCX, SRFIX, SDUST) have been initialised from the coupled EMAC-MPIOM-
HAMOCC simulation. PREP provides fields for atmospheric chemical tracer
distribution for the model simulations in QCTM mode (denoted by small open
arrows). The simulated time for BASE, SOCX, SRFIX, and SDUST is seven
years, the last five years of the simulations are analysed in this study. For more
details see the text and Table 4.1.

An overview of all simulations performed and the differences in the model setups
between the sensitivity experiments are listed in Table 4.1. Tracer fields used in
the radiation transfer calculation (submodel RAD4ALL) and the PSC calculation
(submodel MSBM) have been provided for all sensitivity experiments from monthly
mean fields derived from PREP. In all simulations, the model time step in the
atmospheric part has been 720 s, the oceanic model time step has been 2 h. The time
step for coupling between ocean and atmosphere has been 2 h, to account for diurnal
variations in forcing fields between the two domains.
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simulation properties

PREP •fully coupled, year-2000 time-slice, air-sea gas exchange from AIRSEA
•prescribed oceanic concentrations of C5H8, DMS and oceanic emission of CO
•saturation coefficient for oceanic concentration of CH3OHa

•no riverine nutrient import
•constant aeolian import of Fe and Si from climatological dust deposition map

BASE •QCTM, year-2000 time-slice, air-sea gas exchange from AIRSEA
•prescribed oceanic concentrations of C5H8, DMS and oceanic emission of CO
•saturation coefficient for oceanic concentration of CH3OHa

•no riverine nutrient import
•constant import of aeolian Fe and Si from climatological dust deposition map

SOCX •QCTM, year-2000 time-slice, air-sea gas exchange from AIRSEA
•online oceanic concentrations of C5H8, DMS, CO, N2O, CO2, O2, N2
•saturation coefficient for oceanic concentration of CH3OHa

•no riverine nutrient import
•constant import of aeolian Fe and Si from climatological dust deposition map

SRFIX •QCTM, year-2000 time-slice, air-sea gas exchange from AIRSEA
•online oceanic concentrations of C5H8, DMS, CO, N2O, CO2, O2, N2

•saturation coefficient for oceanic concentration of CH3OHa

•constant riverine nutrient import of Fe, Si, CO2, N2
•constant import of aeolian Fe and Si from climatological dust deposition map

SDUST •QCTM, year-2000 time-slice, air-sea gas exchange from AIRSEA
•online oceanic concentrations of C5H8, DMS, CO, N2O, CO2, O2, N2

•saturation coefficient for oceanic concentration of CH3OHa

•no riverine nutrient import
•import of aeolian Fe and Si from online dust deposition

a see Chapter 3.5, Singh et al. (2003), Pozzer (2007).

Table 4.1: Overview of sensitivity experiments. Differences of the sensitivity
experiments SOCX vs. BASE, and the sensitivity experiments SRFIX and
SDUST vs. SOCX are typeset in bold.
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For the baseline experiment (BASE) a simulation was performed with the AO-CCM
in QCTM mode and oceanic emissions calculated as described for the preparatory
simulation (PREP).

In the first sensitivity experiment the impact of air-sea gas exchange on the
atmospheric composition is evaluated (SOCX). For this experiment the same AO-
CCM as in the baseline case was run for seven years, replacing the prescribed oceanic
concentration for C5H8 and DMS with interactively calculated oceanic concentrations
for this chemicals from the HAMOCC submodel. Furthermore, prescribed oceanic
biogenic CO emissions have been replaced by air-sea gas exchange calculated via
the AIRSEA submodel, using the oceanic CO concentrations interactively simulated
by the HAMOCC submodel. In addition, air-sea gas exchange has been calculated
from online oceanic concentrations of CO2, N2O, oxygen (O2), and nitrogen (N2), all
provided from the submodel HAMOCC. Whereas O2 and N2 have been assumed to be
fixed in the atmospheric chemistry module MECCA (Module Efficiently Calculating
the Chemistry of the Atmosphere; Sander et al., 2005, 2011), emissions of C5H8,
DMS, and CO did impact atmospheric concentrations.

CO2 and N2O are radiatively active gases, but do not affect tropospheric chemistry
directly. The stratospheric chemistry is affected by N2O as source of nitric oxide (NO)
by reaction with the electronically excited oxygen atom (O(1D); Reaction R2.40a).
As the focus of this study is on changes in the tropospheric chemical composition
on short time-scales in the order of years, and since all sensitivity experiments were
performed with atmospheric dynamics decoupled from the chemical composition,
atmospheric mixing ratios of CO2 and N2O have been prescribed by a relaxation
method via the submodel TNUDGE (Tracer NUDG(E)ing; Kerkweg et al., 2006b)
with a time constant of 10 800 s. In this way, air-sea gas fluxes of CO2 and N2O could
be assessed as diagnostic quantities without any impact on atmospheric chemical
composition from the calculated fluxes.

To evaluate the impact of nutrient import from rivers on air-sea gas exchange
and atmospheric composition, the sensitivity SRFIX has been performed. In this
sensitivity study, globally constant concentrations of tracers per volume of riverine
freshwater input to the ocean have been assumed. Freshwater fluxes from rivers have
been calculated interactively by the HD (Hydrological Discharge; Hagemann and
Dümenil, 1998) submodel.

With the last sensitivity experiment the impact of aeolian nutrient import to the
ocean, in form of iron (Fe) and silicon (Si) from dust deposition (see Section 3.7), on
air-sea gas exchange and atmospheric composition is evaluated (SDUST). In this
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simulation the aerosol submodel M7 (Vignati et al., 2004; Kerkweg et al., 2008) and
the dust emission scheme of Tegen et al. (2002) implemented in EMAC by Gläser
et al. (2012) into the submodel ONEMIS (ONline tracer EMISsions; Kerkweg et al.,
2006b) have been included. A new submodel SCALC (Simple CALCulations) was
implemented as part of the present study to provide an accumulated dust deposition
source consisting of the fractions of dust deposition from dry deposition (calculated by
the submodel DDEP, Dry DEPosition; Kerkweg et al., 2006a), scavenging (calculated
by SCAV, SCAVenging; Tost et al., 2006a), and sedimentation (calculated by SEDI,
SEDImentation; Kerkweg et al., 2006a) to the oceanic biogeochemistry model (see
Section 3.7). Total dust deposition fluxes from the submodel SCALC—averaged over
the coupling time step between ocean and atmosphere—have been passed over to
HAMOCC instead of the climatological map of dust deposition fluxes (Timmreck
and Schulz, 2004; Maier-Reimer et al., 2005), allowing for a variable dust deposition,
according to the meteorological situation in the model. Furthermore, by including the
calculation of dust import to the ocean from dust deposition fluxes in the atmospheric
model domain, the model system obtains a more consistent representation of processes
and accounts for additional potentially important feedback mechanisms between
ocean and atmosphere.

The remainder of this Chapter is organised as follows: In Section 4.2 the impact
of interactive oceanic biogeochemistry and air-sea gas exchange in the model system
is presented. Section 4.3 focuses on the impact of nutrient input to the ocean from
rivers and the related changes in oceanic biogeochemistry, air-sea gas exchange, and
atmospheric composition. The impact of nutrient input to the ocean from deposition
of aeolian mineral aerosol (dust) is investigated in Section 4.4.

4.2 Gas exchange between ocean and atmosphere

Oceanic emissions can be provided to the atmospheric domain of the model system
in two different ways. On one hand, emissions can be prescribed “offline” as fluxes at
the lower atmospheric boundary by emission datasets. On the other hand, emissions
from the ocean can be calculated “online” from atmospheric concentrations, oceanic
concentrations, and the meteorological situation via the AIRSEA submodel.
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For the online calculation, until now, the oceanic surface water concentrations
had to be provided by “offline” datasets, for example from climatologies. The
implementation of HAMOCC as MESSy submodel provides the ability to calculate
oceanic chemical concentrations “online” and use these tracer fields for the calculation
of air-sea gas exchange.

To provide realistic input fields of oceanic chemical composition to the AIRSEA
submodel, the oceanic biogeochemistry has to simulate the oceanic biogeochemical
cycles in a realistic way. A thorough evaluation of the latest version of HAMOCC,
which is comparable to the implementation of the oceanic biogeochemical cycle as
used in this study, can be found in Ilyina et al. (2013). Here, only a short analysis of
surface water concentrations of the most important oceanic tracers is presented, as
these determine the air-sea gas exchange, and thus influence atmospheric chemical
composition.

4.2.1 Evaluation of the oceanic biogeochemistry

A realistic representation of physical processes in the ocean model is important
to simulate realistic oceanic biogeochemistry (Doney et al., 2004). Feedbacks of
the oceanic biogeochemistry on physical ocean processes via absorption of solar
radiation by phytoplankton is switched off in all sensitivity experiments, to simulate
identical ocean circulation, and hence temperature and salinity distributions in the
ocean (comparable to the QCTM mode in the atmosphere). Figure 4.2 shows a
Taylor diagram (Taylor, 2001) providing a statistical summary of how well simulated
sea surface temperature (SST), sea surface salinity (SSS), surface ocean phosphate
(PO4) and silicate (Si(OH)4) concentrations, and net primary production (NPP)
in the water column are represented in the model system (sensitivity experiment
SOCX) compared to observation based estimates from the World Ocean Atlas (WOA;
Locarnini et al., 2010; Antonov et al., 2010; Garcia et al., 2010)[3] and the Carbon-
based Productivity Model (CbPM; Behrenfeld et al., 2005; Westberry et al., 2008)[4].
The Taylor diagram in Fig 4.2 shows the spatial area weighted correlation R between
the simulated quantity f and the observation based estimate r for N cells of the

[3]data available from http://www.nodc.noaa.gov/OC5/WOA09/pr_woa09.html (last accessed
13.08.2013)

[4]data available from http://www.science.oregonstate.edu/ocean.productivity/ (last ac-
cessed 13.08.2013)

http://www.nodc.noaa.gov/OC5/WOA09/pr_woa09.html
http://www.science.oregonstate.edu/ocean.productivity/
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Figure 4.2: Taylor diagram of area-weighted pattern statistics of annual mean
surface fields between model simulation SOCX (over five years) and observation
based estimates. Shown are the Pearson’s correlation coefficient R between
model simulations and observations (Obs.), and the standard deviation of model
simulations normalised with respect to the standard deviation of observations
σ̂f = σf/σr. Symbols denote SST, SSS, surface phosphate concentrations (PO4),
surface silicate concentrations (Si(OH)4) and water column NPP. Estimates for
SST, SSS, Si(OH)4 and PO3–

4 are from WOA, NPP is calculated from SeaWiFS
data with the CbPM model. The black dot represents the observation based
estimates. Dashed green contours denote the root mean square error normalised
with respect to the observed standard deviation with an interval of 1 between
contour lines.

model grid, with associated means f and r, respectively:

R =
1
N

∑N
n=1 w

′2
n (fn − f)(rn − r)
σfσr

. (4.1)
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The weighting coefficients are defined as:

w′n = An∑N
n=1 An

, (4.2)

where An is the area of the respective grid cell. Standard deviations of simulated
values σf and of the observation based values σr are:

σf =

√√√√ 1
N

N∑
n=1

w′n(fn − f)2, (4.3)

σr =

√√√√ 1
N

N∑
n=1

w′n(rn − r)2. (4.4)

(4.5)

The normalised standard deviation of simulated values with respect to observation
based estimates, as used in the Taylor diagram is defined as:

σ̂f = σf
σr
. (4.6)

In the Taylor diagram observations are located at σ̂f = 1, R = 1.

Sea surface temperature (SST)

The annual mean spatial variability and distribution of the SST is realistically
represented in the model system compared to the WOA data (Locarnini et al.,
2010). With a correlation coefficient R = 0.99 and a standard deviation of the
model normalised with respect to the standard deviation of the WOA reference of
σ̂f = σf/σr = 1.025, the simulated SSTs are close to the observed (Fig. 4.2). This
can also be seen in the global map of simulated SSTs and the differences in SST
between the model system and WOA estimates in Figure 4.3.

Whereas in large parts of the ocean the differences in SST between the simulation
and the WOA analysis are below 1K, regionally stronger deviations exist. The
spatial deviation patterns in SST are comparable to the results found by Pozzer
et al. (2011), comparing the physically coupled AO-GCM EMAC-MPIOM to AMIP
II (Atmospheric Model Intercomparison Project; Taylor et al., 2000; Hurrell et al.,
2008) data, and the results obtained by Jungclaus et al. (2006) with the coupled
ECHAM5-MPIOM model system. The results are also in line with simulation
studies by Assmann et al. (2010) and Tjiputra et al. (2013), who used the isopycnal
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(a) sea surface temperature (SOCX) (b) sea surface temperature difference
(SOCX - WOA)

Figure 4.3: (a) Averages of SST in ◦C over five years in the simulation SOCX. (b)
Differences in SST between the 5-year average in SOCX and the climatology from
WOA in K.

ocean model Miami Isopycnic Coordinate Model (MICOM; Bleck and Smith, 1990;
Bleck et al., 1992) forced by National Centers for Environmental Prediction (NCEP)
reanalysis (Kalnay et al., 1996) data, and coupled to a modified version of the
Community Atmosphere Model (CAM4; Neale et al., 2013; Kirkevåg et al., 2013),
respectively.

The cold bias in the North Atlantic was identified to be caused by a deviation
in the path of the North Atlantic Current (Marsland et al., 2003; Jungclaus et al.,
2006; Assmann et al., 2010). A similar effect can be observed in the Kuroshio
region, leading to higher SSTs in the simulation (Jungclaus et al., 2006) compared
to observations. These deviations of the simulated circulation patterns are common
to ocean models of comparable resolution (Assmann et al., 2010).

Too high SSTs compared to observations at the western coasts of Africa and the
Americas, as found in this study, have also been previously observed in model simu-
lations. These deviations can be explained by an underestimation of stratocumulus
clouds (Jungclaus et al., 2006; Pozzer et al., 2011) and too weak coastal upwelling
(Assmann et al., 2010; Pozzer et al., 2011) in these regions in the model system.
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(a) sea surface salinity (SOCX) (b) sea surface salinity difference (SOCX -
WOA)

Figure 4.4: (a) 5-year averages of SSS in PSU obtained in the simulation SOCX.
(b) Differences in SSS between the 5-year average in SOCX and the climatology
from WOA in PSU.

Sea surface salinity (SSS)

The spatial distribution of SSS is less well represented in the model system as the
SST, yielding a spatial correlation with WOA observations (Antonov et al., 2010)
of R = 0.748 and a simulated standard deviation normalised with respect to the
observed standard deviation of σ̂f = 0.858 (Fig. 4.2). This deviation in model
simulations is well known and attributed to deficiencies in the simulated hydrological
cycle of the atmospheric (sub-)model (Schneider et al., 2007, 2008). The spatial
distribution of simulated SSS is shown in Figure 4.4 (a), the differences of SSS between
the model system and estimates from WOA (Antonov et al., 2010) are presented in
Figure 4.4 (b). The deviation of the global mean SSS in the model system compared
to observations is −0.03PSU (Practical Salinity Units)[5]. The spatial distribution
reveals small, predominantly negative, deviations in the simulation throughout the
Southern Hemisphere and overestimates in the Northern Hemisphere Pacific and Indic.
Stronger positive deviations in simulated SSS can be found in the Kuroshio region
and at the western coast of North America. A strong negative bias is simulated in
the Atlantic north of 40 °N. These patterns are similar to those found in comparison
of the simulated SST with WOA data, associated with displaced circulation paths

[5]Practical Salinity S is defined in terms of K15, the ratio of conductivity of a seawater sample
to the conductivity of a potassium chloride (KCl) solution with a mass fraction of 32.4356× 10−3

measured at 15 ◦C and 1013.25 hPa, as: S = 0.0080− 0.1692K1/2
15 + 25.3851K15 + 14.0941K3/2

15 −
7.0261K2

15 + 2.7081K5/2
15 , 2 ≤ S ≤ 42. K15 = 1 corresponds to 35PSU (Dauphinée et al., 1981).
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in coarse resolution global ocean models (Marsland et al., 2003; Jungclaus et al.,
2006; Assmann et al., 2010). Furthermore the model overestimates SSS in the Arctic
by up to 3PSU, with an even higher overestimation at the Siberian coast. The too
high SSS in the Artic region is related to deficiencies in the representation of the
Arctic large scale freshwater cycle (Serreze et al., 2006), due to the model’s inability
to adequately represent the freshwater import from the Pacific through the Bering
Strait and the freshwater export through the Canadian Archipelago because of the
coarse resolution. However, these model results are in line with earlier simulations of
different model systems (Marsland et al., 2003; Tjiputra et al., 2013).

Net primary production (NPP) and export production (EP)

Oceanic biogeochemistry largely depends on its biological component phytoplankton.
Simulated phytoplankton concentrations are determined by production and decay
calculated in the biogeochemical submodel. Phytoplankton production by photosyn-
thesis is expressed in terms of Michael-Menten kinetics and includes limitations by
available nutrients, light, and temperature (for details, see Section 3.3).

At each coupling time step the total solar irradiance at the ocean’s surface,
averaged over the time span between the last and the current coupling time step (two
hours in the present study), is passed to the oceanic model domain. From the total
solar irradiance at a certain location, the available irradiance at all ocean depths can
be calculated (Eq. 3.3). The light limitation of the phytoplankton growth rate is then
calculated via the product of photosynthetically available radiation (PAR) and the
slope of the P-I-curve (production versus light intensity, Eq. 3.4). The initial slope of
the P-I-curve αPI is a model parameter in the biogeochemistry code, whose value can
be defined by the user at runtime (Appendix A). To keep the changes in the model
code as small as possible, in this study, the slope of the P-I-curve has been the only
model parameter changed in the submodel compared to the original HAMOCC code
(Appendix A lists an overview of all parameters used in the HAMOCC submodel in
this study).

For the irradiation at the ocean’s surface the value passed every two hours from
the atmosphere to the ocean domain is used. In the original HAMOCC code,
however, daily averages of the total irradiation are expected. Consequently, the
initial slope of the P-I-curve in this study was lowered from the original value
of αPI = 0.02 d−1 (Wm−2)−1 to αPI = 0.008 d−1 (Wm−2)−1. This value has been
derived by performing several test simulations with different values for αPI , aiming at
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(a) NPP SeaWiFS (b) NPP SOCX

(c) NPP SOCX - SeaWiFS (d) NPP (SOCX - SeaWiFS) / SeaWiFS

Figure 4.5: Averages of water column NPP in g(C)m−2 a−1 from (a) SeaWiFS
data calculated with CbPM for 1998 to 2002 and (b) in SOCX for five years of
simulation. (c) absolute difference and (d) relative difference in water column
NPP between SOCX and SeaWiFS in g(C)m−2 a−1 and %, respectively. Contours
denote relative differences. The broken contour indicates −50%, the interval
between solid contour lines is 100%.

achieving a primary production from photosynthesis, which is comparable to values
from the literature, and likewise a reasonable export production. The finally chosen
value of αPI = 0.008 d−1 (Wm−2)−1 yields an average NPP of 36.3Pg(C) a−1.

The annual mean net primary production (NPP) integrated over the water column
calculated from ocean colour retrievals of the Sea-viewing Wide Field-of-view Sensor
(SeaWiFS; O’Reilly et al., 1998) with the Carbon-based Productivity Model (CbPM;
Behrenfeld et al., 2005; Westberry et al., 2008) and simulated in the SOCX sensitivity
simulation are presented in Figures 4.5 (a) and 4.5 (b), respectively.
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The simulated global NPP from photosynthesis in SOCX of (36.3± 5.8) Pg(C) a−1

is at the lower end of the range from 33Pg(C) a−1 to 71Pg(C) a−1 from model
simulations by Carr et al. (2006) and lower than values estimated from satellite data
(43Pg(C) a−1 to 58Pg(C) a−1; Behrenfeld et al., 2006), with 52Pg(C) a−1 calculated
from the expanded CbPM by Westberry et al. (2008). The primary production in
this study is also lower compared to the simulated values by HAMOCC in different
Coupled Model Intercomparison Project (CMIP5) experiments for the year 1850
ranging from 55.83Pg(C) a−1 to 61.63Pg(C) a−1, using the original value of αPI and
a daily-mean solar irradiation at the ocean surface (Ilyina et al., 2013).

As can bee seen in the Taylor diagram (Fig. 4.2) the spatial correlation between the
annual averaged water column NPP in SOCX and the values derived from SeaWiFS
data is R = 0.352. The standard deviation in the simulation normalised with respect
to the standard deviation of the observation based estimate is σ̂f = 0.55. This low
spatial correlation is caused by large differences between the NPP distributions in the
model system and observations (Fig. 4.5). In the model system, less than half of the
NPP calculated from satellite ocean colour retrievals is simulated poleward of 40 °N
and 40 °S. Whereas between 40 °S and 40 °N, the observed spatial pattern in NPP is
well represented by the simulation, the amplitude is not, underestimating observed
maxima and overestimating observed minima. This clearly points to deficiencies in
the representation of phytoplankton growth in the model system.

The overall underestimation of the annually integrated global water column NPP
can be compensated with an increased value for the initial slope of light depended
photosynthesis αPI . Additional corrections may have to be applied to the temperature
dependency of phytoplankton growth (Eq. 3.5) and the half saturation constant
for PO3–

4 uptake KPO4
Phy (Eq. 3.8) to match model results to the observed spatial

distribution of NPP and surface ocean PO3–
4 concentrations.

In the submodel HAMOCC export production (EP) is defined as the amount
of particulate organic carbon (POC) transported out of the euphotic zone, i.e.
transported through the depth of 90m. The model system simulates an average global
EP of 7.3Pg(C) a−1. This value is lower than estimates ranging from 10Pg(C) a−1

to 21Pg(C) a−1 (Schlitzer, 2002; Laws et al., 2000) and the EP of 8.23Pg(C) a−1 to
9.07 Pg(C) a−1 simulated by HAMOCC in the Max Planck Institute Earth System
Model (MPI-ESM; Ilyina et al., 2013). As EP can be related as a first approximation
to NPP in the euphotic zone (Schneider et al., 2008), it is expected to increase with
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(a) PO4 SOCX (b) PO4 SOCX - WOA

Figure 4.6: (a) Averages of surface ocean molar PO3–
4 concentrations in

10−6 kmol(P)m−3 over five years in the simulation SOCX. (b) Differences in
surface ocean molar PO3–

4 concentrations between the 5-year average in SOCX
and the climatology from WOA in 10−6 kmol(P)m−3.

an increased global NPP. Thus an optimisation of phytoplankton growth may be
sufficient to simultaneously obtain a more realistic global NPP and global EP in the
model system.

Phosphate (PO4)

With a correlation coefficient of R = 0.61 and a normalised standard deviation
of σ̂f = 1.015 (Fig. 4.2), the spatial distribution of surface ocean orthophosphate
(PO3–

4 ) concentrations is moderately well represented in the model system compared
to WOA observations (Garcia et al., 2010). In the spatial distribution (Fig. 4.6 (a)),
regions of high surface ocean PO3–

4 concentrations are associated with regions of
strong upwelling and mixing, e.g. at the east coasts of South America and Africa,
in the Southern Ocean, the North Pacific, and the North Atlantic. However, the
absolute surface ocean PO3–

4 concentration is overestimated in the model system by
0.979× 10−6 kmol(P)m−3 on global average (Fig. 4.6 (b)). This overestimation is
obvious at mid latitudes, where surface ocean PO3–

4 concentrations are low. Here
the relative differences exceed more than 20 times the observed concentrations in
the eastern Pacific and the Atlantic. Low PO3–

4 sea surface concentrations at mid
latitudes are associated with a steady nutrient consumption by phytoplankton in
this region, where no light and temperature limitation for phytoplankton growth is
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(a) Si(OH)4 SOCX (b) Si(OH)4 SOCX - WOA

Figure 4.7: (a) 5-year averages of surface ocean molar Si(OH)4 concentrations
in 10−3 kmol(Si)m−3 in the simulation SOCX. (b) Differences in surface ocean
molar Si(OH)4 concentrations between the 5-year average in SOCX and the
climatology from WOA in 10−5 kmol(Si)m−3. Contour lines denote relative
differences between SOCX and WOA. The interval between contour lines is
1000%

expected throughout the year (Tjiputra et al., 2013). This points to deficiencies in
the simulation of phytoplankton growth and decay in the current model setup and is
in line with the above analysis of NPP.

Silicate (Si(OH)4)

Likewise, surface ocean concentrations of silicic acid (Si(OH)4) are overestimated
in the model simulation (Fig. 4.7), as too low NPP is simulated, resulting in lower
Si(OH)4 uptake. As in previous simulations of HAMOCC in the MPI-ESM (Ilyina
et al., 2013) and the Norwegian Earth System Model (NorESM; Tjiputra et al.,
2013), the model overestimates surface ocean Si(OH)4 concentrations in the Southern
Ocean. However, the absolute concentrations simulated in the present study are
about twice the values obtained from the other studies. Furthermore, the model
system overestimates Si(OH)4 concentrations in the tropical and subtropical oceans,
attributed to the underestimated NPP. These deficiencies are reflected in the low
correlation of R = 0.484 between the simulation and observations, and the standard
deviation of the simulation normalised with respect to observations of σ̂f = 2.858
(Fig. 4.2).
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Dimethyl sulphide (DMS)

DMS production is described according to Kloster et al. (2006) taking into account
the temperature dependent DMS production from phytoplankton, separated in opal-
and calcium carbonate-producing species in the detritus pool (Maier-Reimer et al.,
2005; Ilyina et al., 2013). Destruction of DMS is described as function of irradiance
(photolysis) and temperature dependent bacterial consumption. Because of the
production from phytoplankton, surface water DMS concentration depends indirectly
on photosynthesis.

For surface water DMS concentrations in the SOCX study a distinct annual cycle
of high concentrations, following the latitudes with highest irradiance can be seen,
which is also visible in the two climatologies of Kettle and Andreae (2000, used as
surface water DMS concentrations for BASE) and Lana et al. (2011, not shown).
Annual averages of surface water DMS concentrations of the BASE simulation, the
SOCX study, the Lana et al. (2011) climatology, and differences between these are
presented in Figure 4.8.

The Lana et al. (2011) climatology[6] is an update of the Kettle and Andreae
(2000) climatology[7]. An obvious change is the reduction in annual average surface
water DMS concentrations in the polar regions, the Atlantic, the east equatorial and
west Pacific. Especially in the polar regions Kettle and Andreae (2000) overestimate
surface water DMS concentrations, in west Antarctica up to a factor of two compared
to the updated climatology. At the Malay Archipelago and in the Indian Ocean
Lana et al. (2011) have more than 1.5 times higher values compared to Kettle and
Andreae (2000).

Surface water DMS concentrations in the SOCX experiment are generally 50%
lower in the polar regions compared to either of the climatologies. However, the
differences in SOCX to the more recent DMS climatology of Lana et al. (2011) are
smaller in the polar regions, than the difference of SOCX to the Kettle and Andreae
(2000) DMS climatology. DMS surface water concentrations are still overestimated
in the SOCX study compared to Lana et al. (2011) at the Malay Archipelago, the
subtropic Pacific, the Atlantic, and the tropic Indic. Compared to the differences
to the Kettle and Andreae (2000) climatology, these overestimations of SOCX are,
however, lower, especially in the Malay Archipelago, in the southern subtropical

[6]data available from http://www.bodc.ac.uk/solas_integration/implementation_
products/group1/dms/ (last accessed: 01.07.2013)

[7]data available from http://saga.pmel.noaa.gov/dms/ (last accessed: 01.07.2013)

http://www.bodc.ac.uk/solas_integration/implementation_products/group1/dms/
http://www.bodc.ac.uk/solas_integration/implementation_products/group1/dms/
http://saga.pmel.noaa.gov/dms/
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(a) DMS Lana et al. (2011) (b) DMS BASE - Lana et al. (2011)

(c) DMS BASE (d) DMS SOCX - Lana et al. (2011)

(e) DMS SOCX (f) DMS SOCX - BASE

Figure 4.8: (a), (c), (e): 5-year averages of surface water DMS molar concentrations
in 10−9 kmol(S)m−3. (b), (d), and (f): differences in surface water DMS molar
concentrations in 10−9 kmol(S)m−3. Contours denote relative differences, the
interval between contour lines is 50%.
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Pacific, and at the west coast of Northern America. In the southern subtropical
Indic the annual averaged DMS concentrations of SOCX compare quite well to the
values from Lana et al. (2011).

As simulated DMS concentrations depend on a production term, taking into
account production from opaline and calcium carbonate producing species in the
detritus pool, DMS is related to the simulated NPP. Thus, a clear similarity of
underestimation of both variables with respect to observations is visible in the
polar oceans poleward of 40° (cf. Figs. 4.5 (c) and 4.8 (d)). Overestimations
of sea surface DMS concentrations in the subtropical Pacific, the Atlantic, and
the Indic Ocean have, however, larger extends than the areas of overestimated
NPP. Not only an improvement of NPP in the model system is needed to obtain
simulated DMS concentrations closer to observation based estimates, but further
adaption of parameters describing DMS production and decay in the model system
may be necessary as well. This holds especially for the photolysis term in the
parameterisation, as a changed, more variable (two hourly) solar radiation is passed to
the biogeochemistry submodel compared to the original implementation of HAMOCC
(daily).

Carbon dioxide (CO2)

In the SOCX sensitivity study annual averaged surface water concentrations of
CO2 (Fig. 4.9) are overestimated in all regions compared to the climatology of
Takahashi et al. (2009)[8]. The highest overestimates occur in the tropical Pacific
and the tropical Atlantic, especially at the west coast of South America and the west
coast of Africa. Further overestimations, larger than 30% compared to Takahashi
et al. (2009) are at the latitudes poleward of 70° in both hemispheres. Despite the
general overestimation in the model simulation, the pattern of the surface ocean
CO2 concentrations form the climatology is well represented by the simulation. The
CO2 concentration shows a maximum in the tropics, surrounded by minima in the
subtropics, and small secondary maxima at higher latitudes.

The overestimation of surface water CO2 concentrations has several reasons. First,
the spatial extend of high CO2 concentrations is generally overestimated in the model
system (as shown by Ilyina et al., 2013). Second, specifically for the present study, the
spin-up phase for the oceanic biogeochemistry and air-sea gas exchange of 30 years
was too short to equilibrate the oceanic CO2 concentrations in the model system,

[8]data available from http://www.ldeo.columbia.edu/res/pi/CO2/carbondioxide/pages/
air_sea_flux_2010.html (last accessed: 01.07.2013)

http://www.ldeo.columbia.edu/res/pi/CO2/carbondioxide/pages/air_sea_flux_2010.html
http://www.ldeo.columbia.edu/res/pi/CO2/carbondioxide/pages/air_sea_flux_2010.html
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(a) CO2 Takahashi et al. (2009) (b) CO2 SOCX

(c) CO2 SOCX - Takahashi et al. (2009) (d) CO2 (SOCX - Takahashi) / |Takahashi|

Figure 4.9: Averages of surface water CO2 molar mixing ratios in
10−6 mol(CO2)mol(H2O)−1 from (a) the Takahashi et al. (2009) climatology
and (b) over five years of SOCX. (c) absolute difference and (d) relative difference
in surface water CO2 molar mixing ratios between SOCX and the Takahashi et al.
(2009) climatology in 10−6 mol(CO2)mol(H2O)−1 and %, respectively. Contours
denote relative differences, the interval between contour lines is 10%.

which was started from a non-equilibrated state between ocean and atmosphere. A
further aspect for the overestimation of CO2 concentrations is the reduced NPP in
the simulation compared to other studies.

Isoprene (C5H8)

Annually averaged surface water concentrations of C5H8 are shown in Figure 4.10. In
both simulations C5H8 concentrations are calculated via the empirical relationship
to chlorophyll concentrations from Eq. 3.10 (Broadgate et al., 1997). For the BASE
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(a) C5H8 BASE (b) C5H8 SOCX

(c) C5H8 SOCX - BASE (d) C5H8 (SOCX - BASE) / |BASE|

Figure 4.10: Averages of surface water C5H8 molar concentrations in
10−12 kmol(C)m−3 over five years of (a) BASE and (b) SOCX. (c) absolute
difference and (d) relative difference in surface water C5H8 molar concentration
SOCX and BASE in 10−12 kmol(C)m−3 and %, respectively. Contours denote
relative differences, the interval between contour lines is 100%.

simulation prescribed chlorophyll concentrations from the World Ocean Atlas (WOA;
Conkright et al., 2002[9]) are used. In SOCX the chlorophyll concentrations are
calculated from the simulated phytoplankton concentrations (Eq. 3.9). As chlorophyll
is overestimated in SOCX in the tropics (not shown), a similar overestimation is
visible in the C5H8 concentrations. In the subtropical regions of the Pacific, in the
subtropical Indic, and at the western coast of Africa the overestimation in SOCX
reaches a factor of two compared to the BASE simulation.

[9]data available from http://www.nodc.noaa.gov/OC5/WOA01/pr_woa01.html (last accessed
10.08.2013)

http://www.nodc.noaa.gov/OC5/WOA01/pr_woa01.html


4. Chemical coupling mechanisms between ocean and atmosphere 91

(a) N2O SOCX (b) CO SOCX

Figure 4.11: Averages of surface water molar concentrations of (a) N2O and (b)
CO in SOCX over five years. Units are 10−9 kmol(N)m−3 and 10−9 kmol(C)m−3,
respectively.

The deficiencies in the model’s representation of surface water C5H8 concentrations
are related to the simulation of NPP and the diagnostic relationship of C5H8 to
chlorophyll concentrations. As chlorophyll concentration is no prognostic model
variable, it is calculated via a simple relationship from the model system’s phyto-
plankton concentration (Eq. 3.9). However, for this relationship a constant carbon
to chlorophyll ratio RC:Chl is assumed. Whereas RC:Chl = 60 resembles observations
ranging from 27 to 67, in reality the phytoplankton chlorophyll content varies with
the availability of light and nutrients (Riemann et al., 1989). To improve the rep-
resentation of chlorophyll in the future model system, these variations have to be
taken into account for the parameterisation.

Nitrous oxide (N2O)

Surface water concentrations of N2O comprise maxima in the polar regions and a
minimum in the tropics (Fig. 4.11 (a)). Compared to the work of Freing et al. (2012),
who parameterise N2O production depending on apparent oxygen utilisation (AOU),
temperature, and depth, the SOCX simulation lacks maxima in the tropical high
productivity zones. This deficiency is directly related to the apparent underestimation
of NPP in the simulation.
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Carbon monoxide (CO)

CO concentrations in surface water show minima at high latitudes and maxima in
tropical waters (Fig. 4.11 (b)). This distribution is reasonable, as the production
of CO in seawater is a photochemical source (Eq. 3.11). The results of this model
simulation are in line with the spatial distribution of CO obtained from a simulation
study by Chu et al. (2007).

Discussion

Even with these partly profound deviations in oceanic concentrations from observation
based estimates of the chemical species in focus, caused by deficiencies in the
representation of oceanic biogeochemistry in the model system, further analysis of
the data obtained by the sensitivity studies is useful to evaluate the response of
the model system to modified forcings. Deficiencies in the oceanic concentrations
of climatologies derived from observations and aiming at reproducing the reality
have also to be taken into account, as in-situ measurements in the ocean are very
sparse. To overcome this sparseness in measurements, usually interpolation methods
in space and time are applied to the data. For instance, despite a threefold increase of
reported in-situ measurements of DMS used by Lana et al. (2011) compared to Kettle
and Andreae (2000), a temporal interpolation and substitution of undersampled
regions based on biogeographic provinces have been applied to fill gaps in the annual
cycle. Despite the increase in reported data from in-situ measurements, temporal
and spatial sparseness remaines a problem for oceanic data.

Therefore, analysing differences between the sensitivity simulations and the base-
line simulations provide further insight into the robustness of the model system and
the ability of the model to simulate reasonable responses to modified forcings in
terms of different oceanic concentrations and, hence, ocean-to-atmosphere fluxes.
Furthermore, upper estimates for impacts under heavily modified forcings may be
assessed. Focusing on relative differences between sensitivity studies, feedbacks of
individual processes acting in the coupled system can be investigated.

4.2.2 Evaluation of the fluxes between ocean and atmosphere

Total annual global integrals of ocean-to-atmosphere gas fluxes in the BASE sim-
ulation, in the sensitivity studies, and from literature are presented in Table 4.2.
The direction of fluxes between ocean and atmosphere are defined to be positive
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BASE SOCX SRFIX SDUST Literature

DMS
24.78± 5.64 23.57 ± 2.96 23.57 ± 2.95 23.64± 2.93 15–54a

Tg(S) a−1

CO2 – 3.50± 1.28 3.63± 1.31 3.46± 1.26 −(1–3)b
Pg(C) a−1

C5H8 0.069± 0.004 0.097 ± 0.014 0.097 ± 0.014 0.097 ± 0.014
0.1–1.2d

Tg(C) a−1 0.18–0.45e

N2O – 0.643± 0.252 0.643± 0.252 0.644± 0.252 1.2–6.8c
Tg(N) a−1

CO
9.8f 10.25± 0.99 10.26± 0.99 10.28± 0.98

8.5–86g

Tg(C) a−1 3.7 ± 2.6h

CH3OH
−1.52± 0.18 −1.48± 0.18 −1.48± 0.18 −1.49± 0.18

−(0.1–21)i

Tg(C) a−1 −6j

a Kettle and Andreae (2000), and references therein.
b Takahashi et al. (2009).
c Nevison et al. (1995).
d Palmer and Shaw (2005), and references therein.
e Arnold et al. (2009).
f Constant prescribed biogenic oceanic CO emissions.
g Bergamaschi et al. (2000); Ehhalt et al. (2001).
h Stubbins et al. (2006).
i Heikes et al. (2002); Galbally and Kirstine (2002); Jacob et al. (2005).
j Millet et al. (2008).

Table 4.2: 5-year averages and inter-annual standard deviations of the total global
ocean-to-atmosphere gas fluxes. Positive values are net fluxes from the ocean
to the atmosphere, negative values denote net uptake by the ocean.

for outgassing from the ocean and negative for ocean uptake throughout this study.
Comparing the total ocean-to-atmosphere gas fluxes of the sensitivity studies, only
small changes can be seen in the global integrals between different simulations.

This subsection focuses on the differences in the ocean-to-atmosphere fluxes
between the SOCX sensitivity study, the BASE study, measurements, and literature
values. Compared to the BASE simulation the SOCX study simulates interactive
oceanic biogeochemistry with the HAMOCC submodel. The air-sea gas exchange
in SOCX is calculated from the interactively calculated ocean’s surface chemical
concentrations, whereas in the BASE simulation these concentrations have been
prescribed.
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(a) DMS flux BASE (b) DMS flux SOCX

(c) DMS flux SOCX - BASE (d) DMS flux (SOCX - BASE) / |BASE|

Figure 4.12: 5-year averages of ocean-to-atmosphere gas fluxes for DMS in the (a)
BASE and in the (b) SOCX simulation. Units are 10−12 mol(S)m−2 s−1, positive
values are fluxes from the ocean into the atmosphere, negative values denote ocean
uptake. The annual total global ocean-to-atmosphere gas flux is given in g(S).
(c) absolute and (d) relative differences in 5-year averaged ocean-to-atmosphere
gas flux of DMS between SOCX and BASE. Units are 10−12 mol(S)m−2 s−1 and
%, respectively. The difference in the annual total global ocean-to-atmosphere
gas flux between SOCX and BASE is given in g(S). Contours denote the relative
difference in %, the interval between contour lines is 100%. Differences in ocean-
to-atmosphere gas fluxes in gray shaded areas are not significant on a 99% level
according to a two-sided Student’s t-test.

Dimethyl sulphide (DMS)

The globally integrated annual ocean-to-atmosphere gas fluxes of DMS in the sen-
sitivity simulations are comparable to the value obtained in the BASE simulation.
The DMS flux in BASE shows a higher inter-annual variablity than the simulated
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fluxes in the sensitivity studies. This is caused by larger monthly variation of DMS
fluxes calculated from the prescribed monthly oceanic DMS concentrations in BASE
compared to the sensitivity studies, based on interactively calculated oceanic DMS
concentrations (cf. Figs. 4.13, 4.14). The total global ocean-to-atmosphere gas fluxes
of DMS in all simulations are within the range of the values from literature (Tab.
4.2).

The spatial distribution of the ocean-to-atmosphere gas flux averaged over 5
simulated years for DMS in the BASE simulation and the SOCX sensitivity simulation
is presented in Figure 4.12. The DMS flux in the BASE simulation is calculated
from prescribed oceanic surface concentrations of DMS obtained from the Kettle
and Andreae (2000) climatology (Fig. 4.8 (c)). In the sensitivity simulation SOCX,
surface water DMS concentrations (Fig. 4.8 (e)) are calculated interactively by the
HAMOCC submodel based on the method implemented by Kloster et al. (2006).

Compared to BASE, the ocean-to-atmosphere DMS flux between 20° to 30° in
the Pacific in both hemispheres is more than twice as large in the SOCX sensitivity
simulation. Furthermore there are larger fluxes in the whole tropical and subtropical
Atlantic and in the southern tropical and subtropical Indic. These increased ocean-
to-atmosphere fluxes of DMS are in correspondence with the higher DMS surface
water concentrations in SOCX compared to BASE (Fig. 4.8 (f)).

Lower ocean-to-atmosphere fluxes of DMS in SOCX are apparent in the North
Pacific, the North Atlantic, and the Southern Ocean. These decreased ocean-to-
atmosphere fluxes in SOCX compared to BASE likewise correspond to the lower
DMS concentrations simulated by the interactive oceanic biogeochemistry module
compared to the prescribed values in the baseline simulation (Fig. 4.8 (f)). However,
in the BASE experiment the prescribed surface water DMS concentrations in the
Southern Ocean are too high compared to the more recent climatology of Lana et al.
(2011).

As differences in ocean-to-atmosphere gas fluxes of DMS are directly linked to
differences in the ocean surface DMS concentrations between the two simulations (Fig.
4.8 (f)), the results show that ocean-to-atmosphere fluxes of DMS are realistically
represented in the model system under changed ocean surface concentrations of
DMS. Global integrated annual air-sea fluxes for DMS in SOCX are comparable
to observations and the baseline simulation. The shift in spatial distribution from
BASE to SOCX provides a modified forcing on the atmospheric domain of the model
system. Despite the deficiencies in the model system to reproduce observations,
it is possible to assess the model system’s robustness, responses in atmospheric
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chemistry, and relative changes in atmospheric composition under changed forcings.
However, to simulate results close to observation based estimates, it is necessary to
achieve a better representation of NPP in the model system, to yield more realistic
ocean surface DMS concentration patterns. Furthermore, a revision of the DMS
parameterisation in the model is needed to obtain DMS concentrations, and thus
ocean-to-atmosphere fluxes of DMS, which are closer to observation based estimates.

A strong dependence on solar radiation can be seen in the BASE simulation (Fig.
4.13) and in the SOCX sensitivity experiment (Fig. 4.14) showing the annual cycle
of the DMS ocean-to-atmosphere gas flux. The monthly patterns in both simulations
are similar, indicating a reasonable simulation of the DMS ocean-to-atmosphere
flux in the model setup with interactive oceanic biogeochemistry. The intra-annual
variations in global integrated monthly DMS ocean-to-atmosphere gas fluxes are
comparable, with lower values in the SOCX simulation. This is mainly caused by
the lower DMS ocean-to-atmosphere fluxes in the Southern Ocean during December
to March (Figs. 4.15 (l), (a)–(c)), resulting in lower global integrated monthly fluxes
in these months, in the SOCX simulation compared to BASE. However, according to
the updated climatology of surface water DMS concentrations by Lana et al. (2011),
the climatology used in BASE (Kettle and Andreae, 2000) seems to overestimate
DMS concentrations in this region (Fig. 4.8 (b)).

Significantly higher DMS ocean-to-atmosphere gas fluxes in the SOCX simulation
are associated with the sun’s zenith (Fig. 4.15), affecting mainly latitudes from 0° to
40° in both hemispheres. Maxima of DMS fluxes are simulated in September and
October between 30 °S and 40 °S.

Throughout the year, in SOCX reduced oceanic sources of DMS emissions are
simulated in the polar and subpolar regions compared to the baseline experiment (Fig.
4.15). These reductions are significant in summer and autumn of both hemispheres.
From December to April at the Southern Ocean (Figs. 4.15 (l) and (a)–(d)) and from
May to October in the northern parts of the Atlantic and Pacific (Figs. 4.15 (e)–(j)).

The simulated surface ocean DMS concentrations are closer to the updated DMS
climatology of Lana et al. (2011) as to the Kettle and Andreae (2000) climatology
used in BASE (Fig. 4.8), so the differences in DMS flux in SOCX are lower when
compared to the updated climatology. However, as noted before, there is room for
improvement of simulated sea surface DMS concentrations in the model system by
an improved representation of NPP adapted to the increased coupling frequency of
solar radiation from the atmospheric model domain.
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(a) January (b) February (c) March

(d) April (e) May (f) June

(g) July (h) August (i) September

(j) October (k) November (l) December

Figure 4.13: 5-year monthly climatology of DMS ocean-to-atmosphere gas fluxes
in 10−12 mol(S)m−2 s−1 derived from the BASE simulation. 5-year averages of
the monthly total global ocean-to-atmosphere gas fluxes are listed in g(S).
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(a) January (b) February (c) March

(d) April (e) May (f) June

(g) July (h) August (i) September

(j) October (k) November (l) December

Figure 4.14: 5-year monthly climatology of DMS ocean-to-atmosphere gas fluxes
in 10−12 mol(S)m−2 s−1 derived from the SOCX simulation. 5-year averages of
the monthly total global ocean-to-atmosphere gas fluxes are listed in g(S).
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(a) January (b) February (c) March

(d) April (e) May (f) June

(g) July (h) August (i) September

(j) October (k) November (l) December

Figure 4.15: Differences in 5-year monthly climatology of DMS ocean-to-atmosphere
gas fluxes in 10−12 mol(S)m−2 s−1 between SOCX and BASE. Differences in the
5-year averages of the monthly total global ocean-to-atmosphere gas fluxes are
given in g(S). Contours denote relative differences in %, the interval between
contour lines is 100%. Differences in ocean-to-atmosphere gas fluxes in gray
shaded areas are not significant on a 99% level according to a two-sided Student’s
t-test.



100 4.2. Gas exchange between ocean and atmosphere

(a) CO2 flux Takahashi et al. (2009) (b) CO2 flux SOCX

(c) CO2 flux SOCX - Takahashi et al. (2009) (d) CO2 flux (SOCX - Takahashi) /
|Takahashi|

Figure 4.16: Averages of ocean-to-atmosphere gas fluxes for CO2 from (a) the
Takahashi et al. (2009) climatology and (b) five years SOCX simulation. Units are
10−9 mol(C)m−2 s−1, positive values are fluxes from the ocean into the atmosphere,
negative values denote ocean uptake. Annual total global ocean-to-atmosphere gas
fluxes are given in g(C). (c) absolute and (d) relative differences in averaged ocean-
to-atmosphere gas flux of CO2 between the Takahashi et al. (2009) climatology
and SOCX. Units are 10−9 mol(C)m−2 s−1 and %, respectively. Differences in
annual total global ocean-to-atmosphere gas fluxes between SOCX and Takahashi
et al. (2009) are given in g(C). Contours denote relative differences in %, contour
lines are at −500%, −100%, 100% and 500%.

Carbon dioxide (CO2)

Figure 4.16 shows the averaged ocean-to-atmosphere gas fluxes of CO2 from the
Takahashi et al. (2009) climatology and the 5-year simulation SOCX. In agreement
with the overestimation of CO2 surface water concentrations in the sensitivity
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simulation (Fig. 4.9), ocean-to-atmosphere gas fluxes are increased in most regions
over the global ocean (Figs. 4.16 (c), 4.16 (d)). Most prominent are the largely
overestimated strengths and extends of CO2 outgassing over the tropics and the
Southern Ocean. Despite the overestimation of surface water CO2 concentrations,
regions of ocean uptake of CO2 are apparent in the model system (Fig. 4.16 (b)).
The overall pattern, with only small annual variation (not shown) is reproduced by
the model system. However, the annual global total ocean-to-atmosphere flux in
the model system is 3.5Pg(C) a−1 (see also Table 4.2), compared to −1.5Pg(C) a−1

calculated from the Takahashi et al. (2009) climatology. Thus the CO2 air-sea flux
is not only overestimated in the SOCX sensitivity study, but also represents a net
source to the atmosphere, whereas an oceanic sink for atmospheric CO2 is expected
(Table 4.2).

This discrepancy in the model system is caused by the poor representation of
NPP in the model system. Furthermore, the limited spin-up phase of the oceanic
concentrations, starting from non-equilibrated CO2 air-sea gas fluxes, and the con-
stant atmospheric CO2 concentrations used in the time-slice experiments contributes
to the deficiencies in the presented simulations. It is important to note, however,
that in this study atmospheric concentrations of CO2 are prescribed and the model
system is operated in QCTM mode. Thus ocean-to-atmosphere fluxes of CO2 are
purely diagnostic and have no impact on neither the simulated climate, nor the
atmospheric chemistry.

For the simulation of realistic surface water CO2 concentrations, as well as ocean-to-
atmosphere gas fluxes, special care has to be taken at the initialisation and the spin-up
phase to reach distributions close to the equilibrium state (Tjiputra et al., 2013).
Furthermore, a transient simulation with changing atmospheric CO2 concentrations,
or changing anthropogenic CO2 emissions over time has to be performed in a future
study to evaluate the model system with respect to CO2 air-sea gas exchange. Such
a simulation, starting from pre-industrial conditions with a carefully equilibrated
model system, including a compiled CO2 emission database from the model start to
present conditions, however, is beyond the scope of this study.

Isoprene (C5H8)

The C5H8 ocean-to-atmosphere gas flux is presented in Figure 4.17 for the baseline
and the sensitivity simulation including interactive oceanic biogeochemistry. In
SOCX the 5-year averaged ocean-to-atmosphere gas flux of C5H8 is significantly
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(a) C5H8 flux BASE (b) C5H8 flux SOCX

(c) C5H8 flux SOCX - BASE (d) C5H8 flux (SOCX - BASE) / |BASE|

Figure 4.17: 5-year averages of ocean-to-atmosphere gas fluxes for C5H8 (a) in
BASE and (b) in SOCX. Units are 10−12 mol(C)m−2 s−1, positive values are fluxes
from the ocean into the atmosphere, negative values denote ocean uptake. Annual
total global ocean-to-atmosphere gas fluxes are given in g(C). (c) absolute and
(d) relative differences in 5-year averaged ocean-to-atmosphere gas flux of C5H8
between SOCX and BASE. Units are 10−12 mol(C)m−2 s−1 and %, respectively.
The differences in the annual total global ocean-to-atmosphere gas flux between
SOCX and BASE are given in g(C). Contours denote the relative difference in %,
the interval between contour lines is 100%. Differences in ocean-to-atmosphere
gas fluxes in gray shaded areas are not significant on a 99% level according to a
two-sided Student’s t-test.

larger than in BASE between 40 °N and 40 °S, in some regions up to a factor of
three. The band of higher emissions in SOCX is in an area with minimum C5H8

outgassing in the tropics and subtropics in the baseline experiment. In BASE, the
maximum fluxes from the ocean into the atmosphere for C5H8 are reached at higher
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Figure 4.18: 5-year average of ocean-to-atmosphere gas fluxes for N2O in SOCX.
Units are 10−12 mol(N)m−2 s−1, positive values are fluxes from the ocean into
the atmosphere, negative values denote ocean uptake. The annual total global
ocean-to-atmosphere gas flux is given in g(N).

latitudes, north of 40 °N in the Atlantic and Pacific, and between 40 °S and 60 °S.
This is in line with the surface water C5H8 concentrations in the baseline simulation
(Fig. 4.10). With online calculated surface water C5H8 concentrations, the maximum
outgassing is located in the tropics and subtropics. This is a consequence of the
parameterisation of C5H8 based on chlorophyll concentrations (Eq. 3.10).

The total global annual ocean-to-atmosphere flux of C5H8 is lower (in both simu-
lations) than the estimates found in literature (Table 4.2). It reaches 0.1Tg(C) a−1

in SOCX, which is at the low end of literature values ranging from 0.1Tg(C) a−1 to
1.2Tg(C) a−1 (Palmer and Shaw, 2005, and references therein), whereas the value of
0.07 Tg(C) a−1 in BASE is below these estimates.

Nitrous oxide (N2O)

The annual averages of the ocean-to-atmosphere N2O flux in SOCX (Fig. 4.18)
show maxima in the equatorial Pacific and south of the Equator in the Atlantic.
These maxima are persistent throughout the year (Fig. 4.19) varying, however, in
strength, with largest values in August (Fig. 4.19 (h)). The largest variability in the
atmosphere-to-ocean flux of N2O can be seen in the polar regions, with changes from
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ocean outgassing of N2O in the winter months of the particular hemisphere, and
ocean uptake during the rest of the year (Fig. 4.19). This reflects the solubility pump
for N2O air-sea gas exchange. For the almost constant oceanic and atmospheric
concentrations of N2O, ocean-to-atmosphere flux is controlled by the solubility of
N2O in seawater, which depends on the sea surface temperature.

The total annual global ocean-to-atmosphere flux of N2O in the sensitivity ex-
periments, for which air-sea gas exchange is calculated from surface ocean chemical
concentrations interactively calculated via the oceanic biogeochemical submodel, is
0.64Tg(N) a−1. This value is only about half the lowest ocean-to-atmosphere flux of
N2O estimated in literature (Table 4.2), where the N2O ocean-to-atmosphere flux is
suggested to be in the range of 1.2Tg(N) a−1 to 6.8Tg(N) a−1 (Nevison et al., 1995).
As N2O has no direct impact on the tropospheric chemistry on the time-scale of some
years as focused on in this study, atmospheric N2O mixing ratios were prescribed
via the submodel TNUDGE in the atmosphere. The ocean-to-atmosphere N2O flux
in the sensitivity experiment is therefore a purely diagnostic quantity. The too
low ocean-to atmosphere flux of N2O compared to estimates in literature hints to
underestimations of surface ocean N2O concentrations in the sensitivity experiment.

As noted before, the ocean surface N2O distribution lacks maxima in the tropical
high productivity zones (Fig. 4.11 (a)). This deficiency in the model system is
also related to the underestimation of NPP in the simulations, as the N2O ocean
concentrations depend on oceanic biogeochemistry—more specifically on aerobic
remineralisation of detritus and dissolved organic matter.

Carbon monoxide (CO)

In BASE, ocean-to-atmosphere fluxes of CO (Fig. 4.20 (a)) exhibit almost no an-
nual cycle, as constant surface concentrations are prescribed throughout the year.
Variations in air-sea gas exchange are induced by the meteorological situation only,
determining the thermodynamic driving potential as atmospheric CO concentrations
change. As CO concentrations in sensitivity studies are determined from photo-
chemical production (Eq. 3.11), maxima in surface ocean CO concentrations and,
consequently, maxima in ocean-to-atmosphere fluxes of CO move with sun’s zenith.
In the annually averaged air-sea gas exchange of CO for the SOCX experiment, max-
ima in the ocean-to-atmosphere CO flux are apparent in the tropics and subtropics.
Compared to the baseline experiment with prescribed CO fluxes from the ocean,
SOCX simulates larger annual mean ocean-to-atmosphere fluxes in a latitudinal band
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(a) January (b) February (c) March

(d) April (e) May (f) June

(g) July (h) August (i) September

(j) October (k) November (l) December

Figure 4.19: 5-year monthly climatology of N2O ocean-to-atmosphere gas fluxes
in 10−12 mol(N)m−2 s−1 over five years of SOCX. 5-year averages of the monthly
total global ocean-to-atmosphere gas flux are listed in g(N).
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(a) CO flux BASE (b) CO flux SOCX

(c) CO flux SOCX - BASE (d) CO flux (SOCX - BASE) / |BASE|

Figure 4.20: 5-year averages of ocean-to-atmosphere gas fluxes of CO (a) in BASE
and (b) in SOCX. Units are 10−12 mol(C)m−2 s−1, positive values are fluxes from
the ocean into the atmosphere, negative values denote ocean uptake. Annual
total global ocean-to-atmosphere gas fluxes are given in g(C). (c) absolute and
(d) relative differences in 5-year averaged ocean-to-atmosphere gas flux of CO
between SOCX and BASE. Units are 10−12 mol(C)m−2 s−1 and %, respectively.
The differences in the annual total global ocean-to-atmosphere gas flux between
SOCX and BASE are given in g(C). Contours denote relative differences in %,
the interval between contour lines is 100%. Differences in ocean-to-atmosphere
gas fluxes in gray shaded areas are not significant on a 99% level according to a
two-sided Student’s t-test.

from 40 °N to 40 °S (Figs. 4.20 (c), 4.20 (c)). Between 20 °N and 20 °S this excess
reaches a factor of more than three. In subpolar and polar regions, the annually
averaged CO ocean-to-atmosphere fluxes in SOCX are lower by 50% compared to
the fluxes prescribed in BASE.
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Total Annual global ocean-to-atmosphere fluxes of CO in BASE and SOCX reach
9.8Tg(C) a−1 and 10.25Tg(C) a−1, respectively. Both results are in accordance with
literature values ranging from 8.5Tg(C) a−1 to 86Tg(C) a−1 (Bergamaschi et al.,
2000; Ehhalt et al., 2001), however, they are larger than a more recent estimate
derived from measurements of (3.7 ± 2.6)Tg(C) a−1 by Stubbins et al. (2006).

As the surface concentrations of CO are simulated reasonably well in the model
system (cf. Fig. 4.11 (b)), the simulated air-sea fluxes are also expected to be
represented well. Compared to the air-sea fluxes of CO in the baseline simulation
with constant surface ocean CO concentrations, CO fluxes in SOCX with online
calculated surface concentrations show a larger spatial variability, with highest fluxes
in the tropical region. This result is in line with the simulated surface ocean CO
concentrations (cf. Fig. 4.11 (b)).

Methanol (CH3OH)

The ocean-to-atmosphere flux of CH3OH is calculated with an approach using a
constant under-saturation of oceanic surface water CH3OH concentration compared
to the atmospheric CH3OH concentration at the ocean’s surface (Singh et al., 2003;
Pozzer, 2007). The saturation coefficient for surface ocean water is 0.94 in all
simulations conducted in this study. Between the sensitivity studies only differences
in air-sea gas exchange of CH3OH in regions with different atmospheric CH3OH
surface concentrations are expected, as the “virtual” oceanic surface concentration is
determined by the saturation coefficient.

In Figure 4.21 the annually averaged net CH3OH fluxes for BASE and SOCX,
as well as differences in the annually averaged ocean-to-atmosphere CH3OH fluxes
between the two experiments are presented. Due to the approach using a saturation
coefficient for surface ocean water concentrations of CH3OH smaller than 1, an under-
saturation with respect to the atmospheric concentration of CH3OH is prescribed
over the whole ocean domain. Consequently, ocean-to-atmosphere fluxes for CH3OH
are negative over the ocean (Figs. 4.21 (a), 4.21 (b)).

Relative differences in the annually averaged CH3OH air-sea gas exchange between
SOCX and BASE are in the range of −4% to 20% and reach significant levels only
regionally in the Pacific east of New Zealand and west of the South American coast
(Figs. 4.21 (c), 4.21 (d)). Warm colours (and positive values) in Figures 4.21 (c) and
4.21 (d) denote lower CH3OH ocean uptake in SOCX, thus lower atmospheric mixing
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(a) CH3OH flux BASE (b) CH3OH flux SOCX

(c) CH3OH flux SOCX - BASE (d) CH3OH flux (SOCX - BASE) / |BASE|

Figure 4.21: Averages of ocean-to-atmosphere gas fluxes for CH3OH (a) in BASE
and (b) in SOCX over five years. Units are 10−12 mol(C)m−2 s−1, positive values
are fluxes from the ocean into the atmosphere, negative values denote ocean
uptake. The total annual global ocean-to-atmosphere gas flux is given in g(C). (c)
absolute and (d) relative differences in 5-year averaged ocean-to-atmosphere gas
flux of CH3OH between SOCX and BASE. Units are 10−12 mol(C)m−2 s−1 and
%, respectively. The difference in the annual total global ocean-to-atmosphere
gas flux between SOCX and BASE is given in g(C). Contours denote the relative
difference, the interval between contour lines is 2%. Differences in ocean-to-
atmosphere gas fluxes in gray shaded areas are not significant on a 99% level
according to a two-sided Student’s t-test.

ratios of CH3OH are expected in the polar regions in SOCX compared to BASE. In
the regions of larger CH3OH uptake in SOCX (cold colours; negative values) higher
atmospheric mixing ratios of CH3OH than in BASE are expected in SOCX.
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Relation between ocean-to-atmosphere flux and surface water concentra-
tion

Investigation of the relation between oceanic surface water concentrations and the
ocean-to-atmosphere fluxes results in scatter diagrams as shown in Fig. 4.22 for DMS,
C5H8, CO, CO2, and N2O. For the trace gases relevant for tropospheric chemistry,
whose atmospheric concentrations are determined interactively by the atmospheric
chemistry submodel (DMS, C5H8, and CO), a compact, in first approximation linear
relation of their ocean-to-atmosphere flux with the corresponding surface water
concentration are found. The linear response of the ocean-to-atmosphere flux of
these gases to their oceanic surface water concentration gives confidence in the model
system’s ability to respond reasonably to sufficiently moderate changes in the oceanic
concentration and, hence, corresponding changes in oceanic biogeochemistry.

4.2.3 Impact on atmospheric composition

The atmospheric chemical composition in the marine boundary layer and—depending
on the atmospheric residence times of the species and its chemical products in focus—
the free troposphere is impacted by gas exchange at the ocean’s interface. This is
analysed next.

Dimethyl sulphide (DMS), sulphur dioxide (SO2), and sulphuric acid
(H2SO4)

The atmospheric burden of DMS integrated between the surface and 850 hPa in
the baseline simulation (BASE) and in the sensitivity simulation with air-sea gas
exchange determined from surface ocean concentrations interactively simulated by
the HAMOCC submodel (SOCX) is presented in Figure 4.23. A significant decrease
of DMS is apparent over the Southern Ocean in SOCX compared to BASE (Figs.
4.23 (c), 4.23 (d)). This reduction is directly linked to the smaller ocean-to-atmosphere
fluxes of DMS in SOCX (Fig. 4.12), related to lower ocean surface concentrations
of DMS compared to BASE in this region (Fig. 4.8). A lower atmospheric DMS
burden near the surface in SOCX is also simulated in the northern Atlantic, the
equatorial and the northern Pacific. The atmospheric DMS burden is larger in the
sensitivity simulation over the Indic, the subtropical and tropical Atlantic, and the
subtropical Pacific, where locally more than three times the values of the BASE
simulation are reached. The pattern of differences in the atmospheric DMS burden
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(a) DMS SOCX (b) C5H8 SOCX

(c) CO SOCX (d) CO2 SOCX

(e) N2O SOCX

Figure 4.22: Scatter diagrams of ocean-to-atmosphere fluxes versus surface water
concentration at each model grid-point for (a) DMS, (b) C5H8, (c) CO, (d) CO2,
and (e) N2O. In red linear regression lines, calculated using the method of least
squares, are shown. The regression coefficients a and b, the sample correlation
coefficient r, and the squared correlation coefficient r2 are listed for the individual
gases.
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(a) DMS burden BASE (b) DMS burden SOCX

(c) DMS burden SOCX - BASE (d) DMS burden (SOCX - BASE) / |BASE|

Figure 4.23: 5-year averages of atmospheric DMS burden integrated from the
surface to 850 hPa (a) in BASE and (b) in SOCX. Units are 10−3 g(S)m−2. The
annual average global burden between the surface and 850 hPa is listed in g(S).
(c) absolute and (d) relative differences in 5-year averaged atmospheric DMS
burden between SOCX and BASE. Units are 10−3 g(S)m−2 and %, respectively.
The difference in the yearly averaged global atmospheric DMS burden integrated
from the surface to 850 hPa between SOCX and BASE is given in g(S). Contours
denote relative differences in %, the interval between contour lines is 100%.
Differences in atmospheric burdens in gray shaded areas are not significant on a
99% level according to a two-sided Student’s t-test.

between the surface and 850 hPa (Figs. 4.23 (c), 4.23 (d)) is directly correlated with
the difference pattern of DMS ocean-to-atmosphere fluxes between BASE and SOCX
(Figs. 4.12 (c), 4.12 (d)). This shows the direct impact of elevated and suppressed
ocean-to-atmosphere fluxes on the near surface atmospheric DMS mixing ratios.
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(a) SO2 burden SOCX - BASE (b) SO2 burden (SOCX - BASE) / |BASE|

(c) H2SO4 burden SOCX - BASE (d) H2SO4 burden (SOCX - BASE) /
|BASE|

Figure 4.24: Absolute (left column) and relative (right column) differences in
atmospheric (a), (b) SO2 and (c), (d) H2SO4 burden integrated from the surface
up to 850 hPa between SOCX and BASE. Units are 10−6 g(S)m−2 for (a), (c)
and % for (b), (d). Differences in the annual averaged global atmospheric burden
integrated from the surface to 850 hPa between SOCX and BASE are listed in
g(S). Contours denote relative differences in %, the interval between contour
lines is 20%. Differences in atmospheric burdens in gray shaded areas are not
significant on a 99% level according to a two-sided Student’s t-test.

Sulphur dioxide (SO2) is a product of DMS oxidation with the hydroxyl radical
(OH) and the nitrate radical (NO3) in the atmosphere (Section 2.2.1). The differences
between SOCX and BASE of the atmospheric burden of SO2 (Figs. 4.24 (a), 4.24 (b))
in the lower atmosphere up to 850 hPa exhibit the same difference patterns as DMS
(Figs. 4.23 (c), 4.23 (d)). The near surface atmospheric burden of SO2 is significantly
higher in SOCX, with values exceeding the BASE simulation by more than 60%,
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in the subtropical Pacific and throughout the tropical and subtropical Atlantic and
Indic (Fig. 4.24 (b)). Lower values in SOCX are found in the equatorial Pacific
and at the western coast of South America, as well as in the polar oceans. In the
Antarctic Ocean, the atmospheric SO2 burden up to 850 hPa reaches only 30% of
the value in BASE. This is associated with the strong DMS source in Antarctic
waters in BASE, which are not reproduced in the SOCX experiment (Fig. 4.12).

A further secondary product of atmospheric DMS oxidation, forming via the
reaction of SO2 with OH is H2SO4. In Figures 4.24 (c) and 4.24 (d) absolute and
relative differences in the annually averaged atmospheric H2SO4 burden between the
surface and 850 hPa are presented, respectively. The differences in the distribution of
H2SO4 are similar to those of SO2 and DMS. Significant changes of H2SO4 between
BASE and SOCX are simulated in areas of correspondingly significant changes in SO2

burdens. However, the effect is weaker for H2SO4, as it is scavenged efficiently from
the gas-phase. Over the Southern Ocean, a significant decrease of the atmospheric
H2SO4 burden in the layer up to 850 hPa can only be found between 30 °W to
180 °W with respect to BASE. This is the area with the largest decrease in ocean-
to-atmosphere fluxes of DMS (Fig. 4.12 (c)) and surface water DMS concentrations
(Fig. 4.8 (f)) in SOCX compared to BASE.

Differences in the zonally averaged mixing ratios of DMS, SO2, and H2SO4 between
SOCX and BASE averaged over five years of simulation are presented in Figure
4.25 for the whole troposphere. Common features of all three tracer distributions
are the lower mixing ratios in SOCX compared to BASE in the subpolar and polar
regions and higher mixing ratios in the subtropics and tropics. Significantly lower
atmospheric DMS mixing ratios are simulated also at high latitudes up to 200 hPa
in SOCX, reaching less than 20% of the mixing ratios in BASE (Fig. 4.25 (a)). Two
maxima of significantly higher DMS mixing ratios compared to BASE are apparent
between 0° and 30 °S and between 10 °N and 30 °N, reaching a local maximum of
more than two times the DMS mixing ratio of BASE at about 800 hPa between 20 °N
and 30 °N.

The differences between the zonally averaged SO2 mixing ratios in SOCX and
BASE (Fig. 4.25 (b)) resemble the corresponding differences of DMS mixing ratios.
Over the Southern Ocean, simulated SO2 mixing ratios in SOCX are significantly
lower than in the BASE simulation, reaching only 20% of the value in BASE at
75 °S near the surface. In the southern tropics SO2 mixing ratios are higher in
SOCX compared to BASE throughout the atmosphere. In the northern hemisphere,
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(a) DMS SOCX - BASE (b) SO2 SOCX - BASE

(c) H2SO4 SOCX - BASE

Figure 4.25: Differences of zonally averaged atmospheric mixing ratios of DMS
(in 10−9 molmol−1), SO2 (in 10−9 molmol−1), and H2SO4 (in 10−12 molmol−1)
between SOCX and BASE averaged over five years. Contour lines denote relative
differences in mixing ratios between SOCX and BASE in %, the interval between
contour lines is 20%. Differences in mixing ratios in gray shaded areas are not
significant on a 99% level according to a two-sided Student’s t-test.

the meridional gradient of DMS is similar as in the southern hemisphere, but no
significant changes are detected in the zonally averaged atmospheric SO2 mixing
ratios.

The differences in zonally averaged H2SO4 mixing ratios (Fig. 4.25 (c)) are similar
to the difference patterns in DMS and SO2 mixing ratios between SOCX and BASE.
The absolute differences in the H2SO4 mixing ratios are smaller than in the SO2

mixing ratios, as H2SO4 is a product of SO2 oxidation and it is efficiently removed
from the gas-phase by scavenging and wet deposition due to its high solubility. The
main features are the significantly lower atmospheric H2SO4 mixing ratios near the
surface in SOCX compared to BASE between 60 °S and 80 °S and poleward of 70 °N,
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(a) DMS Amsterdam Island (b) DMS Cape Grim

Figure 4.26: Monthly atmospheric DMS mixing ratios in 10−12 molmol−1 at (a)
Amsterdam Island and (b) Cape Grim. Blue broken lines denote measurements
from Sciare et al. (2000) for the period 1990 to 1999 at Amsterdam Island and
from Ayers et al. (1995) for the period 1988 to 1993 at Cape Grim, black lines
are 5-year monthly climatologies from the BASE simulation, red lines are 5-year
monthly climatologies from the SOCX simulation. Shaded areas denote inter-
annual monthly standard deviations, for Cape Grim no standard deviations have
been reported for the observations.

and the significantly larger H2SO4 mixing ratios in the subtropics near the surface
at 30 °N and between 0° and 20 °S, reaching higher up into the atmosphere in the
convection zones.

A comparison of the BASE and the SOCX results with measurements over more
than ten years at Amsterdam Island in the South Pacific (Sciare et al., 2000) and
over four and a half years at Cape Grim in Tasmania (Ayers et al., 1995) are
shown in Figure 4.26. Both simulations reasonably capture the annual cycle of
atmospheric DMS mixing ratios at these measurement stations. However, in SOCX
the maximum of DMS mixing ratios at Amsterdam Island is simulated one month
too early (December) with too large value and with a larger inter-annual variability.
From April to June and in August, atmospheric DMS mixing ratios are overestimated
in the baseline simulation, while in SOCX they are underestimated from May to
October.

At Cape Grim, the SOCX simulation is more in line with the measurements than
BASE. In BASE, the atmospheric DMS mixing ratios at the measurement station are
overestimated throughout the year. The annual maximum is shifted by one month,
from January (in the measurements) to February (in the simulation). In the SOCX
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simulation, DMS mixing ratios are overestimated from October to February, with the
maximum simulated one month too early, in December. A small underestimation can
be seen in SOCX also during the period July to September. Overall, both simulations
reproduce the measurements at the two stations reasonably well, given the issue that
comparisons of point measurements with model simulations on a coarse grid have to
be treated with caution.

In summary, the differences in atmospheric mixing ratios of DMS resemble the
spatial pattern of the differences in the ocean-to-atmosphere DMS flux. This pattern
is reproduced in the atmospheric burden near the surface (Fig. 4.23) and in the zonal
DMS distribution (Fig. 4.25 (a)). The products of atmospheric DMS oxidation, SO2

and H2SO4, show differences similar to those in atmospheric DMS mixing ratios (Figs.
4.24, 4.25 (b), 4.25 (c)). This indicates a reasonable simulation of the response of
atmospheric mixing ratios of the sulphur containing species to a modified air-sea gas
exchange of DMS, which can be considered as forcing for the atmospheric composition
at the lower boundary of the domain.

Isoprene (C5H8), formaldehyde (HCHO), hydroxyl radical (OH), ozone
(O3), carbon monoxide (CO), and methanol (CH3OH)

Relative differences in the atmospheric burden of C5H8 up to 850 hPa between SOCX
and BASE, shown in Figure 4.27 (a), are directly related to changes in the C5H8 air-
sea gas exchange between SOCX and BASE (Fig. 4.17 (d)), as all the other sources
of C5H8 are identical in both simulations. Atmospheric C5H8 mixing ratios in the
lower atmosphere over the ocean are significantly larger in the tropics and subtropics,
whereas over the polar oceans significantly lower mixing ratios are found in SOCX
compared to the baseline simulation. This effect is limited to the atmosphere above
the ocean, thus only slightly elevated C5H8 mixing ratios are seen near the Equator
after averaging zonally in Figure 4.28 (a). The relative differences in the zonally
averaged atmospheric mixing ratios between SOCX and BASE in the tropical and
subtropical atmosphere are below 20%, as the small differences over land are also
taken into account in the zonal average. Additionally, C5H8 emissions over land are
much higher than over the ocean.

The effect of lower C5H8 emissions from the polar and subpolar ocean in SOCX
is apparent in the atmospheric C5H8 mixing ratios in the lower atmosphere. The
relative differences between SOCX and BASE in zonally averaged C5H8 mixing ratios
at latitudes between 50 °S and 90 °S is more than −60% (Fig. 4.28 (a)) because
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(a) C5H8 burden (SOCX - BASE) / |BASE| (b) HCHO burden (SOCX - BASE) /
|BASE|

(c) OH burden (SOCX - BASE) / |BASE| (d) O3 burden (SOCX - BASE) / |BASE|

(e) CO burden (SOCX - BASE) / |BASE| (f) CH3OH burden (SOCX - BASE) /
|BASE|

Figure 4.27: Relative differences in atmospheric burden integrated from the surface
up to 850 hPa of C5H8, HCHO, OH, O3, CO, and CH3OH between SOCX and
BASE averaged over five years of simulation. Units are %. The interval between
contour lines is for (a) 50%, for (b) 5%, for (c) 10%, for (d) and (e) 1%, and
for (f) 5%. Differences in gray shaded areas are not significant on a 99% level
according to a two-sided Student’s t-test.
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of the large ocean coverage. At high northern latitudes between 70 °N and 90 °N
changes in atmospheric C5H8 mixing ratios are significant, with the lowest values
reaching less than 20% of the original C5H8 mixing ratio in BASE.

The modified atmospheric C5H8 mixing ratios in SOCX have a direct impact on
atmospheric mixing ratios of HCHO, OH, and O3. This can be seen in the relative
differences of atmospheric burdens integrated between the surface and 850 hPa (Figs.
4.27 (b)–(d)) and the zonally averaged atmospheric mixing ratios (Figs. 4.28 (b)–(d))
of these species. The differences in atmospheric burdens of OH, O3, and CO are,
however, statistically not significant on a 99% confidence level over the five years of
simulation. This could be related to the short time-span used for the analysis, and
needs to be analysed with longer simulations. Alternatively, inherently stabilising
effects could be responsible as well. It is known, for instance, that the HOx cycle in
the atmosphere is well buffered (Lelieveld et al., 2002, 2008; Montzka et al., 2011).

Nonetheless, also the insignificant difference patterns in atmospheric burdens of
OH, O3, and CO are consistent and can be explained by the simulated atmospheric
chemistry. In the atmosphere C5H8 reacts with OH and O3 forming HCHO (see
Section 2.2.1). In regions with lower C5H8 mixing ratios less HCHO is formed and
OH and O3 mixing ratios are higher in SOCX than in the baseline experiment.
Therefore, reduced atmospheric HCHO mixing ratios in SOCX in the equatorial
Pacific (Fig. 4.27 (b)) coincide with larger atmospheric OH and O3 mixing ratios in
this region (Figs. 4.27 (c), 4.27 (d)).

Changes in the atmospheric distribution of CO between SOCX and BASE (Figs.
4.27 (e), 4.28 (e)) are caused by different oceanic CO emissions (Fig. 4.20), the
changed atmospheric mixing ratios of HCHO as precursor of CO, and the modified
atmospheric mixing ratios of OH, acting as CO sink (see Section 2.2.1).

Differences in the atmospheric distribution of CH3OH (Figs. 4.27 (f), 4.28 (f)) can
be explained by the changes in OH. In polar regions, where more OH is present in
SOCX, more CH3OH is oxidised to HCHO. In regions with lower atmospheric OH
mixing ratios, over the subtropical Pacific, the subtropical and tropical Atlantic, and
the Indic, less CH3OH is oxidised compared to BASE.

The patterns of near surface differences of atmospheric CH3OH mixing ratios
explain the changes in the ocean-to-atmosphere flux in CH3OH between SOCX and
BASE (Fig. 4.21). As a constant under-saturation of CH3OH in oceanic surface
water with respect to the atmosphere is assumed (Singh et al., 2003; Pozzer, 2007),
increased (decreased) ocean uptake in form of smaller (larger) ocean-to-atmosphere
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(a) C5H8 SOCX - BASE (b) HCHO SOCX - BASE

(c) OH SOCX - BASE (d) O3 SOCX - BASE

(e) CO SOCX - BASE (f) CH3OH SOCX - BASE

Figure 4.28: Differences of zonally averaged atmospheric mixing ratios of C5H8
(in 10−12 molmol−1), HCHO (in 10−12 molmol−1), O3 (in 10−9 molmol−1), OH
(in 10−15 molmol−1), CO (in 10−9 molmol−1), and CH3OH (in 10−12 molmol−1)
between SOCX and BASE averaged over five years. Contour lines denote relative
differences in mixing ratios between SOCX and BASE in %, the interval between
contour lines is for (a), (a) 20%, for (d) 1%, for (c) 10%, for (e) 1%, and for (f)
5%. Differences in mixing ratios in gray shaded areas are not significant on a
99% level according to a two-sided Student’s t-test.
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fluxes (Figs. 4.21 (c), 4.21 (d)) are simulated in regions with larger (smaller) near
surface atmospheric CH3OH burdens (Fig. 4.27 (f)) and CH3OH mixing ratios (Fig.
4.28 (f)).

Nitrogen species

For the atmospheric nitrogen species, significant changes between SOCX and BASE
are detected in the southern polar atmosphere for NO2, NO3, N2O5 (all Fig. 4.29),
HNO3, and nitrous acid (HONO; both Fig. 4.30). These changes are associated with
the changed atmospheric C5H8, HCHO, and OH mixing ratios in this area in SOCX
compared to BASE, which in turn are related to the changed air-sea gas exchange of
C5H8 in the simulation (Fig. 4.17).

The largest (and only significant) changes in atmospheric composition of the nitro-
gen species in SOCX are detected over the Southern Ocean. The lower atmospheric
mixing ratios of HCHO over the Southern Ocean (Figs. 4.27 (b), 4.28 (b)), related
to the decreased ocean-to-atmosphere flux of C5H8 in this region (Fig. 4.17 (c))
causes a decrease in CO and an increase in OH (Fig. 4.27). The decreased C5H8

ocean-to-atmosphere flux in this region is associated with an increase of tropospheric
NOx, NO3, N2O5 (Figs. 4.29, 4.31), HNO4, PAN, and HONO (Figs. 4.30, 4.32), and
a decrease of atmospheric HNO3 (Figs. 4.30 (a), 4.32 (a)).

As larger atmospheric mixing ratios of HCHO are simulated over the Southern
Ocean (Figs. 4.27 (b), 4.28 (b)), less NO3 is oxidised to HNO3, resulting in increased
mixing ratios of NO3 (Figs. 4.29 (d), 4.31 (d)) and decreased mixing ratios of
HNO3(Figs. 4.30 (a), 4.32 (a)) . As less C5H8 is available to react with NO3, lower
C5H8 mixing ratio in this area also contribute to larger NO3 mixing ratios.

Larger atmospheric NOx mixing ratios are related to increased mixing ratios of O3

(Figs. 4.27 (d), 4.28 (d)) and NO3 (Figs. 4.29 (d), 4.31 (d)) over the Southern Ocean.
Increases in HONO mixing ratios (Figs. 4.30 (d), 4.32 (d)) are a consequence of
larger NO mixing ratios (Figs. 4.29 (b), 4.31 (b)). Larger atmospheric mixing ratios
of HNO4 (Figs. 4.30 (b), 4.32 (b)) are simulated due to the increase of NO (Figs.
4.29 (b), 4.31 (b)) and OH (Figs. 4.27 (c), 4.28 (d)). These results are internally
consistent and show a reasonable representation of the atmospheric chemistry and a
coupling between atmospheric composition and air-sea fluxes as expected.
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(a) NOx burden (SOCX - BASE) / |BASE| (b) NO burden (SOCX - BASE) / |BASE|

(c) NO2 burden (SOCX - BASE) / |BASE| (d) NO3 burden (SOCX - BASE) / |BASE|

(e) N2O5 burden (SOCX - BASE) / |BASE| (f) NH3 burden (SOCX - BASE) / |BASE|

Figure 4.29: Relative differences of atmospheric burdens integrated from the surface
up to 850 hPa of NOx, NO, NO2, NO3, N2O5, and NH3 between SOCX and BASE
averaged over five years of simulation. Units are %. The interval between contour
lines is for (a) 10%, for (b) 5%, for (c) 10%, for (f) 0.02%. Contour lines for
(d) and (e) are at −50%, 0%, 50%, 100%, 150%, 200%, 400%, 600%, 800%
and 1000%. Differences in atmospheric burdens in gray shaded areas are not
significant on a 99% level according to a two-sided Student’s t-test.
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(a) HNO3 burden (SOCX - BASE) / |BASE| (b) HNO4 burden (SOCX - BASE) / |BASE|

(c) PAN burden (SOCX - BASE) / |BASE| (d) HONO burden (SOCX - BASE) /
|BASE|

Figure 4.30: Relative differences in atmospheric burdens integrated from the surface
up to 850 hPa of HNO3, HNO4, PAN, and HONO between SOCX and BASE
averaged over five years of simulation. Units are %. The interval between contour
lines is for (a) 10%, for (b) 5%, for (c) 10%, and for (e) 10%. Differences in
atmospheric burdens in gray shaded areas are not significant on a 99% level
according to a two-sided Student’s t-test.
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(a) NOx SOCX - BASE (b) NO SOCX - BASE

(c) NO2 SOCX - BASE (d) NO3 SOCX - BASE

(e) N2O5 SOCX - BASE (f) NH3 SOCX - BASE

Figure 4.31: Differences of zonally averaged atmospheric mixing ratios of NOx,
NO, NO2, NO3, N2O5, and NH3 (in 10−12 molmol−1) between SOCX and BASE
averaged over five years. Contour lines denote relative differences in mixing ratios
between SOCX and BASE in %, the interval between contour lines is for (a), (c)
20%, (b) 10%, for (d), (e) 20% up to 200%, then 200%. Differences in mixing
ratios in gray shaded areas are not significant on a 99% level according to a
two-sided Student’s t-test.
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(a) HNO3 SOCX - BASE (b) HNO4 SOCX - BASE

(c) PAN SOCX - BASE (d) HONO SOCX - BASE

Figure 4.32: Differences of zonally averaged atmospheric mixing ratios of HNO3,
HNO4, PAN, and HONO (in 10−12 molmol−1) between SOCX and BASE averaged
over five years. Contour lines denote relative differences in mixing ratios between
SOCX and BASE in %, the interval between contour lines is for (a), (b), (c) 10%,
for (d) 20%. Differences in mixing ratios in gray shaded areas are not significant
on a 99% level according to a two-sided Student’s t-test.

Relation between atmospheric burden and ocean-to-atmosphere flux

The relation of atmospheric burden integrated from 1013.25 hPa to 850 hPa to the
corresponding ocean-to-atmosphere flux at each model grid-point for DMS, C5H8,
and CO (Fig. 4.33) is not linear as is the relation between ocean-to-atmosphere flux
and surface water concentration (see Section 4.2.2). This points to the importance of
additional atmospheric processes determining atmospheric composition, like advec-
tion, wet and dry deposition, and chemical processing. The model systems response
to modified oceanic surface concentrations reflects the expectations and shows the
model system’s ability to reproduce realistic air-sea gas exchange and atmospheric
composition.
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(a) DMS SOCX (b) C5H8 SOCX

(c) CO SOCX

Figure 4.33: Scatter diagrams of ocean-to-atmosphere fluxes versus atmospheric
burden integrated from 1013.25 hPa to 850 hPa at each model grid-point for (a)
DMS, (b) C5H8, and (c) CO. In red linear regression lines, calculated using
the method of least squares, are shown. The regression coefficients a and b, the
sample correlation coefficient r, and the squared correlation coefficient r2 are
listed for the individual gases.

4.2.4 Discussion

In summary, differences in atmospheric composition resulting from changed ocean-
to-atmosphere fluxes, as simulated in SOCX versus BASE, are mostly insignificant.
This shows the ability of the chemically coupled model system with interactive
oceanic biogeochemistry to represent reasonable atmospheric composition compared
to a model setup using climatological oceanic concentrations. However, whether
a simulation period of five years is sufficient to achieve statistically robust results
has to be tested in future over a longer simulation time. Systematic, though
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insignificant, deviations in the atmospheric composition induced by the changed ocean-
to-atmosphere fluxes are nevertheless consistent and as expected. The interaction
between oceanic biogeochemistry, surface water concentrations, ocean-to-atmosphere
fluxes, and atmospheric concentrations are therefore represented consistently in the
model system. The relation between oceanic surface water concentrations and ocean-
to-atmosphere fluxes of DMS, C5H8, and CO are in first order linear (Fig. 4.22),
however, the relation of the near surface atmospheric burden to ocean-to-atmosphere
fluxes for these gases is not (Fig. 4.33). This reflects the non linear interaction
of atmospheric gas and aqueous-phase (in-cloud and scavenging) chemistry with
large-scale (advection) and small-scale (convection) transport processes. This is also
reflected in mostly insignificant changes of the atmospheric composition as response
to the different ocean-to-atmosphere fluxes. The simulated patterns in differences
in atmospheric composition are nonetheless consistent with the changed ocean-to-
atmosphere fluxes, supporting the models ability to produce reliable responses under
transient forcings (e.g. climate change).

4.3 Riverine nutrient input into the ocean

In the SRFIX sensitivity experiment additional fluxes of dissolved Fe, Si, CO2,
and N2 to the ocean from rivers are considered (Table 4.1). The molar concen-
trations of these tracers in freshwater runoff from land are prescribed as constant
throughout the year and have no spatial variability. Values for the molar concen-
trations are based on the study by Cotrim da Cunha et al. (2007) and a global
annual freshwater discharge of 45× 1012 m3 a−1. In this study, molar freshwater con-
centrations of [Fe] = 1.022× 10−8 kmol(Fe)m−3, [Si] = 1.488× 10−4 kmol(Si)m−3,
[CO2] = 7.133× 10−4 kmol(C)m−3, and [N2] = 1.088× 10−4 kmol(N)m−3 have been
used.

4.3.1 Impact on oceanic biogeochemistry

Significant changes compared to SOCX are apparent in the surface ocean Fe concen-
trations in coastal areas in Figure 4.34 (a) for SRFIX. The largest relative differences
in Fe concentrations between SRFIX and SOCX with more than 200% are reached
in the Hudson Bay, the Lena delta at the northern Siberian coast, and the Sea of
Okhotsk at the Russian east coast. At the North American west coast near New-
foundland the relative differences in surface ocean Fe concentrations are up to 140%.
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(a) Fe (SRFIX - SOCX) / |SOCX| (b) SiOH4 (SRFIX - SOCX) / |SOCX|

(c) NPP (SRFIX - SOCX) / |SOCX|

Figure 4.34: Relative differences in averaged surface water concentrations of (a)
Fe, (b) Si(OH)4, and (c) NPP between SRFIX and SOCX over five years of
simulation. Units are %. Differences in concentrations in gray shaded areas are
not significant on a 99% level according to a two-sided Student’s t-test.

Furthermore, large differences with more than twice the value in Fe concentration
than in the SOCX experiment are seen at the Bering Sea, the Barents Sea, and the
Baltic Sea. Relative differences at the Malay Archipelago, the Huang He (Yellow
River), and the Congo delta are about 50%. These results are reasonable, as the
main impact of nutrient import by rivers is expected to affect the coastal zones.

For Si(OH)4 surface water concentrations, significantly larger values can be seen
in the SRFIX experiment in coastal regions in Figure 4.34 (b) compared to SOCX.
The maximum relative difference of Si(OH)4 surface water concentrations is more
than 30% in the Mississippi delta, in the Labrador Sea, the Bay of Biscay, the Yellow
River delta, and the Sea of Okhotsk. In the relative differences of surface ocean
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Figure 4.35: Limiting nutrients for phytoplankton growth in SRFIX. Colours
indicate the limiting nutrient in this region: red is Fe, blue is NO–

3, green is PO3–
4 .

Si(OH)4 concentrations between SRFIX and SOCX, the impact of the World’s largest
rivers is apparent, influencing the Si(OH)4 concentrations even in open ocean waters
(e.g. for the Amazon River). Surface ocean Si(OH)4 concentrations in SRFIX are
comparable to the results obtained by Bernard et al. (2011), using riverine Si input
based on data from Dürr et al. (2011).

Major changes in NPP can be seen in coastal areas, directly impacted by additional
nutrient import to the ocean from rivers. NPP is increased in SRFIX compared
to SOCX by about 10% in these areas, locally reaching more than 15%. However,
differences in NPP between simulations with additional import of chemical compounds
from rivers are statistically not significant at the 99% level according to a Student’s
t-test.

Higher, though insignificant, increases in NPP are simulated in the Pacific com-
pared to the Atlantic, which can be attributed to the limiting nutrient for phyto-
plankton growth in each ocean basin. The limiting nutrient for phytoplankton growth
simulated by HAMOCC (Fig. 4.35) in the Pacific is Fe, whereas in the Atlantic it is
nitrate in aqueous phase (NO–

3).

The pattern in relative differences of surface ocean DMS concentrations between
SRFIX and SOCX (Fig. 4.36 (a)) depict the same distribution as the relative
differences in NPP (Fig. 4.34 (c)). These changes in DMS concentrations are also
not significant on the 99% level according to a Student’s t-test.
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(a) DMS (SRFIX - SOCX) / |SOCX| (b) CO2 (SRFIX - SOCX) / |SOCX|

(c) C5H8 (SRFIX - SOCX) / |SOCX|

Figure 4.36: Relative differences of surface water concentrations of (a) DMS, (b)
CO2, and (c) C5H8 between SRFIX and SOCX averaged over five years. Units
are %. Differences in concentrations in gray shaded areas are not significant on a
99% level according to a two-sided Student’s t-test.

Significant changes in CO2 concentration at the ocean’s surface are constrained
to the coastal areas (Fig. 4.36 (b)). In these areas, regionally more than 10% larger
values are simulated in the sensitivity study with riverine nutrient import than in
the simulation without. Larger CO2 concentrations can be seen in Figure 4.36 (b)
for SRFIX at the Bay of Bengal, the Lena Delta, the Bering Sea, the Hudson Bay,
the Labrador Sea, the Mississipi Delta, the Bay of Biscay, the Baltic Sea, the Gulf of
Guinea, and the Barents Sea. In the Orinoco Delta and the Brazil Basin the relative
differences from SRFIX to SOCX are only a few percent, but are significant on a
99% level. This increase in coastal CO2 concentrations is a direct consequence of
additional CO2 import from rivers into the coastal area.
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(a) N2O (SRFIX - SOCX) / |SOCX| (b) CO (SRFIX - SOCX) / |SOCX|

Figure 4.37: Relative differences in averaged surface water concentrations of (a)
N2O and (b) CO between SRFIX and SOCX over five years of simulation. Units
are %. Differences in concentrations in gray shaded areas are not significant on a
99% level according to a two-sided Student’s t-test.

As oceanic C5H8 concentrations are parameterised via chlorophyll concentrations
(Eq. 3.10), relative differences in SRFIX for C5H8 (Fig. 4.36 (c)) resemble the
relative differences in NPP. The changes in C5H8 reach up to 10% locally, but are
statistically not significant on the 5-year time basis analysed here.

Further, no significant changes are found in surface water N2O concentrations
(Fig. 4.37 (a)). Relative differences between the sensitivity experiments with and
without riverine nutrient input are below 0.1%.

Relative differences of oceanic CO surface concentrations (Fig. 4.37 (b)) show a
similar pattern as the relative differences of NPP. Oceanic CO concentrations in
the model system are determined by photochemical CO production from dissolved
organic matter (DOM; Eqs. 3.11 and 3.12). DOM concentrations change according
to chlorophyll concentrations, and hence NPP. The changes in the surface water CO
concentrations in SRFIX are also statistically not significant on a 5-year time basis.

In summary, the simulation with riverine nutrient import show reasonable results
in oceanic chemical composition and biogeochemistry. The effect is—as expected—
mainly confined to coastal areas, which act as an interface between land and open
ocean. In major river outflows and via advection, changes in coastal chemical
composition also contribute to changes in the open ocean.
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The impact of riverine nutrient import in coastal areas, simulated with the
coarse-grained global model system, are mostly insignificant for oceanic surface
water concentrations of gases taking part in air-sea gas exchange, resulting in weak
changes in ocean-to-atmosphere fluxes. However, regionally small impacts could gain
high importance, especially in coastal areas with high population densities, where
atmospheric pollution interacts with biogenic ocean emissions, also influenced by
further nutrient import from sewage and fertiliser usage through rivers. To gain
deeper insights in these interactions, a higher resolution of the model system leading
to better resolved coastal shelf areas and a better representation of biogeochemical
processes in the coastal oceans in the model system are necessary.

4.3.2 Impact on ocean-to-atmosphere fluxes and atmospheric
chemical composition

Differences in 5-year averages of ocean-to-atmosphere fluxes for DMS, CO2, and
C5H8 between SRFIX and SOCX are presented in Figure 4.38. The pattern in
differences correspond to the pattern of differences of surface water concentrations
for the different species (Fig. 4.36). Although the changes in air-sea gas exchange
of DMS and C5H8 reach relative differences over 5% locally in coastal regions with
higher surface ocean concentrations in SRFIX compared to SOCX, these changes
are not significant over the analysed time interval of five years. Significant increases
in ocean-to-atmosphere fluxes of CO2 between SRFIX and SOCX can be seen in
Figure 4.38 (b). In the coastal regions of Siberia, the Hudson Bay, the Labrador
Sea, the Mississippi Delta, the Sea of Okhotsk, the South American and African
Atlantic additional ocean-to-atmosphere CO2 fluxes of more than 50% are simulated
in the sensitivity study including nutrient input by rivers compared to the simulation
without additional riverine import. These changes are reasonable, as additional CO2

is imported to the coastal zone via riverine nutrient import.
For N2O and CO air-sea gas exchange (Fig. 4.39) no significant changes on

the 99% level are simulated in SRFIX compared to SOCX. Changes in fluxes are
predominantly in coastal areas and locally exceed the fluxes in SOCX by more
than 5%. The pattern of differences in ocean-to atmosphere fluxes of N2O and CO
resemble the distribution of differences in surface ocean concentrations (Fig. 4.37).

Because of the small, insignificant changes in the ocean-to-atmosphere fluxes
in all species under consideration except CO2, there are no significant changes
simulated in atmospheric chemical composition for the species investigated in Section
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(a) DMS flux (SRFIX - SOCX) / |SOCX| (b) CO2 flux (SRFIX - SOCX) / |SOCX|

(c) C5H8 flux (SRFIX - SOCX) / |SOCX|

Figure 4.38: Relative differences in averaged ocean-to-atmosphere fluxes of (a)
DMS, (b) CO2, and (c) C5H8 between SRFIX and SOCX over five years of
simulation. Units are %. Differences in ocean-to-atmosphere fluxes in gray
shaded areas are not significant on a 99% level according to a two-sided Student’s
t-test.

4.2.3. This holds true for lower tropospheric burdens up to 850 hPa and for zonal
averages, averaged over the five years of simulation. Atmospheric mixing ratios of
the greenhouse gases CO2 and N2O have been, however, prescribed using TNUDGE
and are not directly relevant for tropospheric chemistry. The impact of significant
changes of CO2 ocean-to-atmosphere fluxes in coastal areas has to be determined
in additional experiments, which do not prescribe atmospheric CO2 mixing ratios.
Such additional transient simulations under changing anthropogenic emissions come
with higher computational demands for preparation and performance, and thus lie
beyond the scope of this study.
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(a) N2O flux (SRFIX - SOCX) / |SOCX| (b) CO flux (SRFIX - SOCX) / |SOCX|

Figure 4.39: Relative differences in averaged ocean-to-atmosphere fluxes of (a)
N2O and (b) CO between SRFIX and SOCX over five years of simulation. Units
are %. Differences in ocean-to-atmosphere fluxes in gray shaded areas are not
significant on a 99% level according to a two-sided Student’s t-test.

4.4 Consistent modelling of nutrient import of
the ocean by aeolian dust

Deposition of mineral aerosol is the main iron source in open ocean waters (e.g.
Martin et al. (1991); Sections 2.4, 3.7). In this Section the differences between the
sensitivity study using an “online” coupled dust deposition from the atmospheric
model domain (SDUST) and the sensitivity study with a prescribed dust deposition
climatology (SOCX) are discussed.

4.4.1 Differences in dust deposition between climatological
and online dust input

Dust deposition is considered as source of Fe and Si to the ocean biogeochemistry
in this study. In the model system, two possibilities exist to provide dust input
from the atmosphere at the top of the oceanic domain. Dust deposition can be
provided as prescribed dust deposition climatology, or from an “online” calculated
dust deposition. In the remainder of this chapter differences between the SOCX and
SDUST sensitivity experiment are shown. The only difference in the model setups
between these two sensitivity experiments is the handling of dust deposition and
import to the biogeochemistry submodel.
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(a) climatology (b) SDUST

Figure 4.40: Averaged dust deposition flux in gm−2 a−1: (a) average of prescribed
climatological dust deposition, (b) 5-year average of online calculated dust depo-
sition in SDUST. Averaged annual global integrated dust deposition is given in
Tg a−1.

In the SOCX experiment the dust deposition is prescribed from a monthly cli-
matology (Timmreck and Schulz, 2004), whereas in the SDUST experiment the
dust deposition is calculated from atmospheric deposition fields using the SCALC
submodel (see Sections 3.7, 3.8, Appendix C). This results in a more consistent
modelling of feedbacks between the atmosphere and the ocean. Because of an in-
creased coupling frequency between the oceanic and atmospheric model domain of
2 h an additional variability compared to the monthly climatology is introduced in
the simulations.

The dust deposition fluxes used in the sensitivity experiments with climatological
dust deposition from the atmospheric domain (SOCX) is presented in Figure 4.40 (a).
A high dust deposition flux can be seen near the source regions, like the plume
reaching out to the Atlantic from the Sahara. The integrated global dust deposition
of the simulations with climatologically prescribed dust deposition is 679Tg a−1,
282Tg a−1 of which are deposited over the ocean.

The total dust deposition calculated online from the partial atmospheric fluxes of
the different submodels for dry and wet deposition are presented in Figure 4.40 (b).
Compared to the climatological dust deposition, the online calculated dust deposition
generally exhibit higher dust deposition fluxes, whereas the pattern in dust deposition
is comparable between the two simulations.
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The integrated global dust deposition is 3033Tg a−1 in the SDUST experiment,
which is at the high end of dust deposition estimates from model simulations reported
in literature (Huneeus et al., 2011; Gläser et al., 2012). The input of mineral aerosol
to the ocean from “online” calculated dust deposition is 1508Tg a−1.

The calculated mineral aerosol input to the ocean in SDUST is 66% higher
than the measurement based estimate of 910Tg a−1 by Duce et al. (1991). The
climatological dust deposition in SOCX over the ocean is 69% lower than this
estimate. Assuming that 3.5% of the deposited dust mass is iron, the iron import
to the ocean is 52.8Tg a−1 in SDUST and 9.9Tg a−1 in the case of climatological
prescribed dust deposition, compared to 32Tg a−1 as estimated by Duce et al. (1991).

The pattern in dust deposition fluxes from the climatology and the online calculated
dust source (Fig. 4.40 (a)) are reflected in the surface water dust mass concentrations
(Fig. 4.41), showing maxima in the region of high deposition fluxes in the Atlantic.
In this region, surface water dust concentration offshore the African west coast in
SDUST reaches more than ten times the value simulated with the climatological
dust deposition in SOCX. Further, significantly larger surface water dust mass
concentrations are simulated throughout the global ocean, with exception of the
South American and South African west coasts, where significantly lower dust
concentrations are simulated in SDUST compared to SOCX (Fig. 4.41 (c), off-scale
in Fig. 4.41 (d)).

4.4.2 Impact on oceanic surface concentrations, air-sea gas
exchange, and atmospheric composition

Changes in surface water concentration of Fe and Si(OH)4 by the additional source
from aeolian import of dust is presented in Figure 4.42. The major impact of the
interactive dust deposition on surface ocean Fe concentrations in SDUST is the
increase in the tropical and subtropical Atlantic, reaching more than six times the
concentrations simulated in SOCX near the source region at the African coast (Figs.
4.42 (a), 4.42 (b)). Furthermore, increased Fe concentrations are simulated in SDUST
compared to SOCX in the Indian Ocean and at the Australian west coast. Slight
decreases are apparent at the west coasts of South America and southern Africa.
These results are reasonable and directly related to the changed dust deposition
(Figs. 4.40 (b)) and the changes in surface ocean dust concentrations (Fig. 4.41 (d)).
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(a) SOCX (b) SDUST

(c) SDUST - SOCX (d) (SDUST - SOCX) / |SOCX|

Figure 4.41: Surface water dust mass concentrations (a) in SOCX and (b) in SDUST.
Units are gm−3. (c) differences in surface water dust mass concentrations between
SDUST and SOCX in gm−3. Contours denote relative difference, the interval
between contour lines is 100%. (d) relative differences in surface water dust mass
concentrations between SDUST and SOCX in %. Differences in concentrations
in gray shaded areas are not significant on a 99% level according to a two-sided
Student’s t-test.

For Si(OH)4, the impact of the changed dust deposition on the difference pattern
in surface ocean concentration between SDUST and SOCX (Figs. 4.42 (c), 4.42 (d))
is not as obvious as for Fe. As there are a-priori high Si(OH)4 concentration in
the surface ocean, resulting from the deficiencies in the representation of NPP
in the model (cf. Section 4.2.1), the relative impact of additional Si(OH)4 from
dust deposition is small. Si is not treated as limiting nutrient in the oceanic
biogeochemistry model, however, Si(OH)4 concentrations influence the partitioning
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(a) Fe SDUST - SOCX (b) Fe (SDUST - SOCX) / |SOCX|

(c) SiOH4 SDUST - SOCX (d) SiOH4 (SDUST - SOCX) / |SOCX|

Figure 4.42: Absolute differences in surface water mass concentrations of (a) Fe
and (c) Si(OH)4 between SOCX and SDUST. Units are gm−3. Contours denote
relative differences, the interval between contour lines is for (a) 100% and for (c)
10%. Relative differences in surface water dust mass concentrations of (b) Fe
and (d) Si(OH)4 between SDUST and SOCX in %. Differences in concentrations
in gray shaded areas are not significant on a 99% level according to a two-sided
Student’s t-test.

between the two phytoplankton classes of HAMOCC (cf. Section 3.3). To asses
the impact of aeolian Si input to the ocean, further simulations with an updated
parameterisation of NPP in the model are necessary.

The increase of Si(OH)4 in the Atlantic correlates with the higher dust deposition
in this region, whereas the changes at the west coast of South America and southern
Africa have the opposite sign. This is caused by changes in the ocean biogeochemistry—
apparent in differences in NPP—in these regions (Fig. 4.43). In SDUST the
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(a) NPP SDUST - SOCX (b) NPP (SDUST - SOCX) / |SOCX|

Figure 4.43: (c) absolute difference and (d) relative difference in water column
NPP between SDUST and SOCX in g(C)m−2 a−1 and %, respectively. Contours
denote relative differences. The interval between contour lines is 5%.

HAMOCC simulated limiting nutrient for phytoplankton growth is Fe (Fig. 4.44).
Decreased Fe input to the ocean at the west coasts of South America and southern
Africa in SDUST (Figs. 4.42 (a), 4.42 (b)) is accompanied by higher iron stress
and, hence, a reduced phytoplankton growth, depleting lower amounts of Si(OH)4.
However, changes in the surface ocean Si(OH)4 concentration between SDUST and
SOCX are not significant for the analysed time-span of five years.

Changes in surface concentrations of DMS, C5H8, and CO (Fig. 4.45) show the
same pattern as differences in NPP between SDUST and SOCX. All differences in
surface concentrations of these compounds are not significant based on the analysed
five years of simulation, reaching at most relative changes of 10%, which is lower
than the local inter-annual variation. Differences in the surface ocean concentrations
of CO2 and N2O between the sensitivity study with online calculated dust deposition
and with the climatological deposition field are even lower (Figs. 4.45 (d), 4.45 (e)).

The small differences in surface ocean concentrations between SDUST and SOCX,
are reflected in the changed ocean-to-atmosphere fluxes of the species (Fig. 4.46). All
differences are directly related to the changes in surface ocean concentrations and are
not significant, reaching relative differences between the two sensitivity simulations
of up to 5%. Relative differences in CO2 air-sea fluxes reach locally up to 50% (Fig.
4.46 (d)), but these high relative changes are confined to regions with a very low CO2

gas exchange (Fig. 4.9 (b)). However, the small changes in the ocean-to-atmosphere



4. Chemical coupling mechanisms between ocean and atmosphere 139

Figure 4.44: Limiting nutrients for phytoplankton growth in SDUST. Colours
indicate the limiting nutrient in this region: red is Fe, blue is NO–

3, green is PO3–
4 .

flux between SDUST and SOCX are statistically not significant over the analysed
five years and have no significant impact on atmospheric mixing ratios of the specific
gas (not shown).

4.4.3 Discussion

In summary, the results of the SDUST sensitivity study with a changed atmospheric
dust deposition are reasonable. Differences between SDUST and SOCX and re-
sponses of the oceanic biogeochemistry and chemical composition to the changed
atmospheric forcing are as expected. Impacts of the changed atmospheric dust
deposition via changes in oceanic chemical composition on atmospheric composition
are not significant on the analysed time-scale of five years, as there are only small
impacts of the higher dust deposition—and hence Fe source—on the oceanic NPP in
the Atlantic because of the NO–

3 limitation for phytoplankton growth.
In conclusion, the inclusion of an online calculated atmospheric source for dust

deposition has only small impacts on oceanic NPP and oceanic concentrations
compared to a climatological dust source. This results in small, statistically not
significant changes in ocean-to-atmosphere fluxes and no significant impact on
atmospheric composition under present day conditions. But the inclusion of online
calculated dust deposition provides a more consistent model system, which can be
used to assess feedback trends under changed forcings (e.g. pre-industrial, industrial,
climate change conditions).
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(a) DMS (SDUST - SOCX) / |SOCX| (b) C5H8 (SDUST - SOCX) / |SOCX|

(c) CO (SDUST - SOCX) / |SOCX| (d) CO2 (SDUST - SOCX) / |SOCX|

(e) N2O (SDUST - SOCX) / |SOCX|

Figure 4.45: Relative differences of surface water concentrations of (a) DMS, (b)
C5H8, (c) CO, (d) CO2, and (e) N2O between SDUST and SOCX averaged over
five years of simulation. Units are %. Differences in concentrations in gray shaded
areas are not significant on a 99% level according to a two-sided Student’s t-test.
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(a) DMS flux (SDUST - SOCX) / |SOCX| (b) C5H8 flux (SDUST - SOCX) / |SOCX|

(c) CO flux (SDUST - SOCX) / |SOCX| (d) CO2 flux (SDUST - SOCX) / |SOCX|

(e) N2O flux (SDUST - SOCX) / |SOCX|

Figure 4.46: Relative differences in averaged ocean-to-atmosphere fluxes of (a)
DMS, (b) C5H8, (c) CO, (d) CO2, and (e) N2O between SDUST and SOCX over
five years of simulation. Units are %. Differences in ocean-to-atmosphere fluxes
in gray shaded areas are not significant on a 99% level according to a two-sided
Student’s t-test.
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4.5 Summary

Several sensitivity studies with the model system were performed using year-2000
conditions. One sensitivity study was performed to asses the impact of interactive
oceanic biogeochemistry via air-sea gas exchange on atmospheric composition. Fur-
ther sensitivity studies were performed, to assess the impact of riverine nutrient
import into the ocean and of nutrient import from online calculated aeolian dust de-
position on oceanic biogeochemistry and—via air-sea gas exchange—on atmospheric
composition.

For simulating realistic surface ocean tracer concentrations, a reasonable represen-
tation of upper ocean dynamics and biogeochemistry is necessary. The model system
shows only small deviations in SST and SSS after a spin-up phase of the dynamically
coupled model system of 100 years and an additional chemically coupled spin-up
phase of 30 years. The biogeochemistry submodel shows deviations in NPP and
EP, resulting from a higher coupling frequency of 2 h for surface ocean irradiation,
compared to the original code, which uses a daily-mean value. These deviations in
NPP impacts surface ocean concentrations of DMS, C5H8, CO2, and N2O, resulting
in deviations in ocean-to-atmosphere fluxes of these compounds compared to a
baseline simulation with prescribed, measurement based oceanic concentrations.

Ocean-to-atmosphere fluxes of DMS, C5H8, and CO are in first order approxima-
tion linearly related to the corresponding surface ocean concentration in the model
system’s grid boxes. The response of atmospheric mixing ratios, however, cannot
be approximated linearly, due to non-linear atmospheric chemistry and transport
processes.

Despite the systematic deviations resulting from deficiencies in the representation
of the NPP in the oceanic biogeochemistry submodel, relative differences between
sensitivity studies could be assessed. The linear dependence of the air-sea gas
exchange with surface ocean concentrations gives further confidence for the results to
be valid over a wide range of oceanic concentrations. For atmospheric concentrations,
however, additional processes like advection, dry and wet deposition, and chemical
processing are important and weaken the oceanic signal.

The impact of additional nutrients in the surface ocean on oceanic biogeochemistry
via riverine import is small, depending on the limiting nutrient for phytoplankton
growth in the specific ocean basin. Changes, however are in line with expectation,
yielding impacts mainly in coastal areas. The impact on ocean-to-atmosphere fluxes
are, however, insignificant over the analysed five years, with the exception for CO2
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in coastal areas. This is in line with the expected higher import of riverine CO2 to
the coastal ocean. The impact of changes in the coastal surface ocean concentrations
of DMS, C5H8, and CO on the global air-sea gas exchange is insignificant, but could
be important on the regional scale, especially in coastal areas, where anthropogenic
pollution may react with oceanic biogenic emissions. To investigate this impact, a
higher model resolution and a better representation of coastal oceanic biogeochemical
processes in the model system are necessary.

The implementation of deposition of Fe and Si from an online calculated dust
deposition instead of using prescribed climatological deposition fluxes, introduces
additional variation with the meteorological situation and consistent simulations
under modified climate conditions become possible. The impact on oceanic biogeo-
chemistry by the modified source is reasonable, changing surface ocean concentrations
of dissolved dust, Fe, and Si(OH)4, especially in areas with larger deposition fluxes
in the Atlantic. The response in NPP, however, is small, depending on the simulated
limiting nutrient for phytoplankton growth in the specific ocean basin. To asses the
impact of nutrient import by the online calculated dust deposition under changed
climate conditions, which may impact the simulated patterns of the limiting nutrient,
further simulations have to be performed. Furthermore, investigation of the impact
of nitrogen (N) deposition from the atmosphere (Spokes et al., 2000; Tost et al.,
2007a) on the biogeochemistry in the NO–

3 limited Atlantic basin may be interesting.





Chapter 5

Preparation for long term
simulations with chemistry

Long-term simulations with the fully coupled model system, focusing on tropospheric
chemistry require a reasonable forcing from the stratosphere, and hence the inclu-
sion of stratospheric chemistry. After reproducing the interaction of oceanic and
tropospheric chemistry on shorter time-scales withe the chemically coupled model
system, the next step is to implement a model system with stratospheric chemistry
coupled to an interactive ocean model. Long-term simulations with tropospheric
chemistry with the fully coupled atmosphere-ocean model for analysing trends in the
troposphere over decades requires the reproduction of the current tropospheric state
and stratospheric forcings as upper boundary to tropospheric dynamics and chemistry.
The application of the model system over longer time-scale also requires additional
optimisation of parameters used for closure in subgrid-scale parameterisations, to
obtain a stable climate in the model system under unaltered forcings (minimising
model system drift).

To use the model system for long term simulations (centuries), several prerequisites
must be fulfilled, first of all the computational costs of such a complex simulation must
be reduced. The inclusion of the computationally efficient atmospheric chemistry
submodel E4CHEM (Baumgaertner et al., 2010) for stratospheric chemistry was
tested in the ECHAM/MESSy Atmospheric Chemistry (EMAC; Jöckel et al., 2005,
2006, 2010) model system. Until now, no long term simulation with air-sea gas
exchange and simplified stratospheric chemistry has been performed with this model
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system. This chapter describes the preparatory work to enable the model to simulate
air-sea gas exchange in combination with simplified stratospheric chemistry on
climatological time scales.

To be able to perform long term simulations on current computer systems in
reasonable time, the model was used in a setup with a coarser vertical resolution
compared to Jöckel et al. (2010). Instead of 90 vertical model levels, a setup with
47 hybrid pressure levels, ranging from Earth’s surface up to a pressure of 0.01 hPa
resolving the middle atmosphere (L47MA), was used in this study.

The determination of a set of values for free parameters to close subgrid-scale
parameterisations for the specific vertical and horizontal model resolution is described
in Section 5.1. The final set of parameters determined from this process of model
“tuning” is presented in Section 5.2.

5.1 Parameter optimisation

For a numerical solution of the underlying partial differential equations of the model
system, these equations have to be discretised in the spatial and temporal domain.
Processes on smaller scales than explicitly resolved in the discretised model system
acting as forcing terms in the system of partial differential equations have to be
parameterised. With parameterisations, the impact of the unresolved process on the
larger scale model state is calculated using available information of the coarser model
state itself (Schirber et al., 2013). As such, parameterisations imply some degree of
freedom, i.e. they usually contain parameters whose values can be chosen in a certain
range to achieve a physically meaningful representation of the unresolved process.
These free parameters have to be determined to close the parameterisations, but
they are not necessarily directly measurable. In the process of model development,
these parameters are optimised to achieve a model system capable of reproducing
the present day climate state. Whereas this parameter optimisation is—to a certain
degree—arbitrary, the set of parameters are chosen within their uncertainty range to
achieve physically meaningful results.

To obtain a simulation of a stable climate state, while all external forcing pa-
rameters a kept constant, parameter optimisation aims to balance Earth’s energy
budget in the model system (Mauritsen et al., 2012). In the coupled model system
of the European Centre HAMburg general circulation model (ECHAM) and Max
Planck Institute Ocean Model (MPIOM; Marsland et al., 2003; Jungclaus et al.,
2006), the method of parameter optimisation means finding a set of parameters
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to close the parameterisation of clouds and convective processes, not resolved on
the model’s resolution (Mauritsen et al., 2012). This method is also used here to
close the subgrid parameterisation of cloud processes, which influences the model’s
radiation balance. Thus, parameter optimisation is used to compensate uncertainties
in the representation of clouds and their related processes. The goal is to reach a
balance in radiative fluxes at the top of the atmosphere (TOA) and in this way to
minimise model drift. The choice of the final parameter set for the model system
depends on the model’s horizontal and vertical resolution.

As there were no parameters present for the chosen vertical resolution in the
original model code, several model simulations—each spanning one century—for
year-2000 conditions were performed to find a suitable parameter set. The model
setup comprises the atmospheric dynamics coupled to the dynamical ocean general
circulation model. The main focus is on the radiation balance at the TOA. However,
because of shortcomings in the model system’s energy conservation (Stevens et al.,
2013), an interval of 0Wm−2 to 2Wm−2 (incoming) for the net radiation balance
of incoming and outgoing radiation at TOA is considered acceptable. The targeted
global mean surface temperature is about 14 ◦C. Under these constraints, several
model variables are checked, to assure that the simulation is comparable to present
day conditions. These diagnostic model variables—besides the net longwave and
shortwave radiation at TOA—are cloud cover, liquid water path, and water vapour
path (cf. Mauritsen et al., 2012).

All parameters, which are used for optimisation of the model system to reach
a balance in the simulated net radiation at TOA together with a realistic surface
temperature, are cloud-related. Subgrid-scale parameterisation of clouds is the most
uncertain aspect in general circulation models (GCMs), and at the same time cloud
and convective processes exert a large impact on radiation balance (Mauritsen et al.,
2012). In general, there are several parameters influencing the parameterisation
of clouds and convection, and thus radiative transfer, but not all are used in the
process of parameter optimisation. An optimised model w.r.t. its climate state and
radiation balance is achieved using five of these parameters, whereas the values of
other parameters are chosen as in the original model code and in accordance with
model setups at comparable horizontal or vertical resolution.

In the process of parameter optimisation, the goal is to keep all free model
parameters close to the original, physically meaningful values of “neighbouring”
model resolutions. Whenever possible, values derived from measurements are used.
Here, the five model parameters zasic, zinhoml, zinhomi, cmfctop and cprcon, which
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Figure 5.1: Running annual global mean surface temperature of the parameter
optimisation simulations. The black line represents simulation number 31 using
a set of optimised parameters, gray lines the other simulations.

are further described below, are used for parameter optimisation of the model system
in a setup using a horizontal resolution of T42 and 47 vertical levels resolving the
middle atmosphere (L47MA). Values of the parameters controlling the accretion of
cloud droplets (cauloc) and the entrainment rate for shallow convection (entrscv) are
chosen as in “neighbouring” model resolutions. A complete overview of parameters
used in the model system depending on horizontal and vertical resolution in the
model configurations with and without coupling to an interactive ocean model are
listed in Appendix D.

To determine the set of optimised parameter values for the model setup, the
values of the different parameters were varied in several model simulations. Table
5.1 lists the model simulations with corresponding values of the parameters. These
simulations were performed for 100 years, each. The initial 50 years of the simulations
as spin-up phase are neglected, and the mean values of the final 50 years in surface
temperature, radiation fluxes and balance at TOA, cloud cover, and water paths were
analysed. The combination of parameter values resulting in a minimal net radiation
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simulation
number

zasic zinhomi zinhoml cmfctop cprcon
(10−4 s−1)

0 0.89 0.85 0.70 0.30 1.50
1 0.85 0.85 0.70 0.30 1.50
2 0.80 0.85 0.70 0.30 1.50
3 0.80 0.85 0.70 0.22 1.50
4 0.89 0.80 0.70 0.22 1.50
5 0.85 0.80 0.70 0.22 1.50
6 0.80 0.80 0.70 0.22 1.50
7 0.80 0.80 0.70 0.26 1.50
8a 0.80 0.80 0.70 0.22 1.50
10 0.91 0.97 0.92 0.22 1.50
11 0.80 0.97 0.92 0.22 1.50
12 0.85 0.97 0.92 0.22 1.50
14 0.91 0.97 0.92 0.20 1.50
16 0.91 0.97 0.92 0.22 1.00
23b 0.89 0.80 0.70 0.22 1.50
25 0.89 1.00 0.70 0.22 1.50
26 0.89 1.00 0.90 0.22 1.50
28 0.89 0.80 0.77 0.21 3.00
29 0.89 0.85 0.80 0.21 3.00
30 0.89 0.85 0.90 0.21 3.00
31 0.89 0.80 0.90 0.21 3.00

a in simulation 8 cauloc=3.0, in all other simulations cauloc=0.0
b in simulation 23 the ocean model is operated on the horizontal grid GR15, in all other
simulations on GR30

Table 5.1: Values of the free parameters used in the simulations for parameter
optimisation. For a description of the parameters, see text.
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flux at the top of the atmosphere and a realistic global surface temperature, and
simultaneously resulting in reasonable values for the other model variables diagnosed,
are chosen as optimal parameter set.

Figure 5.1 shows the evolution of the global mean surface temperature in the
parameter optimisation simulations. The highlighted curve corresponds to simulation
number 31. In this simulation the global mean surface temperature averaged over
the last 50 years of the simulation reaches a value of 14.2 ◦C. Furthermore, the
global mean surface temperature of this simulation is subject to only a minimal drift
after a decrease during the first ten years of the simulation period. In that way
simulation number 31 meets the constraint of a realistic and stable climate state.
The fulfilment of the further prerequisites in this model simulation, the meaning of
the free parameters and the impact of their variation on the model system’s climate
state are discussed in the following sub-sections.

5.1.1 Correction factor for asymmetric radiation scattering
(zasic)

Radiative properties of ice clouds are parameterised using the ice water path. Scat-
tering properties of clouds in the solar spectrum—mass extinction coefficient, single
scattering albedo, and asymmetry factor—are determined using idealised Mie calcu-
lations (Roeckner et al., 1996). For application in GCMs, the results are averaged
and expressed as functions of the effective particle radius.

The degree of anisotropic scattering in ice clouds is described by the asymmetry
factor γi (Stephens et al., 1990). A value of γi = 1 indicates complete forward
scattering, whereas a value of γi = −1 is for total backscattering, a value of γi = 0
characterises isotropic scattering. Over a large range of wavelengths, the asymmetry
factor for clouds is γi = 0.7–0.9 (Stephens et al., 1990). Measurements suggest,
that an asymmetry factor of γi = 0.8 should be used to model scattering in clouds
(Francis et al., 1994). Mie theory overestimates the asymmetry factor for ice clouds,
yielding a value of γi = 0.87 (Roeckner et al., 1996, 2003; Stephens et al., 1990). The
model parameter zasic accounts for correction of asymmetric radiation scattering in
ice clouds. The value of the correction factor zasic used in the model should be 0.91
to achieve an asymmetry factor of γi ≈ 0.8 (Roeckner et al., 1996, 2003), whereas in
ECHAM5 simulations without coupled ocean, a correction factor for the asymmetry
factor of 0.85 is used (see Appendix D for an overview of model parameters values in
different model setups).
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(a) (b)

(c) (d)

(e) (f)

Figure 5.2: Variation of the simulated atmospheric state with the value of the
asymmetric radiation scattering correction factor for ice clouds (zasic). The
numbers indicate the corresponding simulation as listed in Table 5.1. Parameter
optimisation simulations only differing in the chosen value of zasic are connected
using coloured lines. The final parameter set number 31 is marked in purple.
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Variations in the atmospheric state of the model system with a modified value of
zasic are shown in Fig. 5.2. In these diagrams, simulations linked with a coloured
line can be compared directly, as only the value of the parameter indicated on the
ordinate is changed, whereas other parameters are kept constant.

The correction of the asymmetry factor has a direct impact on radiative transfer,
and hence on the radiation balance at the top of the atmosphere (Fig. 5.2 (a)–(c)).
The net shortwave radiation flux at TOA increases with an increasing zasic (Fig.
5.2 (a)). Positive values of the radiation flux indicates larger incoming radiation.
The TOA net longwave radiation flux decreases as the outgoing longwave radiative
flux increases (the negative sign indicates upward radiative flux) with an increasing
correction factor for asymmetric radiation scattering. This behaviour is expected, as
an increased correction factor results in more forward scattering and less backward
scattering in the shortwave radiation in ice clouds. As the TOA shortwave downward
flux is constant (341.3Wm−2), changes in the net shortwave radiative flux at TOA has
to be caused by a changed upward flux. In the case of higher (lower) values of zasic,
the asymmetry factor is higher (lower) and a reduced (an enhanced) backscattering
of shortwave radiation decreases (increases) the shortwave upward flux resulting in a
larger (smaller) net shortwave radiation flux at TOA.

The behaviour of the outgoing longwave radiation (Fig. 5.2 (b)) is straightforward.
As more shortwave radiation reaches the surface in case of a higher asymmetry
factor, there is more heating resulting in enhanced upward longwave radiation. The
imbalance of the net TOA radiation fluxes is slightly enhanced with higher values of
zasic (Fig. 5.2 (c)).

There is little change in the total cloud cover as zasic varies (Fig. 5.2 (d)).
Generally all parameter optimisation experiments simulate more than 60% cloud
cover, which is acceptable (Mauritsen et al., 2012). Satellite derived cloud cover
estimates are generally higher, but difficult to compare to the model output (see, e.g
Bodas-Salcedo et al., 2011).

Liquid water path and water vapour path rise with increased values of zasic
(Fig. 5.2 (e) and (f)). While all parameter optimisation simulations are within the
accepted range of 50 gm−2 to 80 gm−2 for the liquid water path (Mauritsen et al.,
2012), some model simulations overestimate the water vapour path, which should be
about 24 kgm−2 to 25 kgm−2.
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(a) (b)

(c) (d)

(e) (f)

Figure 5.3: As Fig. 5.2, showing variation of the simulated atmospheric state with
the homogeneity factor of ice clouds zinhomi.
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(a) (b)

(c) (d)

(e) (f)

Figure 5.4: As Fig. 5.2, showing variation of the simulated atmospheric state with
the homogeneity factor of liquid clouds (zinhoml).
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5.1.2 Cloud homogeneity factors (zinhomi and zinhoml)

The parameters called homogeneity factors account for inhomogeneities in cloud
thickness, which can not be represented at the typically used horizontal resolutions
of climate models. There are two homogeneity factors in the model’s radiation code,
one for liquid clouds (zinhoml) and one for ice clouds (zinhomi). As Mauritsen et al.
(2012) show, for the Max Planck Institute Earth System Model (MPI-ESM) any
change in the homogeneity factor for liquid clouds corresponds to a change in the
net short-wave radiation at TOA, whereas the other global quantities show almost
no reaction. The homogeneity factor for liquid clouds was therefore identified as
possibility to close the radiation balance.

Changes in the atmospheric state induced by variation of the homogeneity factor
for ice clouds (zinhomi), are shown in Fig. 5.3. An increase in zinhomi causes
a decrease of the net longwave flux at TOA (Fig. 5.3 (a)) and a decrease in the
outgoing shortwave flux (Fig. 5.3 (b)). This behaviour is understandable, as a more
homogeneous cloud cover tends to reflect more shortwave radiation—manifesting in
a lower net shortwave radiative flux at TOA—and to shield more upward longwave
radiation from Earth’s surface, thus lowering the outgoing longwave radiative flux
at TOA. A slight decrease in the radiation imbalance at TOA can be seen in Fig.
5.3 (c). There is a minor increase in cloud cover with higher values of zinhomi (Fig.
5.3 (d)). A decrease of liquid water path (Fig. 5.3 (e)) and water vapour path (Fig.
5.3 (f)) is found after a slightly initial increase with larger values of the homogeneity
factor for ice clouds.

The influence of the homogeneity factor for liquid clouds (zinhoml) on atmospheric
variables is presented in Fig. 5.4. As for zinhomi, net shortwave radiative flux (Fig.
5.4 (a)) and outgoing net longwave radiative flux (Fig. 5.4 (b)) at TOA are decreasing
as the value of zinhoml increases. This results in a lower radiation imbalance at TOA
with larger values of zinhoml (Fig. 5.4 (c)). The impact on cloud cover is a marginal
increase over the tested range with increasing values of zinhoml. Both, liquid water
path and water vapour path are reduced with enhanced values of zinhoml.

From these results, in the model system used in this study it is more challenging
to only use zinhoml for closing the radiation balance, as suggested for MPI-ESM
(Mauritsen et al., 2012). Because of changes in the parameterisation of cloud related
processes in the development of ECHAM6 (Stevens et al., 2013), the decoupling
of zinhoml from liquid water path and water vapour path are not reproduced here.
Nevertheless, zinhomi and zinhoml are important parameters for closing the TOA
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radiative imbalance in this study, as the sensitivity of cloud cover, liquid water path,
and water vapour path on changed homogeneity factors are small enough to keep
the model system in the accepted range for these atmospheric variables.

5.1.3 Fraction of convective mass flux above the level of
non-buoyancy (cmfctop)

The convective mass flux at the level of non-buoyancy influences the atmospheric
radiative transfer. The parameter used in the convection parameterisation (Tiedtke,
1989; Nordeng, 1994) is named cmfctop in the model system. This parameter
determines the fraction of mass overshooting the level of non-buoyancy in convective
clouds.

The increase of this parameter directly decreases the cloud cover (Fig. 5.5 (d)). A
reduced cloud cover goes along with less reflection of incoming shortwave radiation,
thus leading to an increase of the net shortwave radiative flux at TOA (Fig. 5.5 (a)).
As more solar radiation reaches Earth’s surface, a higher global mean surface tem-
perature is reached (Mauritsen et al., 2012). More absorption of solar radiation
at the surface results in an elevated upward longwave radiative flux, visible in the
net longwave radiative flux at TOA as an increase in outgoing (negative) longwave
radiation (Fig. 5.5 (b)). Disturbing the cloud cover and radiative fluxes in the system
leads to an enhanced radiative imbalance at TOA with higher values of cmfctop (Fig.
5.5 (c)).

The liquid water path is not influenced by the choice of the value of cmfctop (Fig.
5.5 (e)), whereas the water vapour path increases with an increased value of cmfctop
(Fig. 5.5 (f)), because of a higher global mean surface temperature. As cmfctop
influences the hydrological cycle by impacting the distribution of water mass in the
atmosphere, it has a big impact on radiative transfer in the atmosphere, and thus
on the radiative imbalance at TOA. When changing cmfctop during the procedure
of parameter optimisation, special care has to be taken, as changes have also big
impacts on cloud cover and water vapour path, as well as on global mean surface
temperature.
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(a) (b)

(c) (d)

(e) (f)

Figure 5.5: As Fig. 5.2, showing variation of the simulated atmospheric state with
the fraction of convective mass flux above the level of non-buoyancy cmfctop.
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(a) (b)

(c) (d)

(e) (f)

Figure 5.6: As Fig. 5.2, showing variation of the simulated atmospheric state with
the conversion rate from cloud water to rain (cprcon).
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5.1.4 Conversion rate from cloud water to rain (cprcon)

The conversion rate from cloud water to rain in convective clouds (cprcon) is also
a parameter, which impacts radiative transfer, cloud cover, liquid water path, and
water vapour path. Larger values of this parameter generally lead to a reduced
cloud cover and reduced water vapour, as larger parts of cloud water are precipitated
(Mauritsen et al., 2012).

The impact of changes in cprcon on the average state of the atmosphere is shown
in Fig. 5.6. Rising the value of cprcon leads, as expected, to a reduced cloud cover
(Fig. 5.6 (d)). Reductions of liquid water path (Fig. 5.6 (e)) and water vapour path
(Fig. 5.6 (f)) with an increasing value of cprcon are visible. This effect is caused
by enhanced conversion from cloud water to precipitation. Linked to this process,
removal of water from the atmosphere is enhanced as the value of cprcon is increased.

This interference with the model’s hydrological cycle is clearly visible in the
radiative imbalance at TOA (Fig. 5.6 (c)). As the value of cprcon increases, the
radiative imbalance at TOA decreases. This is caused by less reflection of shortwave
radiation in the model’s atmosphere, due to the reduced cloud cover. Less shortwave
reflection can be seen in the net shortwave radiative fluxes at TOA (Fig. 5.6 (a)),
which increases with larger values of cprcon, as less reflected shortwave radiation
reaches the top of the atmosphere as upward shortwave radiation. Less shortwave
radiation, in turn, implies a higher global mean surface temperature and an increased
upward longwave radiative flux, which is visible at TOA in the longwave radiation
budget (Fig. 5.6 (b)).

5.1.5 Entrainment rate for shallow convection (entrscv) and
accretion of cloud droplets by precipitation (cauloc)

Parameters controlling the entrainment rate for shallow convection (entrscv) and
the accretion of cloud droplets by precipitation (cauloc) in the parameterisation of
cloud processes are not varied during this parameter optimisation.

Increasing the entrainment rate for shallow convection (entrscv) leads to effects
opposite to the effects due to increased convective mass flux at the level of non-
buoyancy (cmfctop). As entrscv does not change with different vertical and horizontal
resolutions in the original model code, its value of 3.00× 10−4 m−1 is kept constant
during the parameter optimisation process. The chosen value is consistent with the
value of the standard ECHAM6 setup reported by Mauritsen et al. (2012).
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One test simulation was performed, however, using a value of cauloc = 3.0 instead
of the standard value cauloc = 0.0, to test the impact of changes in this parameter.
Comparison of this simulation (23) with the corresponding standard simulation
(4), where all parameters except for cauloc are set to the same values, reveals only
minimal differences in the atmospheric state (cf. Figs. 5.2–5.6, simulations 4 and 23).
Using cauloc as parameter for parameter optimisation is hence not further considered.
The value of the parameter is set to zero, consistent with the value chosen for coupled
model configurations in the original model code.

5.2 Results from parameter optimisation simula-
tions

Model simulations with varied values for the parameters described above, reveal a set
of parameters, for which the constraints of a reasonable atmospheric climate state are
met. In simulation number 31 a global mean temperature averaged over the last 50
years of the simulation of 14.2 ◦C is achieved. Furthermore, this global mean surface
temperature is subject to only a minimal drift after an initial decrease during the
first ten years of the simulation period (Fig. 5.1). The radiative imbalance at TOA
averaged over the last 50 years of the simulation is 1.97Wm−2, thus well within the
accepted range of 0Wm−2 to 2Wm−2. All atmospheric variables analysed in Section
5.1 are in the appropriate range of values (cf. Figs. 5.2–5.6). The set of parameters
determined from the parameter optimisation simulations are listed in Table 5.2. The
choice of this specific set of parameters, however, remains somehow subjective, as
other parameter sets may also satisfy the constraints. Here, the parameters for the
47 levels middle atmosphere (L47MA) setup are chosen in a way, that the values are
close to values of “neighbouring” model resolutions in the original model code.

zasic zinhomi zinhoml cmfctop cprcon
(10−4 s−1)

cauloc entrscv
(10−4 m−1)

0.89 0.80 0.90 0.21 3.00 0.0 3.0

Table 5.2: Set of parameter values used for the coupled model setup with atmo-
spheric resolution of T42L47MA and oceanic resolution GR30 from simulation
number 31. For a description of the parameters, see Section 5.1.
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zasic zinhomi zinhoml cmfctop cprcon
(10−4 s−1)

cauloc entrscv
(10−4 m−1)

0.91 0.80 0.70 0.21 2.00 0.0 3.0

Table 5.3: Final set of parameters used for the coupled model setup with an
atmospheric resolution of T42L47MA, oceanic resolution GR30, and the updated
HD submodel. For a description of the parameters, see Section 5.1.

An additional fine tuning of the parameter set had to be performed after updating
the Hydrological Discharge (HD) submodel to a version of HD (Hagemann and
Dümenil, 1998) similar to the implementation in ECHAM6 (Stevens et al., 2013).
This update was introduced to achieve a better computational performance of the
model system. Introducing a modified HD submodel affects—within the range of
uncertainty—the hydrological cycle of the model system. Even small changes in the
hydrological cycle impact the atmospheric radiative transfer and surface temperature
distribution.

Therefore, the final set of parameters is determined from an additional 30 year
simulation. This model setup, including the final set of parameters and the updated
implementation of the HD submodel, has been used for all sensitivity simulations
in this study. The final set of parameters for the coupled model system with an
atmospheric resolution of T42L47MA and an oceanic resolution of GR30 is listed in
Table 5.3.





Chapter 6

Conclusions and outlook

The oceanic biogeochemistry model HAMburg Ocean Carbon Cycle model (HAMOCC;
Six and Maier-Reimer, 1996; Maier-Reimer et al., 2005; Wetzel et al., 2005) has been
implemented successfully as a Modular Earth Submodel System (MESSy; Jöckel
et al., 2010) submodel and tested in the coupled ECHAM/MESSy Atmospheric
Chemistry (EMAC; Jöckel et al., 2005, 2006, 2010)-Max Planck Institute Ocean
Model (MPIOM; Marsland et al., 2003; Jungclaus et al., 2006) model system. The
inclusion of air-sea gas exchange and the online calculation of oceanic chemical com-
position introduces additional feedback mechanisms into the model system. These
feedback mechanisms work, for instance, via the link between air-sea gas exchange,
atmospheric composition and chemistry, and atmospheric radiative transfer. A mod-
ified atmospheric composition directly affects surface irradiance and has an impact
on oceanic biogeochemistry, which, in turn, alters oceanic concentrations, closing the
feedback loop via a modified air-sea gas exchange.

Further influence on oceanic biogeochemistry is expected from external import of
nutrients to the ocean by riverine input, mainly impacting coastal areas. In open
ocean areas, additional impact on oceanic biogeochemistry is exerted by nutrient
import from dust, which might also vary with climate. These feedback mechanisms
can also be perturbed by anthropogenic influence. For instance, sewage, fertiliser use,
water management, damming of rivers, and changes in land use influence nutrient
concentrations and discharge of rivers. Further, desertification by human influence
on land use and water management influences dust mobilisation and, hence, dust
deposition after transport.
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With the extended model system, provided as a result of the present study, it
became possible to assess contributions of individual processes in these feedback
chains. In a set of simulations, it could be shown, that the fully coupled model system,
including interactive oceanic biogeochemistry and air-sea gas exchange produces
internally consistent results, comparable to a model setup with prescribed oceanic
concentrations for year 2000 conditions.

The main goals reached in this study are:

• The required model extensions to achieve a fully coupled ocean-atmosphere
model system, including oceanic biogeochemistry and feedbacks between oceanic
biogeochemistry and atmospheric chemistry by air-sea gas exchange, dust
deposition, and riverine nutrient import, have been successfully implemented.

• Different sensitivity simulations with the model system over 5 years of simulation
time for a year-2000 time-slice setup focusing on tropospheric chemistry (mainly
DMS, C5H8, CO, CH3OH, and their products) have been conducted and
evaluated.

• The oceanic concentrations and ocean-to-atmosphere fluxes of CO2 and N2O in
preparation for long-term simulations with interactive stratospheric chemistry
have been evaluated.

• The model parameters for the closure of the subgrid-scale cloud parameterisa-
tion have been optimised to minimise the model systems climate drift. This
provides a model system applicable for simulations on longer time-scales.

Treating the physical ocean model as “black box”, driving the oceanic circulation
and oceanic tracer advection, no changes have been applied to the implementation
by Pozzer et al. (2011) in the present study. The evaluation of simulated ocean
dynamics show reasonable results. Oceanic sea surface temperature (SST) and
sea surface salinity (SSS) have been simulated realistically in the model system.
Deviations in simulated SST and SSS from observation based estimates from the
World Ocean Atlas (WOA) are comparable to differences in previous studies with
different model systems (Marsland et al., 2003; Jungclaus et al., 2006; Assmann
et al., 2010; Pozzer et al., 2011; Tjiputra et al., 2013). In these studies, deficiencies in
SST have been related to discrepancies in surface ocean circulation paths (Marsland
et al., 2003; Jungclaus et al., 2006; Assmann et al., 2010), and to an underestimation
of stratocumulus clouds and too weak coastal upwelling at the western coasts of
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America and Africa (Jungclaus et al., 2006; Assmann et al., 2010; Pozzer et al., 2011).
Deficiencies in SSS have been related to discrepancies in the simulated atmospheric
hydrological cycle (Schneider et al., 2007, 2008) and deficiencies in the representation
of the Arctic large scale freshwater cycle (Serreze et al., 2006), mostly due to the
model’s coarse resolution.

The novel model system, including the biogeochemistry submodel, has been
evaluated thoroughly. As the coupling frequency between ocean and atmosphere
has been increased to a coupling time step of 2 h, in order to resolve diurnal cycles,
the biogeochemical submodel receives a different solar irradiance compared to the
original model code working with daily averaged values. This significantly impacts
the oceanic net primary production (NPP) from phytoplankton photosynthesis. In
the parameterisation of phytoplankton growth the slope of the P-I-curve (production
versus light intensity) has therefore been changed to adapt the NPP to this changed
boundary condition. The resulting model setup, however, produces still a too low
NPP of 36.3Pg(C) a−1 and, related to this, a too low export production (EP) of
7.3Pg(C) a−1. The prerequisite for future experiments with this model system is
thus the adaption of the phytoplankton growth parameterisation to the increased
coupling frequency of the model system, to achieve NPP and EP closer to observation
based estimates.

Because of the deficiencies in reproducing NPP from observations, the model
system experiences deficiencies in oceanic surface concentrations of orthophosphate
(PO3–

4 ), silicic acid (Si(OH)4), dimethyl sulphide ((CH3)2S, DMS), isoprene (C5H8),
nitrous oxide (N2O), and carbon dioxide (CO2). This implies different air-sea gas
exchange fluxes in the model system compared to simulations with prescribed oceanic
concentrations based on observations. However, treating these deficiencies in oceanic
surface concentrations as modified forcings (compared to prescribed), the model
system simulates a reasonable air-sea gas exchange, as well as a consistent response
of the atmospheric composition.

Large discrepancies in CO2 air-sea flux are simulated related to deficiencies in the
representation of NPP and a too short spin-up time. As the present study focuses on
tropospheric chemistry on time scales of years, atmospheric concentrations of CO2

and N2O have been prescribed, ocean-to-atmosphere fluxes of these species could
only be analysed as diagnostic quantities. For deeper investigation of CO2 air-sea
gas exchange, further model simulations with better represented NPP are needed.
Furthermore, a model simulation with transient forcings from pre-industrial to present-
day conditions with interactive atmospheric concentrations of CO2 is required to
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test the representation of CO2 gas exchange and its trend. For simulations on longer
time-scales (centuries) N2O emissions become important as source of stratospheric
nitrogen oxides (NOx). To asses the impact of ocean-to-atmosphere fluxes of N2O
on stratospheric chemistry, model simulations on longer time-scales with interactive
atmospheric N2O concentrations are necessary.

Despite these issues, a number of sensitivity simulations focusing on the role of
specific feedbacks (relative changes) could be performed. The analysis of differences
between sensitivity studies has been possible, as only relative differences have been
analysed. For instance, the impact of riverine nutrient import to the ocean has been
tested in the model system.

The cause-effect chain in the model system between surface water composition, air-
sea gas exchange, and atmospheric composition is mostly as expected. Simulated air-
sea gas exchange is in first order approximation related linearly to the corresponding
simulated oceanic surface water concentrations for DMS, C5H8, and carbon monoxide
(CO), whereas no linear relationship between near surface atmospheric burden and
air-sea gas exchange is simulated. Here additional non linear interactions between
atmospheric chemistry with large-scale and small-scale transport processes play an
important role in determining atmospheric composition.

Overall, the simulated global budgets of ocean-to-atmosphere fluxes are com-
parable to values simulated with prescribed oceanic concentrations, and to values
published in literature. However, regionally large impacts on atmospheric concen-
trations, especially in atmospheric compounds linked to DMS and C5H8 chemistry
are simulated. These differences are, as expected, related to the different patterns in
air-sea gas exchange, resulting from different surface water concentrations between
simulations with online calculated oceanic biogeochemistry and a prescribed oceanic
composition.

The impact of additional riverine nutrient import on oceanic biogeochemistry is
mostly insignificant. Nevertheless, the resulting patterns are reasonable, showing
changes in the ocean surface concentrations of iron (Fe), Si(OH)4, and CO2 mainly
in coastal areas. Enhanced Fe and Si(OH)4 concentrations are simulated in these
areas, partly affecting the open ocean. Additional CO2 import from rivers results
in higher CO2 surface water concentrations in coastal areas and, hence, higher CO2

outgassing in these regions. As atmospheric CO2 concentrations have been fixed in
the atmospheric chemistry submodel during all sensitivity simulations in this study,
an impact on atmospheric composition or dynamics could not be assessed. The impact
on atmospheric concentrations from other chemical species is also insignificant on the
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analysed time-scale of 5 years. Impacts on oceanic biogeochemistry in coastal areas,
however, could be important on regional scales, especially in high polluted coastal
areas. To investigate theses feedbacks in more detail, a higher model resolution
and the inclusion of additional processes important to coastal biogeochemistry into
the model system are necessary. Moreover, additional import of the least available
organic element from rivers needs to be implemented in the model system by the
method of Bernard et al. (2010), to couple dissolved organic matter (DOM) from
rivers to the oceanic biogeochemistry. The novel model system is already prepared
to use also spatial and temporal variable riverine nutrient import into the ocean
utilising the OTPHYSC (Ocean Tracer PHYsiCs) submodel. To apply high resolution
nutrient data in the coarse model system, additional processing of the data may
be necessary, for instance using the approach of coastal catchments (COSCATs) by
Meybeck et al. (2006).

Another potentially important feedback, which might be influenced by climate
change is nutrient import to the ocean by dust deposition. Interactive dust deposition
providing Fe and silica (SiO2) to the surface ocean has been implemented in the
model system. For this study a novel submodel has been developed, calculating the
total dust deposition flux from partial dust fluxes from dry deposition, sedimentation,
and scavenging. The results of the sensitivity study with consistent dust deposition
from the atmosphere to the ocean are comparable to the results with a prescribed
dust deposition source (both for the year-2000 conditions). With the extended
model system, the present study provides a tool to assess contributions of individual
processes in these highly non-linear feedback chains. Yet, higher surface ocean Fe
and Si(OH)4 concentrations are simulated in the high deposition zones of Saharan
dust in the Atlantic. Changes in NPP resulting from the modified atmospheric dust
source are, however, small, hence no significant impact on the secondary (i.e., other
than Fe and Si(OH)4) surface ocean tracer concentrations are simulated. This is a
consequence of the simulated limiting nutrient for phytoplankton growth, which is
nitrate in aqueous phase (NO–

3) in the major dust deposition zones in the Atlantic.
As a consequence no significant changes in air-sea gas exchange and in atmospheric
composition on a 5-year time-scale have been simulated. Nevertheless, the inclusion
of interactively calculated dust deposition provides a more consistent simulation
of nutrient supply to the surface ocean and extends the model system for further
studies under different climatic conditions.
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As outlined above, changes in NPP from additional and modified nutrient sources
strongly depend on the limiting nutrient for phytoplankton growth in the specific
region. The simulation of the limiting nutrient for phytoplankton growth in the
model system is in line with results by Assmann et al. (2010). As the Atlantic
is NO–

3 limited in the model simulations, the impact of larger Fe sources from an
increased atmospheric deposition compared to the climatological dust deposition
fluxes is low. In this region sources of nitrogen (N) become more important. It is
thus recommended to test the model system’s response to additional N deposition
from the atmosphere (Spokes et al., 2000; Tost et al., 2007a), which is not included
at the moment.

Ultimately, the novel model system is to be applied for applications with detailed
chemistry on longer time scales (centuries). In long term simulations, used for
example for trend analyses, the stratosphere plays an important role for tropospheric
dynamics and chemistry. For practical reasons of reducing the computational time
to about one half of the full T42L90MA setup with 90 levels in the atmosphere, a
T42L47MA model setup with 47 atmospheric levels has been used in the present
study. For the coupling with the ocean model, the required parameter optimisation
has been performed to find a set of parameters for subgrid-scale, mostly cloud-related
processes to provide a stable climate under constant forcings. A suitable parameter
set for this model setup could be derived and the response of several atmospheric
properties to changes in the parameters have been analysed. This may also be
useful as a guide for future parameter optimisations for model setups with different
resolutions.

Conclusively, a dynamically and chemically coupled atmosphere-ocean simulation
system has been developed and evaluated for present-day conditions. It is now
ready for investigations of long-term changes in atmospheric chemistry and oceanic
biogeochemistry.



Appendix A

The MESSy submodel HAMOCC

This chapter presents an overview of the model parameters for the MESSy submodel
HAMOCC available for modification via the user interface namelist. Table A.1 lists
all parameters, short descriptions, their default values, and the values used in this
study. A commented example of the user interface namelist is provided in Listing
A.1.
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variable description default value value used
1) Redfield ratios and constants

ro2ut -O2:P ratio in mol(O2)mol(P)−1 172. default
rcar C:P ratio in mol(C)mol(P)−1 122. default
rnit N:P ratio in mol(N)mol(P)−1 16. default
nitdem nitrate consumption during remineralisation of

detritus in suboxic water in mol(N)mol(P)−1
121.6 default

n2prod production of N2 during remineralisation in
suboxic water in mol(N)mol(P)−1

68.8 default

rcalc calcium carbonate to organic P production
ratio in mol(C)mol(P)−1

35. default

ropal ratio of opal to organic phosphorous
production in mol(Si)mol(P)−1

25. default

n2_fixation nitrogen fixation by blue algae rate in d−1 0.005 default
rno3 N:P ratio in sediment pore water in

mol(N)mol(P)−1
16. default

perc_diron molar fraction of soluble Fe in dust in
mol(Fe) g(Dust)−1

5.372e-6 default

riron Fe:P stoichiometric ratio in mol(Fe)mol(P)−1 3.66e-4 default
fesoly dissolved molar iron concentration in deep

water in kmol(Fe)m−3
6.e-10 default

relaxfe relaxation rate to fesoly for Fe in deep water in
d−1

1.36986e-4 default

Table A.1: Parameters available via user namelist in the implementation of
HAMOCC as MESSy submodel and parameter values used in this study.
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variable description default value value used
2) Radiation and Photosynthesis

pi_alpha initial slope of production vs irradiance in
d−1(Wm−2)−1

0.02 0.008

fPAR fraction of photosynthetic available radiation 0.4 default
ctochla C to Chlorophyll ratio in g(C) g(Chl)−1 60. default
atten_wa Gelbstoff attenuation in m−1 0.04 default
atten_fa,b fraction of shortwave radiation absorbed at

ocean surface
0.4 default

3) Phytoplankton
phytomi minimum concentration of phytoplankton in

kmol(P)m−3
1.e-11 default

bkphy half saturation constant for phytoplankton in
kmol(P)m−3

1.e-8 default

bkopal half saturation constant for SiOH4 in
kmol(Si)m−3

1.e-6 default

remido remineralisation rate of DOM in d−1 0.008 default
dyphy mortality rate of phytoplankton in d−1 0.008 default
gammap phytoplankton exudation rate in d−1 0.03 default
4) Zooplankton

bkzoo half saturation constant for grazing in
kmol(P)m−3

4.e-8 default

grami minimum concentration of zooplankton in
kmol(P)m−3

1.e-11 default

zinges assimilation efficiency of zooplankton 0.6 default
epsher (1-epsher) = fraction of grazing egested 0.8 default
grazra grazing rate in d−1 1.0 default
spemor mortality rate of zooplankton in d−1 3.e6 default
gammaz zooplankton excretion rate in d−1 0.06 default
ecan fraction of mortality as PO4 0.95 default

a only in MPIOM version 1.3, not available in MPIOM version 1.5
b only used, if L_HAMOCC_COUPLING=T in mpiom.nml (feedback of oceanic
biogeochemistry on ocean dynamics)

Table A.1: Continued.



172

variable description default value value used
5) Deep Ocean Remineralisation, Dissolution, Mortality, Sinking

sinkspeed_pocc sinking velocity of detritus in md−1 5.0 –c

sinkspeed_opalc sinking velocity of opal in md−1 30.0 –c

sinkspeed_calc sinking velocity of calcium carbonate
in md−1

30.0 –c

drempoc detritus remineralisation rate in d−1 0.025 0.1d

dremdoc DOC remineralisation rate in d−1 0.004 default
dremn2o remineralisation using N2O in d−1 0.01 default
denitrification fraction of remineralisation from

denitrification in oxygen low waters
0.05 default

sulfate_reduction remineralisation from sulfate
reduction in oxygen low waters in
d−1

0.005 default

dremopal opal dissolution rate in d−1 0.01 3.3e-3d

dremcalc calcium carbonate dissolution rate in
d−1

0.075 default

dphymor phytoplankton mortality rate in d−1 0.1 0.2d

dzoomor zooplankton mortality rate in d−1 0.02 default
6) DMS

dmspar(1) parameter for temperature
dependence of DMS release by
phytoplankton in ◦C

10. default

dmspar(2) DMS photolysis by UV-radiation in
(Wm−2)−1 d−1

0.0075 default

dmspar(3) microbial DMS consumption in
◦C−1 d−1

0.0096 default

dmspar(4) production with delcar in
mol(S)mol(C)−1 d−1

0.053819251 default

dmspar(5) production with delsil (diatoms)
mol(S)mol(Si)−1 d−1

0.054892261e-01 default

dmspar(6) half saturation constant for microbial
production in kmol(S)m−3

0.1e-07 default

7) AGG (Aggregation sinking)
calmax maximum fraction of CaCO3

production (max. rain ratio) (AGG)
0.20 default

c no effect if L_AGG=T in hamocc.nml (aggregation sinking)
d value used because of aggregation sinking

Table A.1: Continued.
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Listing A.1: hamocc.nml
! -*- f90 -*-
&CPL

L_DUST = T ! T = dust input from climatology ,
! F = input from on -line module

dust_input = ’a2o ’,’dust_in ’ ! if L_DUST =T => channel and ←↩
channel object for

! dust input into the ocean
L_SKIP_INT = F

/
&CTRL

L_CHECK = F ! output of checks
L_AGG = T ! explicit calculation of marine ←↩

snow :
! ! particle size distributions ←↩

explicit calculated
! WHEN using AGG , set parameters of drempoc , dremopal and ←↩

dphymor !!
L_BGC_DIAG = T ! hamocc diagnostics
isac = 1 ! sediment acceleration factor
rmasks = 0 ! mask value for tracer on land
hamocc_ini_files_path = ←↩

" $INPUTDIR_MPIOM /${ MPIOM_HRES }/ hamocc / init_files "
!
! 1) Redfield ratios and constants
! extended redfield ratio declaration
ro2ut = 172. ! -O2:P ratio
rcar = 122. ! C:P ratio
rnit = 16. ! N:P ratio
nitdem = 121.6 ! nitrate demand to remin. 1 mol P in ←↩

suboxic water
n2prod = 68.8 ! N2 production for 1 mol P ←↩

remineralized in subox. wat.
rcalc = 35. ! calcium carbonate to organic P prod. ←↩

ratio
ropal = 25. ! opal to organic phosphorous prod. ratio
n2_fixation = 0.005 ! nitrogen fixation by blue algae rate ←↩

in 1/d
rno3 = 16. ! N:P ratio in pore water in sediment
perc_diron = 5.372e-6 ! weight percent iron in dust
! ! deposition (0.035) times Fe solubility (0.01) / ←↩

55.85 g--> mol
riron = 3.66e-4 ! Fe to P stoichiometric ratio * umol ->mol)
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fesoly = 6.e -10 ! dissolved molar iron
! ! concentration in deep water (for ←↩

relaxation ) (mol/m3)
relaxfe = 1.36986e-4 ! relaxation time for iron to fesoly
! ! in 1/d; corresponds to 20 yrs
!
! 2) Radiation and Pothosythesis
pi_alpha = 0.008 ! initial slope of production vs irradiance
! ! curve (alpha) (0.002 for 10 steps per ←↩

day)
fPAR = 0.4 ! fraction of Photosynthetic Active ←↩

Radiation
!
! For use with MPIOM_13B ONLY !!
! parameters for sw - radiation attenuation
ctochl = 60. ! C to Chlorophyll ratio
atten_w = 0.04 ! Gelbstoff attenuation in 1/m
atten_f = 0.4 ! fraction of sw - radiation dir. absorbed ←↩

in sfc. layer
! ! (only used if L_HAMOCC_COUPLING in mpiom.nml) ←↩

[ feedback bgc -ocean]
! END: For use with MPIOM_13B ONLY
!
! 3) Phytoplankton
phytomi = 1.e -11 ! minimum concentration of phytoplankton
! ! i.e. 1.e -11 kmol P/m3 = 1e-5 mmol P/m3
bkphy = 1.e-8 ! half saturation constant for ←↩

phytoplankton (kmol/m3)
bkopal = 1.e-6 ! half saturation constant for Si(OH)4
! ! i.e. 1.0 mmol Si/m3
remido = 0.008 ! 1/d -remin. rate (of DOM)
dyphy = 0.008 ! 1/d -mortality rate of phytoplankton
gammap = 0.03 ! 1/d -exudation rate
!
! 4) Zooplankton
bkzoo = 4.e-8 ! half saturation constant for grazing
! ! i.e. 0.04 mmol P/m3
grami = 1.e -11 ! minimum concentration of zooplankton
! ! i.e. 1.e -11 kmol P/m3 = 1e-5 mmol P/m3
zinges = 0.6 ! dimensionless fraction -
! ! assimilation efficiency of zooplankton
epsher = 0.8 ! dimensionless fraction -
! ! (1- epsher )= fraction of grazing egested
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grazra = 1.0 ! 1/d -grazing rate [emr: 0.6 -0.9]
spemor = 3.e6 ! 1/d -mortality rate of zooplankton
gammaz = 0.06 ! 1/d -excretion rate
ecan = 0.95 ! fraction of mortality as PO_4
!
! 5) Deep Ocean Remineralisation , Dissolution , Mortality , Sinking
! note: this sinking speeds have no effect in case of L_AGG =. TRUE.

! sinkspeed_poc = 5.0 ! daily sinking speed of poc
! sinkspeed_opal = 30.0 ! daily sinking speed of opal
! sinkspeed_cal = 30.0 ! daily sinking speed of cal

! water column remineralisation constants
! drempoc = 0.025 ! detritus remineralisation rate in 1/d
! ! ! 0.75/ month
! AGG: drempoc = 0.1
drempoc = 0.1 ! detritus remineralisation rate in 1/d
dremdoc = 0.004 ! DOC remineralisation rate in 1/d
dremn2o = 0.01 ! remineralisation using N2O in 1/d
denitrification = 0.05 ! fraction of remineralisation from
! ! denitrification in oxygen low waters
sulfate_reduction = 0.005 ! remineralisation from sulfate
! ! reduction in oxygen low waters in ←↩

1/d
! dremopal = 0.01 ! Opal dissolution rate in 1/d
! AGG: dremopal = 3.3e-3
dremopal = 3.3e-3 ! Opal dissolution rate in 1/d
dremcalc = 0.075 ! 1/d
! dphymor = 0.1 ! Phytoplankton mortality rate in 1/d
! AGG: dphymor = 0.2
dphymor = 0.2 ! Phytoplankton mortality rate in 1/d
dzoomor = 0.02 ! Zooplankton mortality rate in 1/d
!
! 7) DMS
dmspar (1) = 10. ! temperature dependent release by ←↩

phytoplankton
dmspar (2) = 0.0075 ! photolysis (uv - destruction )
dmspar (3) = 0.0096 ! microbial consumption
dmspar (4) = 0.053819251 ! production with delcar
dmspar (5) = 0.054892261e -01 ! production with delsil ( diatoms )
dmspar (6) = 0.100000000e -07 ! half saturation microbial
!
! 8) AGG ( Aggregation sinking )
calmax = 0.20 ! max fraction of CaCO3 production (AGG)
! ! (max rain ratio)
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Appendix B

The MESSy submodel OTPHYSC

OTPHYSC (Ocean Tracer PHYsiCs) couples the oceanic biogeochemical tracers to
the oceanic dynamics. It also provides an interface to update oceanic tracers with
chemical fluxes provided at the ocean’s surface from other submodels (AIRSEA,
SCAV).

An extension has been developed to update oceanic tracers at the land-ocean
interface with chemical fluxes stemming from rivers. Further, six switches have been
implemented to switch off several feedbacks from the ocean dynamics on the oceanic
tracers. An example of an user interface namelist is provided in Listing B.1.

Air-sea fluxes are defined via:

AOFLUX(<number >) = ’<ocean tracer >’, ’<flux ←↩
channel >’, ’<flux object >’, ’<process >’

where <number> is an unique identifier for AOFLUX. <ocean tracer> is the name of
the oceanic tracer field. The air-sea flux is provided by the channel object <flux
object>, which can be found in the channel <flux channel>. <process> identifies
the process, which calculates the air-sea flux, valid choices are airsea and scav.
Depending on <process>, the appropriate conversion of units is chosen. For airsea
a flux in mol(X)m−2 s−1 is assumed, for scav a flux in molecules(X)m−2 s−1.

The amount of tracer added to the ocean from rivers is determined from the
freshwater flux and the molar tracer concentration in the freshwater. The freshwater
input to the ocean is provided in the channel object RIVER_OBJECT of the channel
RIVER_CHANNEL. The molar concentration of tracers can be given as constant via a
key-value pair:

RINPUT(<number >) = ’<ocean tracer >’, <value >
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Alternatively a 2D field of molar concentrations, provided by the channel object
<channel object> in the channel <channel> can be used:

RINPUT_TR (<number >) = ’<ocean tracer >’, ’<channel >’, ←↩
’<channel object >’

Listing B.1: otphysc.nml
! -*- f90 -*-
&CTRL
MASK_VALUE = 0.0 ! mask value over land
/
&CPL
! #########################################################
! AIR -SEA INTERACTIONS / SCAVENGING UPDATE IN THE OCEAN
! #########################################################
! ’name ocean tracer ’, ’flux_channel ’, ’flux_object ’, process
! process = ’scav ’, ’airsea ’
!
AOFLUX (1) = ’O2 ’, ’a2o ’, ’O2_ao_flux ’, ’airsea ’
AOFLUX (2) = ’N2O ’, ’a2o ’, ’N2O_ao_flux ’, ’airsea ’
AOFLUX (3) = ’N2 ’, ’a2o ’, ’N2_ao_flux ’, ’airsea ’
AOFLUX (4) = ’C12 ’, ’a2o ’, ’CO2_ao_flux ’, ’airsea ’
AOFLUX (5) = ’DMS ’, ’a2o ’, ’DMS_ao_flux ’, ’airsea ’
AOFLUX (6) = ’ISOP ’, ’a2o ’, ’C5H8_ao_flux ’, ’airsea ’
AOFLUX (7) = ’CO ’, ’a2o ’, ’CO_ao_flux ’, ’airsea ’
!
! #########################################################
! INPUT OF RIVER NUTRIENT TO THE OCEAN
! #########################################################
! freshwater input channel and channel object
RIVER_CHANNEL = ’a2o ’
RIVER_OBJECT = ’disch_m3s ’
!
! constant molar concentrations
! ’name ocean tracer ’, amount of input (mol/L)
RINPUT (1) = ’Fe ’, 1.022E-8
RINPUT (2) = ’C12 ’, 7.133E-4
!
! molar concentration fields
! ’name ocean tracer ’, ’channel ’, ’channel object ’
RINPUT_TR (1) = ’Si ’, ’a2o ’, ’Si ’
RINPUT_TR (2) = ’N2 ’, ’a2o ’, ’N2 ’
!
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! #########################################################
! Switches for skipping processes
L_SKIP_ADV = F ! advection
L_SKIP_MIX = F ! mixing
L_SKIP_DIF = F ! diffusion
! #########################################################
L_SKIP_DIL = F ! dillution
L_SKIP_AOE = F ! atmosphere -ocean exchange
L_SKIP_RIV = F ! river input
! #########################################################
/





Appendix C

The MESSy submodel SCALC

The novel MESSy submodel SCALC (Simple CALCulations) has been developed to
perform simple mathematical operations on CHANNEL objects and provide results
of the calculations as new CHANNEL objects.

Each CALC object has an unique identifier <number>. <object out> is the name
of the channel object, which contains the result of the calculation in the SCALC
channel. The channel object <object out> is created by the SCALC submodel
during runtime and should have a unique name in the SCALC channel. <method>
selects the mathematical operation, which is applied to the channel objects specified
in <object list>. At the moment, the only mathematical method implemented is
summation (SUM).

The syntax in the user interface namelist is as follows:

CALC(<number >) = ’<object out >’, ’<object list >’, ←↩
’<method >’

where <object list> is build up from <input object>s. The <input object>s
are separated by semicolons:

<object list > = <input object >[;< input object >][;...]

An <input object> comprises one or more <channel object>s, which can be
grouped with commas, if they belong to the same <channel>. An optional <scaling
factor> is separated from the <channel object> with %:

<input object >=< channel >:< channel object >[%< scaling ←↩
factor >][,< channel object > [%< scaling ←↩
factor >]][ ,...]

Below, in Listing C.1, an example of the user interface namelist for SCALC is given.
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For the first example CALC(1), a new channel object ddep_dust is created in the
SCALC channel. The new channel object ddep_dust contains the sum of the channel
objects ddepflux_DU_as, ddepflux_DU_ai, ddepflux_DU_cs, and ddepflux_DU_ci.
Each of these channel objects is available from the channel ddep_gp and each is
scaled with a factor of 2.0× 10−18.

The second example CALC(2) results in a channel object dust, which is the sum
over twelve channel objects in the channels ddep_gp, sedi_gp, and scav_gp.

Listing C.1: scalc.nml
! -*- f90 -*-
&CPL
! ’name output object ’, ’channel : object % scaling , object % ←↩

scaling ; channel : object % scaling ’, ’operation ’
!
CALC (1) = ’ddep_dust ’, ’ddep_gp : ddepflux_DU_as %2.e-18, ←↩

ddepflux_DU_ai %2.e-18, ddepflux_DU_cs %2.e-18, ddepflux_DU_ci %2. ←↩
e-18’, ’SUM ’

CALC (2) = ’dust ’, ’ddep_gp : ddepflux_DU_as , ddepflux_DU_ai , ←↩
ddepflux_DU_cs , ddepflux_DU_ci ; sedi_gp : sediflux_DU_as , ←↩
sediflux_DU_ai , sediflux_DU_cs , sediflux_DU_ci ; scav_gp : ←↩
wetflx_aer_cv_DU_cs , wetflx_aer_cv_DU_ci , wetflx_aer_ls_DU_cs , ←↩
wetflx_aer_ls_DU_ci ’, ’SUM ’

/
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Term Description Page(s)
A-GCM atmosphere general circulation model 13, 39, 40
A2O Atmosphere2Ocean submodel, exchange

of gridded fields between atmosphere and
ocean

43, 44, 55, 63,
64

AIRSEA AIRSEA submodel, calculating air-sea gas
exchange

36, 44, 45, 49,
56, 58–60, 64–
66, 71, 73–76,
177

AMIP Atmospheric Model Intercomparison
Project

78

AO-CCM atmosphere-ocean chemistry climate model 16, 39, 70, 71,
74

AO-GCM atmosphere-ocean general circulation
model

13, 14, 16, 39,
40, 42, 55, 66,
70, 78

AOU apparent oxygen utilisation 91
BDC Brewer-Dobson Circulation 13
Br bromine 27, 30, 195
BrO bromine monoxide 27, 30, 195
BrOx BrOx chemical family = Br + BrO 30
C carbon 25, 30, 31, 51,

53, 54, 170,
171

195



196 Glossary

Term Description Page(s)
C5H8 isoprene (2-methyl-1,3-butadiene) 6, 9, 10, 25,

26, 52, 53, 59,
71, 73, 74, 89–
91, 93, 101–
103, 109, 110,
116–118, 120,
124–126, 129–
132, 138, 140–
143, 164–166,
208, A

CaCO3 calcium carbonate 33, 48
CAM Community Atmosphere Model 79
CbPM Carbon-based Productivity Model 76, 77, 82, 83
CCM chemistry climate model 5, 6, 13–15, 39,

42, 64
CCMVal Chemistry-Climate Model Validation 13
CCN cloud condensation nucleus (mostly plural:

cloud condensation nuclei)
4, 6, 9, 10, 196

CDOM coloured dissolved organic matter 53, 54, 207,
208

CFC chlorofluorocarbon 21
CFC-11 CCl3F, trichlorofluoromethane 46, 71
CFC-12 CCl2F2, dichlorodifluoromethane 46, 71
CH2Cl chloromethyl radical 25
CH3OH methanol 6, 11, 59, 71,

73, 93, 107,
108, 117, 118,
120, 164

CH4 methane 21, 46, 71
CHANNEL CHANNEL submodel, memory and meta-

data management and data output
42, 61, 62, 67,
181

Cl chlorine 25, 27, 30, 197



Glossary 197

Term Description Page(s)
CLAW hypothesis hypothesis, that phytoplankton is regulat-

ing local climate by emission of DMS which
acts as CCN; named after the authors’ sur-
names of the study

9

ClO chlorine monoxide 27, 30, 197
CLOUD CLOUD submodel, ECHAM5 cloud

scheme
44, 46

ClOx ClOx chemical family = Cl + ClO 30
CMBA chloromethylbutenal 25
CMBO 1-chloro-3-methyl-3-buten-2-one 25
CMIP5 Coupled Model Intercomparison Project 83
CO carbon monoxide 6, 10, 11, 23,

26, 52–54, 59,
71, 73, 74, 91–
93, 104, 106,
107, 109, 110,
117, 118, 120,
124–126, 130,
131, 133, 138,
140–143, 164,
166, 207–211,
A

CO2 carbon dioxide 7, 8, 20, 21,
31, 33–35, 46,
48, 49, 52, 59,
60, 71, 73, 74,
88, 89, 93, 100,
101, 109, 110,
126, 129, 131,
132, 138, 140–
143, 164–166,
207, 209, 210,
A

CONTROL CONTROL submodel, providing entry
points to call submodels

42, 55



198 Glossary

Term Description Page(s)
CONVECT CONVECTion submodel, convection pa-

rameterisations
44

CVTRANS ConVective tracer TRANSport submodel,
calculating convective tracer transport

44

DDEP Dry DEPosition submodel, calculating dry
deposition of trace gases and aerosol

44–46, 60, 62–
64, 75

DIC dissolved inorganic carbon 33
DMS dimethyl sulphide ((CH3)2S) 6, 8, 9, 15, 26–

28, 34, 48, 52,
59, 71, 73, 74,
86, 88, 92–99,
109–116, 124–
126, 128, 129,
131, 132, 138,
140–143, 164–
166, 172, 196,
A

DMSO dimethyl sulphoxide (CH3SOCH3) 27, 28
DMSO2 dimethyl sulphone (CH3SO2CH3) 27, 28
DOC dissolved organic carbon 52, 54, 172,

207
DOM dissolved organic matter 31, 32, 48, 130,

167, 171, 207
E4CHEM E4CHEM submodel, computationally effi-

cient calculation of atmospheric chemistry
based on MAECHAM4-CHEM

145

ECHAM European Centre HAMburg general circu-
lation model

15, 36, 39, 42,
45, 46, 66, 70,
78, 145, 146,
150, 155, 159,
161, 163, 184,
189, 198, 203



Glossary 199

Term Description Page(s)
EMAC ECHAM/MESSy Atmospheric Chemistry 15, 16, 36, 39,

42, 45, 47, 49,
55, 64–66, 70,
75, 78, 145,
163, 184, 189

EP export production 83, 84, 142,
165

ESM earth system model 13, 14, 16, 39–
42

Fe iron 15, 30, 38, 48,
51, 61, 73, 74,
126–128, 133,
135–139, 143,
166–168, 170,
A

GCM general circulation model 13, 147, 150
GEIA Global Emissions InitiAtive 71
GHG greenhouse gas 1, 4, 8, 13, 14,

20
GRIDTRAFO GRIDTRAnsFOrmation submodel, grid

transformations
42, 55

GWAVE Gravity WAVE submodel, gravity wave
parameterisation

44

H hydrogen 26, 30, 31, 200
H2O H2O submodel, stratospheric water vapour

and feedback
42, 44, 46

H2O water 7, 20–22, 25,
34, 42, 43, 46,
47, 201

H2O2 hydrogen peroxide 24
H2SO4 sulphuric acid 27, 112–116
HadGEM2 Hadley Centre Global Environmental

Model version 2
14, 15



200 Glossary

Term Description Page(s)
HAMOCC HAMburg Ocean Carbon Cycle model 15, 31, 32, 43,

44, 47–50, 52–
54, 61–64, 66,
70, 72, 74–76,
81, 83, 85, 88,
93, 95, 109,
128, 137, 138,
163, 169, 170

HCHO formaldehyde (methanal, HCHO) 10, 11, 25–27,
117, 118, 120

HCO formyl radical 26
HD Hydrological Discharge submodel, calcu-

lating river discharge to the ocean
44, 47, 48, 66,
74, 161

HNLC high nutrient low chlorophyll (also: high
nitrate low chlorophyll)

3, 38

HNO3 nitric acid 24, 43, 46, 71,
120, 122, 124,
200, 201

HNO3nat HNO3 in NAT phase 46
HNO4 hydroxy nitrate 120, 122, 124
HO2 hydroperoxyl radical 24–26, 30, 200
HONO nitrous acid 120, 122, 124
HOx HOx chemical family = H + OH + HO2 24, 30, 118
I iodine 28
IMPORT IMPORT submodel, data import 42
JVAL J-VALues submodel, calculation of photol-

ysis rate coefficients
44

KCl potassium chloride 80
LNOX Lightning NOx submodel, calculation of

lightning induced NOx production
44

M7 aerosol model using seven aerosol classes 44, 45, 62, 63,
75

MACR methacrolein (2-Methylprop-2-enal,
C4H6O)

10, 25

MBL marine boundary layer 9, 10, 27, 28
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MECCA Module Efficiently Calculating the Chem-

istry of the Atmosphere
44–46, 74

MESSy Modular Earth Submodel System 15–17, 36, 39,
41–49, 55, 56,
60–64, 66, 67,
70, 71, 76, 145,
163, 169, 170,
181, 198, 203

MICOM Miami Isopycnic Coordinate Model 79
MPAN peroxymethacryloylnitrate

(CH2C(CH3)C(O)OONO2)
10

MPI-ESM Max Planck Institute Earth System Model 83, 85, 155
MPIOM Max Planck Institute Ocean Model 15, 16, 39, 43,

44, 47, 48, 55,
64, 66, 70, 78,
146, 163

MSA methanesulphonic acid (CH3S(O)2OH) 9, 27, 28
MSBM MSBM submodel, multi-phase strato-

spheric box model
42–44, 46, 71,
72

MSIA methanesulphinic acid (CH3S(O)OH) 28
MSPN methanesulphonylperoxynitrate

(CH3S(O)2OONO2)
28

MVK methane vinyl ketone (butenone, C4H6O) 10, 25
N nitrogen 30, 31, 51, 143,

168, 170
N2 nitrogen 22, 32, 49, 52,

59, 73, 74, 126,
170, 209

N2O nitrous oxide 7, 8, 21, 29, 34,
46, 52, 59, 71,
73, 74, 91, 93,
103–105, 109,
110, 130–133,
138, 140–142,
164–166, A
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N2O5 dinitrogen pentaoxide 120, 121, 123
NAT nitric acid trihydrate, HNO3·3H2O 46, 71, 200
NCEP National Centers for Environmental Pre-

diction
79

NCREGRID NetCdf-REGRIDding submodel, re-
discretisation on different grids

42

NH3 ammonia 121, 123
NO nitric oxide 10, 22–25, 27,

30, 74, 120,
121, 123, 202

NO2 nitrogen dioxide 22, 24, 27, 30,
120, 121, 123,
202

NO3 nitrate radical 24–26, 38, 112,
120, 121, 123,
209

NO–
3 nitrate in aqueous phase 32, 48, 128,

139, 143, 167,
168, A

NorESM Norwegian Earth System Model 85
NOx nitrogen oxides, NOx chemical family =

NO + NO2

8, 10, 22–24,
27, 29, 30, 44,
120, 121, 123,
166, 200

NPP net primary production 76, 77, 82–85,
88, 89, 91, 96,
101, 104, 127,
128, 130, 136–
139, 142, 143,
165, 167, 168,
A

NPZD-type NPZD-type biogeochemistry models con-
sist of the functional groups nutrients, phy-
toplankton, zooplankton, and detritus

31, 32, 48, 50

O oxygen 23, 29–31
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O-GCM ocean general circulation model 13, 15, 39, 40,

47, 48
O(1D) electronically excited oxygen atom 8, 23, 29, 74
O2 oxygen 20, 22, 23, 25,

26, 28, 31, 34,
49, 51, 52, 59,
73, 74, 170

O3 ozone 7, 8, 10, 13,
20–25, 27–29,
34, 46, 71, 117,
118, 120

OASIS Ocean Atmosphere Sea Ice Soil 62
OCS carbonyl sulphide 27
OFFEMIS OFFline tracer EMISsions submodel, cal-

culating tracer tendencies from offline pro-
vided emission fluxes

44

OH hydroxyl radical 9–11, 23–26,
28, 30, 112,
113, 117, 118,
120, 200

ONEMIS ONline tracer EMISsions submodel, cal-
culating gas-phase tracer emissions and
updating tracer tendencies

44, 45, 75

OTPHYSC Ocean Tracer PHYsiCs submodel, calcu-
lating advection, convection, diffusion and
dilution of oceanic tracers

43, 44, 48, 60,
61, 66, 167,
177

P phosphorous 30, 31, 51, 54,
61, 170

PAN peroxyacetylnitrate (CH3C(O)OONO2) 10, 120, 122,
124

PAR photosynthetically available radiation 2, 4, 6, 30, 31,
81

pH scale describing acidity 7, 8
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PO3–

4 orthophosphate 48, 76, 77, 83,
84, 128, 139,
165, 171, 208,
209

POC particulate organic carbon 2, 52, 83
PSC polar stratospheric cloud 43, 46, 71, 72
QCTM Quasi Chemistry-Transport Model 41, 46, 47, 70–

74, 76, 101
RAD4ALL ECHAM5 radiation scheme implemented

as MESSy submodel
42, 44, 46, 71,
72

SCALC Simple CALCulations submodel, perform-
ing simple calculations on channel objects

44, 46, 63, 64,
67, 75, 134,
181, 182

SCAV SCAVenging submodel, calculating scav-
enging and wet deposition of trace gases
and aerosol

44–46, 62–64,
75, 177

SCRIP Spherical Coordinate Remapping and In-
terpolation Package

55

SeaWiFS Sea-viewing Wide Field-of-view Sensor 77, 82, 83
SEDI SEDImentation submodel, calculating sed-

imentation of aerosol particles
44–46, 62–64,
75

Si silicon 37, 49, 60, 62,
73, 74, 126,
128, 133, 136,
137, 143, 209

SiO2 silica, silicon dioxide 15, 49, 62, 167,
209, A

Si(OH)4 silicic acid 33, 48, 76, 77,
85, 127, 128,
135–138, 143,
165–167, 171,
A

SMIL submodel interface layer 55
SO2 sulphur dioxide 9, 27, 28, 34,

112–114, 116
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SOA secondary organic aerosol 6, 10
SOLAS Surface Ocean – Lower Atmosphere Study 14
SSS sea surface salinity 76, 77, 80, 81,

142, 164, 165
SST sea surface temperature 14, 76–80, 142,

164
SWITCH SWITCH submodel, turning on/off sub-

models at runtime
42

TIMER TIMER submodel, model system time con-
trol

42

TNUDGE Tracer NUDG(E)ing submodel, nudging
tracers with user-defined fields

44, 74, 104,
132

TOA top of the atmosphere 147, 148, 152,
155, 156, 159,
160

TRACER TRACER submodel, data management for
chemical constituents

42, 48

TROPOP TROPOPause submodel, providing
tropopause and other diagnostics

44

UTLS upper troposphere lower stratosphere 13, 14
VOC volatile organic compound 9, 10
WOA World Ocean Atlas 76–80, 84, 85,

90, 164





Symbols

Symbol Description Units
a320 absorption coefficient at light wavelength

λ = 320 nm
1

af attenuation coefficient for taking into account
absorption at ocean surface, af = 0.4

1

ag absorption coefficient of CDOM 1
c speed of light in vacuum,

c = 299 792 458m s−1 a
ms−1

ca molar concentration in aqueous phase molm−3

cauloc parameter influencing accretion of cloud
droplets by precipitation

1

Cd drag coefficient 1
cg molar concentration in the gas phase molm−3

[Chl] mass concentration of chlorophyll mg l−1

cmfctop fraction of convective mass flux above the
level of non buoyancy

1

[CO] molar concentration of CO kmol(C)m−3

[CO2] molar concentration of CO2 kmol(C)m−3

cprcon conversion rate from cloud water to rain in
convective clouds

s−1

cs molar concentration of salt mol l−1

cw molar seawater tracer concentration molm−3

D dark production rate of CO µmolm−3 s−1

D discharge m3 s−1

DCO2
molecular diffusivity of CO2 m2 s−1

[DOC] molar concentration of DOC kmol(C)m−3

[DOM] molar concentration of DOM kmol(C)m−3
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Symbol Description Units
DX molecular diffusivity of tracer X m2 s−1

Ed downwelling irradiance Wm−2

entrscv entrainment rate for shallow convection m−1

F bulk flux across the atmosphere ocean
interface

mol (m2 s)−1

FDust dust deposition flux kg (m2 a)−1

[Fe] molar concentration of iron kmol(Fe)m−3

fg(λ) fraction of energy absorbed by CDOM to total
absorbed energy

1

h Planck’s constant,
h = (6.626 069 57 ± 0.000 000 29)× 10−34 J s a

J s

I solar irradiance Wm−2

I0 solar irradiance at ocean’s surface Wm−2

[Isop] molar concentration of isoprene kmol(Isop)m−3

J photochemical production rate of CO µmolm−3 s−1

J(I) light limited growth rate of phytoplankton d−1

Jtot(I, ϑ) light and temperature limited growth rate of
phytoplankton

d−1

K transfer velocity m s−1

K660 transfer velocity for a Schmidt number of 660 m s−1

kc specific light extinction coefficient of
chlorophyll

m−1 (kg(Chl)m−3)−1

Kg gas phase side exchange velocity m s−1

kH Henry’s Law coefficient mol (m3 Pa)−1

k0
H Henry’s Law coefficient in pure water mol (m3 Pa)−1

k	H Henry’s Law coefficient at standard
temperature T	 = 298.15K

mol (m3 Pa)−1

K
PO4
Phy half-saturation constant for PO4 kmol(P)m−3

ks Setschenow constant lmol−1

Ktot transfer velocity (piston velocity) m s−1

Kw liquid side exchange velocity m s−1

kw extinction coefficient of seawater m−1

K̂w liquid side exchange velocity, normalised to
Scliq = 660

cmh−1

L length scale m
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Symbol Description Units
M microbial consumption of CO µmolm−3 s−1

M molar mass gmol−1

MC molar mass of carbon, MC = 12 gmol−1 gmol−1

MFe molar mass of iron, MFe = 55.85 gmol−1 gmol−1

MP molar mass of phosphorous, MP = 30 gmol−1 gmol−1

MSiO2
molar mass of silica, MSiO2

= 60 gmol−1 gmol−1

[N2] molar concentration of N2 kmol(N)m−3

NA Avogadro’s constant, NA =
(6.022 141 29± 0.000 000 27)× 1023 mol−1 a

ms−1

[NO3] molar concentration of NO3 kmol(N)m−3

pg partial pressure Pa
[Phy] molar concentration of phytoplankton kmol(P)m−3

[PO4] molar concentration of PO4 kmol(P)m−3

Q velocity scale m s−1

R gas constant,
R = (8.314 462 1± 0.000 007 5) J (molK)−1 a

J (molK)−1

Ra aerodynamic resistance sm−1

RC:Chl carbon to chlorophyll ratio g(C) g(Chl)−1

RC:P carbon to phosphorous ratio mol(C)mol(P)−1

RFe:P iron to phosphorous ratio mol(Fe)mol(P)−1

Rg gas phase side resistance for gas exchange sm−1

RN:P nitrogen to phosphorous ratio mol(N)mol(P)−1

Rqbr quasi laminar boundary layer resistance sm−1

RS[χ] flux of χ µmolm−3 s−1

Rw liquid phase side resistance for gas exchange sm−1

ScCO2
liquid phase Schmidt number for CO2 1

Scliq liquid phase Schmidt number 1
SFe iron solubility, SFe = 0.01 1
[Si] molar concentration of Si kmol(Si)m−3

[SiO2] molar concentration of SiO2 kmol(Si)m−3

SSiO2
silica solubility, SSiO2

= 0.075 1
T temperature K
t time s
T	 standard temperature, T	 = 298.15K K
U wind velocity m s−1
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Symbol Description Units
U10 10-metre wind velocity m s−1

V volume m3

VCO2
molar volume at boiling point of CO2 cm3mol−1

VX molar volume at boiling point cm3mol−1

x grid coordinate index in x-direction, longitude 1, °
[X] molar concentration of X kmol(P)m−3

y grid coordinate index in y-direction, latitude 1, °
z height/depth m
zasic correction for asymmetry factor of ice clouds 1
zinhomi inhomogeneity factor for ice clouds 1
zinhoml inhomogeneity factor for liquid phase clouds 1
zinpar parameter for calculation of the

inhomogeneity factor for liquid clouds
1

α fractional increase in exchange constant due
to chemical reactivity

1

αPI initial slope of the P-I-curve d−1(Wm−2)−1

βSc scaling factor, to convert from units cmh−1 to
units m s−1,
βSc = 2.8× 10−6 (m s−1)/(cmh−1)

(m s−1)/(cmh−1)

γi asymmetry factor for ice clouds 1
∆cwg difference of molar concentrations in water

and in gas phase
molm−3

∆solnH enthalpy per mole of solution Jmol−1

∆t time step s
∆z layer thickness m
εFe weight fraction of iron in dust, εFe = 0.035 1
εSiO2

weight fraction of silica in dust, εSiO2
= 0.308 1

λ wavelength nm
λ0 wavelength nm
λFe relaxation time constant for iron relaxation d−1

µϑ temperature limitation for phytoplankton
growth

d−1

ν kinematic viscosity m2 s−1

Φ(λ) apparent quantum yield of CO formation 1
ρair air density density kgm−3
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Symbol Description Units
ρp total phytoplankton production by

photosynthesis
kmol(P)m−3 d−1

τ wind stress Pa
ϑ temperature ◦C
χ(z, t) molar concentration of CO at depth z and

time t
µmolm−3

aMohr et al. (2012)
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