Johannes Gutenberg-Universitat Mainz
Fachbereich 08 fiir Physik, Mathematik und Informatik

The Impact of Ice Crystals on Radiative
Forcing and Remote Sensing of Arctic
Boundary-Layer Mixed-Phase Clouds

DISSERTATION

zur Erlangung des akademischen Grades

Doktor der Naturwissenschaften
(Dr. rer. nat.)

vorgelegt von
Dipl.-Met. André Ehrlich
geboren am 3. Mai 1980 in K6then/Anhalt

Mainz, den 2. Marz 2009



1. Gutachter:
2. Gutachter:

Datum der miindlichen Priifung: 13. Mai 2009



Summary

This PhD thesis is embedded into the Arctic Study of Tropospheric Aerosol, Clouds and
Radiation (ASTAR) and investigates the radiative transfer through Arctic boundary-layer
mixed-phase (ABM) clouds. For this purpose airborne spectral solar radiation measure-
ments and simulations of the solar and thermal infrared radiative transfer have been
performed. This work reports on measurements with the Spectral Modular Airborne
Radiation measurement sysTem (SMART-Albedometer) conducted in the framework of
ASTAR in April 2007 close to Svalbard. For ASTAR the SMART-Albedometer was ex-
tended to measure spectral radiance. The development and calibration of the radiance
measurements are described in this work. In combination with in situ measurements of
cloud particle properties provided by the Laboratoire de Météorologie Physique (LaMP)
and simultaneous airborne lidar measurements by the Alfred Wegener Institute for Po-
lar and Marine Research (AWI) ABM clouds were sampled. The SMART-Albedometer
measurements were used to retrieve the cloud thermodynamic phase by three different
approaches. A comparison of these results with the in situ and lidar measurements is
presented in two case studies. Beside the dominating mixed-phase clouds pure ice clouds
were found in cloud gaps and at the edge of a large cloud field. Furthermore the verti-
cal distribution of ice crystals within ABM clouds was investigated. It was found that
ice crystals at cloud top are necessary to describe the observed SMART-Albedometer
measurements. The impact of ice crystals on the radiative forcing of ABM clouds is in-
vestigated by extensive radiative transfer simulations. The solar and net radiative forcing
was found to depend on the ice crystal size, shape and the mixing ratio of ice crystals and
liquid water droplets.






Zusammenfassung

Diese Dissertation ist innerhalb eines Teilprojekts des Internationalen Polarjahres (IPY)
namens ASTAR (Arctic Study of Tropospheric Aerosol, Clouds and Radiation) ent-
standen. Dabei wurde der Strahlungstransfer in arktischen Mischphasenwolken unter-
sucht. Zu diesem Zweck wurden flugzeuggetragenen Messungen der spektral aufgelosten
solaren Strahlung durchgefiithrt. Desweiteren wurde der solare sowie langwellige Strah-
lungstransfer mittels Modellen simuliert. In dieser Arbeit werden Messungen mit dem
SMART-Albedometer (Spectral Modular Airborne Radiation measurement sysTem)
prasentiert, die im Rahmen von ASTAR im April 2007 in der Umgebung von Spitzber-
gen aufgezeichnet wurden. Fiir ASTAR wurde das SMART-Albedometer fiir Messungen
der spektralen Strahlungsflussdichte (Radianz) erweitert. Die Entwicklung und Kalib-
rierungen der Radianzmessungen sind in der Arbeit beschrieben. In Kombination mit In-
Situ-Messungen der Eigenschaften von Wolkenpartikeln, zur Verfiigung gestellt durch das
Laboratoire de Météorologie Physique (LAMP), und gleichzeitigen flugzeuggetragenen Li-
darmessungen durch das Alfred-Wegener Institut for Polar- und Meeresforschung (AWTI)
wurden arktische Grenzschichtwolken untersucht. Die Messungen des SMART-Albedo-
meter wurden zur Identifizierung der Wolkenphase (Eis, fliissig Wasser) genutzt. Fiir
diesen Zweck wurden drei verschiedenen Methoden entwickelt und auf die Messungen
angewandt. Fir zwei Fallstudien werden Vergleiche zwischen den Ergebnissen dieser
Methoden und der In-Situ- bzw. Lidarmessungen prasentiert. Neben dem vorherrschen-
den Mischphasenwolken wurden reine Eiswolken im Bereich von Wolkenliicken und am
Rand eines grofleren Wolkenfeldes identifiziert. Weiterhin wurde die vertikale Verteilung
von Eiskristallen in arktischen Mischphasenwolken untersucht. Es wird gezeigt, dass
das Vorhandensein von Eiskristallen nahe der Wolkenoberkante notwendig ist, um die
beobachteten Strahlungsmessungen durch Simulationen zu reproduzieren. Der Einfluss
der Eiskristalle auf den Strahlungsantrieb dieser Wolken wurde mittels umfassenden Strah-
lungstibertragungsrechnungen ermittelt. Es wird gezeigt, dass der solare und netto Strah-
lungsantrieb von dem Mischungsverhaltnis von Eiskristallen und Wassertropfchen abhéngt.
Dieser Zusammenhang wird zusatzlich durch die Gréfle und Form der Eiskristalle beein-
flusst.
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1 Introduction of Arctic Boundary-Layer
Mixed-Phase Clouds

1.1 Importance

In 2007-2008 the third International Polar Year (IPY) concentrate the efforts of the
science community to improve our understanding of the Arctic and Antarctic climate,
cryosphere, flora and fauna and their impact on the society in polar areas (Allison et al.,
2007). The relevance of the IPY was amplified by the current discussion on a dramatic
climate change in Arctic regions related to the most prominent consequence the melt-
ing of the Arctic sea ice, which reaches in summer 2007 an all time minimum extend
since the beginning of the records (e.g., Smedsrud et al., 2008; Giles et al., 2008; Kay
et al., 2008).

A key point for a better understanding of the Arctic climate is to improve the quantifi-
cation of the regional Arctic energy budget. The Earth’s energy budget is defined by the
difference of the incoming solar (wavelength range of 0.2-5 um) and outgoing thermal in-
frared (IR; 5-100 um) radiant flux densities (called irradiances). It is modified by several
processes such as scattering, absorption and emission of radiation by atmospheric con-
stituents and the Earth’s surface. The energy budget of Arctic regions differs essentially
from the globally and annually averaged schema as shown by Serreze et al. (2007).

In Figure 1.1 the energy budget of the Arctic ocean domain for January and July derived
from reanalysis data is compared to the global mean energy budget of the Earth as
presented by Trenberth et al. (2009). The major difference between the global and regional
Arctic energy budget is the imbalance between net incoming solar and net outgoing IR
irradiance. In July the net incoming irradiance is enhanced due to polar day and exceeds

the net outgoing IR irradiance by 10 Wm™2.

During polar night in January the net
incoming solar irradiance is zero. Therefore, the net outgoing IR irradiance dominates
the energy budget. In total, Arctic areas emit more energy by IR radiation than received
by solar radiation. In contrast to the energy gain at lower latitudes Arctic areas act as
major energy sink of the Earth’s radiative budget. This imbalance is leveled by meridional
heat transport from lower latitudes. Annually averaged 84 W m™2 are transported within
the atmosphere and 6 Wm™2 within the ocean. This meridional transport defines the
characteristics of the global atmospheric circulation and related weather processes.
Furthermore, the Arctic energy budget shows a high seasonal variability. The energy
gained in summer is temporarily stored in the Arctic ocean and atmosphere and leads to
a melting of the Arctic sea ice. In July 105 Wm~2 are stored in the ocean and 2 W m™2
in the atmosphere. This energy is released in winter which results in the formation of
sea ice. For January 52 Wm~2 are released from the Arctic ocean and 4 Wm~2 from the
atmosphere .

In Arctic regions clouds in general, and boundary-layer clouds in particular are of special
importance in this regard and play a crucial role in the predicted Arctic climate warming
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Figure 1.1: Energy budget of the Arctic ocean domain for January and July as derived from
reanalysis data (Serreze et al., 2007). The global mean energy budget of the Earth is shown on
the right panel as presented by Trenberth et al. (2009). The different energy fluxes are illustrated
by arrows. The arrow size is proportional to the magnitude of the energy flux (irradiance).

Numbers give the values of the irradiance in units of Wm™2. The number in the upper and

lower right corner of each panel give the net energy stored in the atmosphere and ocean. The
degree of closure of the energy budget (or lack thereof) is indicated by the residual of the energy
budget given in the upper left corners of each panel.

as reported in the Arctic Climate Impact Assessment (ACIA, Corell, 2004):

“... Specific cloud types observed in the Arctic atmospheric boundary-layer present a seri-
ous challenge for atmospheric models. Parameterizing low-level Arctic clouds is particu-
larly difficult because of the complex radiative and turbulent interactions with the surface

7

As shown by Shupe and Intrieri (2004) boundary-layer clouds are the most important
contributors to the Arctic surface radiation budget. Generally Arctic boundary-layer
clouds act (annually averaged) similar to warming greenhouse gases (Intrieri et al., 2002).
The warming by absorption of upwelling IR radiation and emission at lower temperatures
exceeds the cooling due to reflection of solar radiation. In detail their radiative impact
is highly variable and depends on surface albedo, aerosol particles, cloud water content,
cloud particle size and cloud thermodynamic phase (Curry et al., 1996; Shupe and Intrieri,
2004). Additionally, the long periods of permanent polar day and polar night strongly
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modify the competition between IR and solar radiative effects. For instance, a low sur-
face albedo in summer leads to a temporary cooling effect of Arctic clouds (Freese and
Kottmeier, 1998; Dong and Mace, 2003; Kay et al., 2008). Changing either of those cloud
parameters will impact the radiative effects of the clouds.

Mixed-phase clouds are common in the Arctic due to the low temperatures. They consist
of both supercooled liquid water particles and solid ice crystals simultaneously and were
observed and investigated during numerous Arctic field experiments. For example, Turner
et al. (2003) have analyzed ground-based remote sensing data during the Surface Heat
Budget of the Arctic Ocean experiment (SHEBA) and identified 6-20 % of the observed
clouds as mixed-phase clouds. Even higher portions (26-46 %) of mixed-phase clouds
were observed during the First and Third Canadian Freezing Drizzle Experiments I/111
(CFDE I/I1I; Cober et al., 2001). 33 % of the observed clouds were identified as mixed-
phase clouds during the Arctic Cloud Experiment of the First International Satellite
Cloud Climatology Project Regional Experiment (FIRE-ACE; McFarquhar and Cober,
2004). While SHEBA, CFDE I/III and FIRE-ACE analyzed clouds in winter and spring
the Mixed-Phase Arctic Clouds Experiment (M-PACE) confirmed the existence of mixed-
phase clouds in Arctic autumn (Verlinde et al., 2007; Shupe et al., 2008a).

As it is not trivial that mixed-phase clouds may exist, in the following Section 1.2 the
physics which explain the coexistence of liquid water and ice particles in these clouds
are briefly introduced. The detailed objectives addressed by this work are motivated in
Section 2.

1.2 Formation Mechanism

Water droplets can exist in a metastable liquid phase (so-called supercooled liquid wa-
ter droplets) at temperatures below zero down to about —40° C (Pruppacher and Klett,
1997). This wide temperature range allows that ice crystals and liquid water droplets
may coexist. In fact Korolev et al. (2003) observed supercooled liquid water droplets in
clouds down to temperatures of —35° C. However, the coexistence of ice and liquid water is
unstable as described by the Wegener-Bergeron-Findeisen (WBF) mechanism (Wegener,
1911; Bergeron, 1935; Findeisen, 1938).

The basis of the WBF mechanism is that for a particular temperature the water vapor
pressure over an plane ice surface is smaller than over a plane liquid water surface. This
is described by the saturation vapor pressure illustrated in the phase diagram of water in
Figure 1.2. Consequently, water vapor saturation with respect to ice is reached easier than
over liquid water surfaces. Only for conditions that both ice and liquid water saturation
is reached ice crystals and liquid water crystals can grow simultaneously (gray area in
Figure 1.2). However, often conditions in between with ice saturation but subsaturation
for liquid water are observed (light gray area in Figure 1.2). In this case, the water vapor
prefers to evaporate from the liquid water droplets and to condensate on the ice crystals.
The ice crystals grow on the expanse of the liquid water droplets which shrink until there
is no more liquid water available in the considered volume. Consequently, on a longer time
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Figure 1.2: Saturation vapor pressure of water with respect to plane ice and liquid water
surfaces. Conditions for saturation with respect to both ice and liquid water surfaces are marked
gray. Conditions for saturation with respect to exclusively ice or liquid water surfaces are marked
light gray and dark gray, respectively.

scale the coexistence of ice crystals and liquid water droplets is impossible. The time scale
in which a mixed-phase cloud with ice crystal number concentrations of 10>-10%17! and
liquid water content below 0.5 gm™3 undergoes a total glaciation is estimated by Korolev
and Isaac (2003) with 20-40 min. From these considerations the existence of mixed-phase
clouds in general is not obvious, as stated by Harrington et al. (1999):

“... Since the mized-phase system is colloidally unstable, one expects that the coexis-

tence of liquid water and ice will cause the depletion of the liquid over a certain period
of time ...7

However, in fact boundary-layer mixed-phase clouds have been observed frequently over
Arctic areas (e.g., Cober et al., 2001; Korolev et al., 2003; Turner et al., 2003; McFarquhar
and Cober, 2004).

An explanation of why indeed in Arctic boundary-layer mixed-phase clouds (ABM) clouds
ice crystals and liquid water droplets may coexist over longer time periods is given by
Korolev and Mazin (2003); Korolev and Field (2008). Korolev and Mazin (2003) in-
cluded the vertical wind velocity in the consideration of the WBF mechanism. Due to the
temperature decrease caused by adiabatic lifting the probability that both ice and liquid
water saturation is reached increases. Depending on the ice crystal number concentration,
effective diameter, temperature and pressure a threshold velocity is defined. For vertical
velocities exceeding this threshold liquid water droplets and ice crystals may grow simul-
taneously. In a subsequent study Korolev and Field (2008) add a second condition for
the coexistence of ice and liquid water. A threshold vertical distance defines how high a
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Figure 1.3: Illustration of the relevant processes present in ABM clouds. Processes that cause a
cooling of the surrounding air are indicated by empty arrows; processes which lead to a warming
are plotted with filled arrows.

cloud parcel has to be lifted until saturation with respect to liquid water is reached.
However, ABM clouds can not fully be explained by the WBF mechanism and the up-
draft velocity. Radiation effects, the ice crystal shape, aggregation and sedimentation
rates which have been neglected for simplification by Korolev and Field (2008) are crucial
for the existence of mixed-phase clouds. A more complex overview on the self-maintaining
processes in ABM clouds is given by Harrington et al. (1999). A scheme of their consid-
erations is given in Figure 1.3.

In this scheme the coexistence of ice and liquid water relies on the balance between the
condensation rate of liquid water droplets (LW C rate), the ice crystal growth rate (/W C
rate), and the removal of ice nuclei (IN) by precipitating ice crystals. The unstable tem-
perature layering above the open sea induces convection by which liquid water nucleation
occurs in the updrafts (increase of LW (). As the concentration of cloud condensation
nuclei (CCN) is typically lower than the concentration of IN (e.g., Fridlind et al., 2007,
Morrison et al., 2008), the liquid water nucleation exceeds the ice crystal nucleation in
this part of the cloud (LW C rate > IWC rate). However, once ice crystals have formed
from IN or by freezing of liquid water droplets, they grow due to the WBF mechanism at
the expanse of the liquid water droplets. Finally, the ice crystals start to sediment which
removes ice mass (/W) and IN from the cloud system. The removal of IN due to the
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precipitating ice crystals reduces the ice crystal number concentration and prevents for
total glaciation of the ABM clouds.

This process leads to the typical vertical structure of ABM clouds with a liquid water
layer at cloud top and an ice layer with precipitating ice crystals below (e.g., Pinto, 1998;
Shupe et al., 2006; McFarquhar et al., 2007).

The single processes included in the scheme of ABM clouds are related to cooling or warm-
ing of the cloud as indicated by open (cooling) and full arrows (warming) in Figure 1.3.
The persistence of the updrafts responsible for the formation of liquid water droplets is
ensured by radiative cooling at the cloud top (1, cooling) and the heat release of the
open sea (2, warming). As Curry et al. (1988); Olsson et al. (1998) showed the cloud-
scale circulations are primarily driven by radiative cooling which decreases the stability of
the temperature layering and maintains the updrafts. In competition with the radiative
cooling other processes stabilize the temperature layering. Latent heat release by liquid
water droplet nucleation (3, warming), ice crystal nucleation (4, warming), freezing of
liquid water droplets (4, warming) and ice crystal growth (5 warming) heats the cloud
top, whereas sublimation of ice crystals (6, cooling) reduces the temperatures at cloud
bottom.

This simplified scheme presented in Figure 1.3 is altered by a number of factors which
have to be in equilibrium to assure the persistence of the ABM clouds. Only slight
changes may result in a total glaciation of the ABM cloud as shown by Harrington et al.
(1999). In this regard ice crystals and ice nuclei play a crucial part. However, the
nucleation, growth and sedimentation of ice crystals are still not well understood which
leads to discrepancies between observed and simulated ice crystal number concentrations
(e.g., Morrison et al., 2008; Fan et al., 2008). As a consequence the results of cloud
resolving dynamical models are highly sensitive to the parameterizations of these processes
as shown by e.g., Harrington et al. (1999); Morrison et al. (2005); Prenni et al. (2007).
Morrison et al. (2005) analyzed the importance of different ice production processes while
Harrington et al. (1999) investigated the dependence of the life time of ABM clouds on
temperature, ice crystal number concentration and ice crystal shape and found that the
concentration of ice nuclei is the most determining parameter. An increase of the ice
nuclei concentration results in a rapid glaciation of ABM clouds and reduces their life
times.
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2 Motivation and Objectives

2.1 Remote Sensing

As shown above the ice crystal properties are one essential parameter affecting the life
time of ABM clouds. Therefore, information on the ice crystal properties is needed.
In situ measurements of cloud microphysical properties such as ice crystal size, number
concentration and shape have been conducted since many years. For example, parame-
terizations of the ice volume fraction (ratio of ice to total water content) as a function
of cloud temperature have been obtained from in situ measurements by Boudala et al.
(2004); Korolev et al. (2003). However, due to the limitations in time and space in situ
measurements can only give a snapshot of the complexity of Arctic clouds (Lawson et al.,
2001; Cober et al., 2001; McFarquhar et al., 2007). To globally and continuously derive
information on the ice crystal properties remote sensing technologies on board of satellites
or long-range aircrafts have to be applied.

One essential information provided by several cloud retrieval algorithms for different
satellite sensors is the cloud particle thermodynamic phase (liquid water or ice). Com-
monly, before retrieving cloud properties a preselection algorithm distinguishes between
ice, mixed-phase and liquid water clouds (Key and Intrieri, 2000; King et al., 2004;
Kokhanovsky et al., 2006). This phase discrimination is often based on two methods
measuring the radiation emitted by the clouds at IR wavelengths (brightness temper-
atures) or measuring the radiation reflected by the clouds at wavelengths in the near
infrared range (NIR, 700-3000nm). Further methods are based on radar data (Cloud-
Sat, Sassen and Wang, 2008) and polarization measurements, for example using data of
the POLarization and Directionality of the Earth’s Reflectances instrument (POLDER,
Buriez et al., 1997).

The contrast of brightness temperatures measured at two wavelengths is related to the
ice volume fraction due to the spectral differences of the ability of ice and liquid water to
emit radiation at wavelengths larger than 10 um. Similarly, the radiation reflected at NIR
wavelengths is affected by the different refractive indices (in particular the imaginary part,
i.e. absorption index) of ice and liquid water as demonstrated by Pilewskie and Twomey
(1987). Therefore, the ratio of reflected radiation measured at two NIR wavelengths
can be used to determine the cloud thermodynamic phase (band ratio method). Both
methods were compared by Chylek et al. (2006) for the Moderate Resolution Imaging
Spectroradiometer (MODIS) showing significant discrepancies between the results of the
two methods with a tendency of the band ratio method to overestimate the frequency of
ice clouds. The authors suggest to improve the band ratio method by using the ratio of
highly resolved NIR spectral bands around 1.5 and 1.4 pym.

Recently new remote sensing techniques have become available. Compared to satel-
lite sensors using distinct wavelength bands new hyperspectral cameras cover almost
the entire solar radiation with high spectral resolution. For the Scanning Imaging Ab-
sorption Spectrometer for Atmospheric CHartographY (SCIAMACHY) on board of
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ENVISAT (ENVIironmental SATellite) Acarreta et al. (2004) successfully applied a cloud
phase retrieval using the spectral reflectance between 1550 nm and 1670 nm. However,
to improve the retrieval algorithms of these hyperspectral cameras new retrieval methods
have to be developed and validated.

In this work new data analysis methods to retrieve information on the ice crystal properties
are developed and applied to measurements collected with the Spectral Modular Airborne
Radiation measurement sysTem (SMART-Albedometer). The SMART-Albedometer was
improved to match the characteristics of spaceborne remote sensing techniques. The mea-
surements analyzed and presented within this work were obtained during the Arctic Study
of Tropospheric Aerosol, Clouds and Radiation (ASTAR) 2007 campaign. The campaign
took place in the vicinity of Svalbard (78°N, 15° E) in March/April 2007 and focused on
the sampling of ABM clouds. It included airborne remote sensing measurements by the
SMART-Albedometer, as well as airborne lidar and in situ measurements of microphysical
cloud parameters.

The improvement of the SMART-Albedometer and the measurements obtained during
the ASTAR 2007 campaign are described in Section 4. The extensive data set of airborne
measurements was used to develop, apply and validate new retrieval methods for the phase
discrimination in ABM clouds. For the validation of the retrieved ice crystal properties
the results of the in situ and the lidar measurements were used.

Three different methods are presented in Section 6 which utilize SMART-Albedometer
measurements of cloud radiative properties to retrieve the cloud thermodynamic phase.
A new approach to obtain information on the vertical distribution of ice crystals in ABM
clouds using the same measurements is described in Section 7.

2.2 Radiative Budget

The first focus of this work is to retrieve information on ice crystal properties of
ABM clouds (cloud thermodynamic phase, vertical distribution of ice crystals) from dif-
ferences in the cloud optical properties obtained from airborne spectral radiation mea-
surements.

For the second objective of this work the argumentation is reversed (ice crystal properties
alter the cloud optical properties). From radiative transfer simulations the impact of ice
crystal properties in particular the thermodynamic phase, ice crystal shape and dimension
on the radiation budget of ABM clouds is quantified. As shown by Prenni et al. (2007)
the glaciation of ABM clouds may cause errors in the surface radiative energy budget
of up to 10-100 Wm~2. For a regional Arctic climate model Rinke and Dethloff (1997)
found uncertainties in the incoming solar surface radiation < 60 W m? dependent on
parameterizations of ice volume fraction of ABM clouds. Additionally, investigations
of Yoshida and Asano (2005) showed, that the radiation reflected by mixed-phase clouds
decreases with increasing ice volume fraction in the NIR wavelength region. An increasing
amount of large ice crystals, which absorb more radiation compared to water droplets
reduces the reflected radiation.
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Furthermore, Arctic mixed-phase clouds exhibit a variety of ice crystal shapes as observed
by Lawson et al. (2001) and Fleishauer et al. (2002). Both studies showed crystal habits
ranging from regular spheres, columns and plates to irregular aggregates. In situ obser-
vations reported by Korolev et al. (1999) have shown that regular ice crystals are rare in
Arctic clouds (< 9%). Due to aging processes (alternating growth and sublimation) and
coagulation irregular crystals exhibit the majority of ice crystals.

For pure ice clouds several investigations have shown that the impact of crystal shape
on radiative transfer actually is important (e.g., Takano and Liou, 1989; Kinne and Liou,
1989; Chou et al., 2002; Key et al., 2002; Wendisch et al., 2005). Wendisch et al. (2005)
showed that for low solar zenith angles the solar radiative forcing of a cirrus cloud of
moderate optical thickness could vary by 26 % depending on ice crystal shape. Liou and
Takano (1994) used a climate model assuming cirrus clouds with hexagonal plates instead
of ice spheres. This resulted in a significant change of mean surface temperature of about
0.4 K. Similar systematic investigations for mixed-phase clouds are sparse.

To estimate the impact of ice crystal properties on the radiative forcing of ABM clouds
extensive radiative transfer simulations have been performed within this work. The solar
and IR cloud radiative forcing was analyzed as a function of the ice volume fraction, the
ice crystal size and shape. The results of these investigations and the radiative transfer
model used for the simulations are presented in Section 5. The general terminology of
the quantities describing the radiative transfer and the cloud radiative properties are in-
troduced in Section 3. Furthermore, within this section the radiative transfer theory is
discussed with regard to the scattering processes of cloud particles. Methods are intro-
duced which are applied in the numerical solution of the radiative transfer necessary to
perform simulations including ice crystals.



3 RADIATIVE TRANSFER IN CLOUDS 10

3 Radiative Transfer in Clouds

3.1 Base Quantities

The power of electromagnetic radiation at a certain position and time is quantified by the
radiant energy flux ® in units of W. With regard to measurements and interpretation ®
is unpracticable. Therefore, two normalized radiant quantities (irradiance and radiance)
are introduced (e.g., Bohren and Clothiaux, 2006; Petty, 2006). The irradiance F' also
called radiant energy flux density is a measure of the radiant power transported through
a unit surface dA with orientation 7 in units of Wm™2,

n. ¢ do do
' F=0_ 6. 1
: a4~ da, (3:1)

@ 0} The surface dA can be substituted by a surface

‘ ‘ dA; = dA - cosf perpendicular to the direction Q
0

>

that describes the propagation of the radiant en-
ergy flux @ as illustrated in Figure 3.1. The cor-
/&:41 < responding surface orientation n is parallel to Q.
=N VRS The zenith angle 6 defines the difference between
0 //\‘(JA\ P4 the orientations of dA; (n,) and dA (n).

RREe The radiance 1(€) (in units of Wm=2sr™') is de-

Figure 3.1: Geometry relevant for the fined as the radiant power transported within a

definition of irradiance and radiance. solid angle d{2 in a given direction of propagation
2 through an unit area dA, or dA,

d?® d?®
dA, d2 T cosOdAdQ
The incremental solid angle df2 is expressed by p = cosé the cosine of the zenith angle
and the azimuth angle ¢ and defined as d{2 = dpdy = sinfdf de. From Egs. 3.1 and 3.2
it follows that F' can be derived by integration of I (Q) over df2,

(3.2)

() =

F = /[( - cos 0 dS2 (3.3)

27
— / / (0, 0) - cos @ -sinfd de. (3.4)

For atmospheric applications the surface dA is considered a horizontal plane. Thus F

can be split into a downward irradiance F! and an upward irradiance F'. Therefore,

the integration limits of Eq. 3.3 are substituted by the upper hemisphere (§ = 0...7/2,
=0...2m) and the lower hemisphere (§ = 7/2...m, ¢ =0...27),
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F' = / / -cosf - sinfdf de. (3.5a)

2m
F' = / / -cosf -sinfdfde. (3.5b)
/2

An analytic solution for Eq. 3.5a and 3.5b is derived for the case of an isotropic distribution
of radiation. In this case the radiance is independent of the orientation I(£2) = Iy which
results in:

Fl=F'=nsr- . (3.6)

However, especially in the direction of the Sun which is included in F'*, T (Q) is distributed
anisotropic. Therefore, F! is often divided into the direct solar radiation Fj and the
diffuse sky radiation F (fiﬁc with:

Fl= F(%ir_'_FdLiﬁ' (3-7)

All quantities described above can be converted into spectral quantities related to an

infinitesimal wavelength range d\ by using the spectral radiant energy flux 4% in units of

a
W nm~'. The units of the spectral irradiance F) and radiance I,(€2) become W m™2 nm™!

and Wm~2sr~ ' nm~! respectively.

3.2 Cloud Optical Quantities

Clouds strongly interact with solar and IR radiation by scattering, absorption and emis-
sion processes. To quantify the cloud optical properties several quantities are intro-
duced. An universal quantity is the bidirectional reflectance distribution function BRDF
(Nicodemus et al., 1977; Schaepman-Strub et al., 2006) as illustrated in Figure 3.2a. by
the incoming (yellow) and reflected (green) radiation. The BRDF describes how the inci-
dent irradiance Fj from one direction (6;, ;) is reflected by a surface or layer (e.g. cloud)
into the direction (6., ¢,). The reflected radiation is defined by the radiance I,(6,, ;).
The BRDF in units of sr~! is defined by,

d[r(era Sor)
dFi(Qi, 901) .

When reflectance properties are measured the common methods follow the definition of

BRDF(6;, ¢i; 0, pr) = (3.8)

reflectance factors. The dimensionless bidirectional reflectance factor BRF' is the ratio of
the radiance I, actually reflected by a sample surface to the radiance I, , reflected by an
ideal (non-absorbing) and diffuse (Lambertian) standard surface for identical irradiation
and beam-geometry. With Eq. 3.8 this equals to the ratio between the BRDF' of the
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F;(elﬂwl) Ir(erﬂwr)
a) BRDF / BRF
F* A1 =n F* F'
/A
b) Reflectance R c) Albedo p

Figure 3.2: Illustration of the incoming (yellow) and reflected radiation (green) used to define
the reflectance quantities a) BRDF and BRF, b) cloud top reflectance R and c) albedo p.

sample surface and the BRDF}, for Lambertian reflection,

dZL(0:, o) BRDF(6;, ¢i; 6y, 1)
B F 017 is Hra r) — - .
RE:, ¢i; 0r, 1) A0, )  BRDEL(6;, 1, 6r, 0v)

An ideal Lambertian surface reflects the radiation isotropically (c¢f. Eq. 3.6) and it holds

(3.9)

BRDF;, = (wsr)~!. For the general case this leads to the bidirectional reflectance factor
BRF(6;,i; 6, ;) = wsr - BRDF (6, ¢i; 0y, 0r). (3.10)

The BRDF and BRF are defined for infinitesimal elements of solid angle and therefore
can be measured approximately only. By integration of Eq. 3.8 over ¢ and 6 further rele-
vant quantities can be derived. For our purposes the hemispherical-directional reflectance
into nadir direction 6, = 7 (in case of clouds this is called cloud top reflectance R) and the
bihemispherical reflectance, generally called albedo p as illustrated in Figure 3.2b and 3.2¢
are used. For R (dimensionless) the radiance reflected in nadir direction I = (6, = 7)
is related with the downwelling irradiance F'*. Considering Eq. 3.7, R composes of the
BRF for the direct solar beam and the BRF for the diffuse sky radiation both scattered
into nadir direction. With fy, = FL /F' (the fractional amount of direct downwelling
irradiance) it follows:

msr- I1(0, = )
£l

R=BRF (01,9150, = 5 ) - fau+ BRF (2730, = Z) (1= far) = . (3.11)

In this equation an indication of the azimuth angle , can be omitted as the radiance in
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nadir direction is used. In a similar manner the albedo (dimensionless) is defined as ratio
of FT and F,

F1
ﬁ.
To guarantee conservation of energy p exhibits values between 0 and 1, while R can reach

p = BRF (6, :;27) - faw + BRF (2m;27) - (1 — faw) = (3.12)

values larger than 1. For a Lambertian reflector it holds R = p.

From an energy budget point of view cloud optical properties are defined as layer proper-
ties correspondent to a layer between cloud top 2, and cloud base zpase. The advantage
of these definitions is that the impact of clouds on the radiative transfer is separated from
other processes like scattering of radiation by atmospheric gases and the Earth’s surface.
The cloud layer reflectance R, transmittance 7 and absorptance A (all dimensionless)
are defined by,

FT<Ztop> - FT(Zbase)

R = P : (3.13)
F‘L(Zbase)
T =Ty (3.14)
_ [Fl(ztop) B FT(ZtOPﬂ - [Fl<zbase> - FT<Zbase)}
A= ) . (3.15)

These definitions hold for any layers: aerosol particles, clouds, whole atmosphere. For the
conservation of energy it is:

1=R+T+A (3.16)

3.3 Single Scattering Properties of Cloud Particles

All scattering and absorption processes within the atmosphere are completely described
by three quantities the extinction cross section Ceyy, the single scattering albedo @ and
the scattering phase function P also called single scattering properties. With regard to
the interaction of radiation and cloud particles the single scattering properties of the
cloud particles are defined by the mass/cross-section area, spectral refractive index, par-
ticle shape and orientation of the cloud particle. For spherical particles like liquid water
droplets an analytic solution exists from Mie-theory (Mie, 1908; Bohren and Huffman,
1998). For more complex and irregular shapes of ice crystals rather sophisticated models
have to be used. The spectral single-scattering properties of individual nonspherical ice
crystals are discussed in several publications, where different computational methods have
been used (e.g., Takano and Liou, 1989, 1995; Yang and Liou, 1996b; Macke and Francis,
1998; Grenfell and Warren, 1999; Klotzsche and Macke, 2006).

The data of the ice crystals presented in this work were supplied by Yang and Liou (1996a)
and Yang et al. (2005). For the single scattering properties of liquid water droplets Mie-
theory was applied (Bohren and Huffman, 1998).
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Figure 3.3: Spectral single scattering albedo w for liquid water droplets and column shaped
ice crystals of different maximum dimension D (panel a). The imaginary part of the spectral
refractive index n; of liquid water and ice is shown in panel b.

The extinction cross section Cey in units of m? characterizes the attenuation of radiation
by a single cloud particle. It is defined by the sum of the scattering cross section Cy., and
the absorption cross section Cyps (both in units of m2):

Cext - C’scau + C13Lbs- (317)

The probability of how much incident radiation is scattered or absorbed by a cloud particle
is characterized by the dimensionless single scattering albedo w. It is defined by the ratio
of the scattering and extinction cross section,

Coca 1= Chps
Coxt  Coxt
For the fraction of scattered radiation the scattering phase function P characterizes the
angular probability distribution of scattering processes from an incident direction [u;, ¢
into any direction [u, ]. It is normalized by the following definition,

w =

(3.18)

/0 W / Pllis ] — o) dpdp = dr (3.19)

For an azimuthal symmetric or azimuthally averaged scattering phase function P(cos )
the scattering direction is described by the scattering angle ¢}, which is related to p and

251 bY7

cost = pp; + /1 —p?-4/1— p.

(3.20)
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In Figure 3.3a exemplarily the spectral single scattering albedo for liquid water droplets
and column shaped ice crystals of different maximum dimension D are shown. The plot
reveals that the particle dimension (cross section) is one determining factor for @. The
larger the particles the higher the absorption and the smaller w. The spectral characteris-
tics of w are caused by the spectral pattern of the imaginary part of the refractive index n;
shown in Figure 3.3b. As the refractive indices of liquid water and ice are shifted, the
minima in w differ for liquid water droplets and ice crystals.

Differences in P of liquid and ice crystal cloud particles result mainly from the particle
shape and dimension. Examples of azimuthally averaged scattering phase functions at
500 nm wavelength are shown in Figure 3.4 for liquid water droplets and column shaped
ice crystals of two different maximum dimensions. The nonspherical ice particles show
a strong and narrow forward scattering peak as indicated by the close up for scattering
angles ¥ = 0-5° in panel a. The intensity of these forward peaks, which have their origin
in the Fraunhofer diffraction, increases strongly with increasing particle diameter. That
is why P of the small water droplets is less dominated by the forward peak than P of
the larger ice crystals. Additionally, in case of regular ice crystals with plan parallel
sides radiation is transmitted through the ice crystals without a change in its direction
(¥ = 0°). This partition of scattered radiation is called Delta-transmission (Takano and
Liou, 1989).

Other features of typical ice crystal scattering phase function are halo structures
(¥ = 22°/46°), the enhanced sideward scattering (¢ = 60-130°) and the intensive backscat-

10T T T T T T
‘ Ice Crystal (Column, D= 50 um)

fffff Ice Crystal (Column, D=150 um)
—  ——— Liquid Water Droplet (D=7 um) |
fffff Liquid Water Droplet (D= 30 um)

10*

1072 —

01234 0 45 90 135 180
Scattering Angle 9 [°]
Figure 3.4: Scattering phase function of individual liquid water droplets (blue lines) and column

shaped ice crystals (red lines) at 500 nm wavelength (panel b). Panel a shows a close up for
scattering angles 1 = 0-5°.
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tering section (¢ = 180°). The irregular pattern in the scattering phase function of the
liquid water droplets results from resonances in the solution of Mie-theory which are not
resolved by the angular resolution presented in Figure 3.4. However, a typical feature
of small liquid water droplets is the backscatter glory. It is characterized by the local
maximum of the scattering phase function (D = 7 um) at 175°.

3.4 Practical Treatment of Scattering Phase Function

The numerical solution of the radiative transfer equation requires the expansion of the
scattering phase function P(cos ) into a series of Legendre polynomials,

P(cos ) Zb . (cos V). (3.21)

The dimensionless Legendre polynomials P, (cos ) are defined by,

1 d"
2"n! d cos™ v
The dimensionless moments b,, of the Legendre expansion represent the contribution of

P,(cos?) =

(cos® —1)" . (3.22)

each Legendre polynomial to the Legendre expansion and are derived from,

2n+1

b, =
2

+1
/ P(cos?) - P,(cos ) d cos . (3.23)
-1

An example for calculated b,, of a scattering phase function of column shaped ice crystals
(D = 150 gm, A = 500 nm) is shown in Figure 3.5a. The original scattering phase function
is given in Figure 3.5b as thick dashed line. The calculated b, decrease asymptotically
with the order n from unity to values close to zero for n — oo (not shown here). For large
ice crystals with a strong and narrow forward scattering peak like the example shown
in Figure 3.5 the decrease of b, is weak. This reveals that a vast number of high order
polynomials are required to accurately represent the scattering phase functions of large
ice crystals (Wiscombe, 1977).

Theoretically, the series of Legendre polynomials is infinite. In practice, the number
of polynomials is limited by the computing time required for calculating the Legendre
moments which escalates roughly with a factor proportional to n® (Hansen, 1971). There-
fore, the numerical expansion has to be terminated (truncated) at a certain degree of the
series A;

>
L

P*(cos ) = by - P,(cos). (3.24)

3
I
o

By this truncation information on small scale fluctuations in the scattering phase function
is skipped. Especially for large ice crystals with a strong and narrow forward scattering
peak this results in an inaccurate representation of the scattering phase function in ra-
diative transfer. In Figure 3.5b—d the scattering phase function P* recalculated from
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Figure 3.5: Legendre expansion of an exemplary scattering phase function (column shaped ice
crystal, D = 150 um, A = 500nm). The Legendre moments b, are given in panel a. The
original scattering phase function P and the scattering phase functions P* recalculated from the
Legendre moments are shown in panels b—d.

the Legendre moments given in Figure 3.5a are shown. Three different solutions are ob-
tained for truncating the Legendre series at A = 512/256/64. The plot reveals that due
to the truncation of the Legendre series the scattering phase functions are poorly repro-
duced. Not only the forward scattering peak is much broader, also fluctuations across all
scattering angles are introduced.

To overcome these problems different methods have been developed as described below.

3.4.1 Truncation of Forward Scattering Peak

The primary method introduced to reduce the required number of Legendre moments A
is the truncation of the forward scattering peak (Wiscombe, 1977). This method first
proposed by Potter (1970) uses the fact, that the main energy scattered within the forward
scattering peak is located in scattering angles close to ¥ = 0°. It is suggested that
due to the negligible small scattering angles this fraction of radiation can be practically
reallocated into the direct unscattered solar radiation. Therefore, the forward scattering
in the original phase function P is truncated resulting in the truncated scattering phase
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function Py, by,

Pu =P — h, (3.25)

with h representing the truncated part of . This truncation reduces the fraction of
scattered radiation and increases the fraction of direct radiation. To maintain energy
conservation the scattering properties (single scattering albedo, extinction cross section)
have to be scaled too.

If the fraction of energy fi, within the truncated forward peak is represented by the
integral over the truncation function A,

+1 +1
fou= —/ h(cos¥)dcost) = %/ [P(cos ) — Pi(cosd)] dcosd, (3.26)

~1 -1
the scattering in the radiative transfer equation has to be reduced by scaling the scattering
cross section with,

Céca = (1 - ftr) : Csca‘ (327)
With unchanged absorption cross section C!, = Cas the extinction cross section Ceyy
and the single scattering albedo w are scaled accordingly by,

; (1 - ftr C‘j) : Cext7 (328)

ext —

and,
L’\J/: 1_ftr CNL)
1_ftr& ‘

For reasons of the normalization given in Eq. 3.19 P, also has to be scaled with fi,,

(3.29)

/o 7Dtr
b (3.30)

The Legendre moments of the truncated scattering phase function can be calculated from

the original moments by,

b, = ,
1_ftr

with ¢, representing the Legendre moments of the truncation function h.

(3.31)

3.4.2 Delta-M Method

There had been a number of approaches to find an appropriate function h to truncate the
forward scattering peak as discussed in Wiscombe (1977). The Delta-Eddington approx-
imation proposed by Joseph et al. (1976) suggests to use the Dirac-Delta-function dp to
represent h by,

h =4fy - ép(cost — 1). (3.32)
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Figure 3.6: Delta-M scaled moments of the Legendre expansion shown in Figure 3.5. The
scaled Legendre moments b,, are given in panel a. The original scattering phase function P and
the scattering phase functions P* recalculated from the scaled Legendre moments are shown in
panel b.

Calculating the Legendre moments ¢, by using Eq. 3.23 it is found that ¢, = f;; and
therefore,
bn - ftr
b, = . 3.33
1- ftr ( )

The open question is how to find an appropriate value of f;, and at which A to truncate

the Legendre series. Giving a solution for both issues the Delta-M method proposed by
Wiscombe (1977) suggest to set the energy fi, of the truncated Delta-function equal to
the unscaled Legendre moment of the order A, fi, = by. With this assumption a fast
decrease of the scaled Legendre moments is derived, with b, = 0. All moments of higher
order were truncated respectively set to zero.

The Delta-M scaled Legendre moments of the original Legendre expansion given in Fig-
ure 3.5a are shown in Figure 3.6a. The scattering phase functions P* recalculated from the
scaled moments are displayed in Figure 3.6b. Compared to the recalculated unscaled P*
(Figure 3.5b) a serious improvement of the representation of the original phase function
is obvious. Only for the forward scattering angles up to ¢ = 20° a fluctuating structure
remains. The differences in the absolute level of the recalculated P* compared to the
original P results from the scaling (cf. Eq. 3.33).

3.4.3 Delta-Fit Method

The Legendre expansion in general (Eq. 3.21) comprises an infinite series. Thus infor-
mation is inevitably skipped when truncating the expansion at order A. The Delta-fit
method proposed by Hu et al. (2000) applies a least-squares fit of the scattering phase
function to a limited number of Legendre polynomials A. The weights of the fit are then
used as Legendre moments and applied to the Delta-M approximation.

The scaled and unscaled Legendre moments (A = 256/128/64) for the exemplary scat-
tering phase function given in Figure 3.5b calculated with the Delta-fit are plotted in
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Figure 3.7: Unscaled and Delta-M scaled moments of the Legendre expansion derived from
the Delta-fit method for the scattering phase function shown in Figure 3.5. The unscaled and
scaled Legendre moments b,, are given in panel a. The original scattering phase function P and
the scattering phase functions P* recalculated from the scaled Legendre moments are shown in
panel b.

Figure 3.7a. For A = 64 and A = 128 the unscaled moments show slightly higher values
at high orders n than the moments obtained for A = 256. This enhancement of high
order Legendre moments by the Delta-fit method results in an even better representa-
tion of P at forward scattering angles lower than 20° compared to the results from the
Delta-M method (¢f. Figure 3.6). Already 64 Legendre moments are sufficient to obtain
an accurate representation of the scattering phase function as shown in Figure 3.7b.

3.5 Cloud Volume Scattering Properties

The optical properties of a cloud volume beyt, (W), (P(cosd)) are calculated by integration
of the single scattering properties Cey (D), W(D), P(cos¥, D) weighted by the number
size distribution of the scattering cloud particles g—g

Wendisch et al., 2005). The spectral volumetric extinction coefficient bey; in units of m=*

(D) related to the cloud volume (e.g.,

is calculated by,

o = / Cou(D) - j—g@) ab. (3.34)

Due to the linear relation Cey(D) = Cysea(D) + Cans(D) between extinction, absorption
and scattering cross section Eq. 3.34 can be used similar for the volumetric absorption b,y
and volumetric scattering coefficient by, (both in units of m™!). With the definition of the
single scattering albedo (Eq. 3.18) the volumetric single scattering albedo (dimensionless)
results from,

(@) = ! / &(D) - Cox(D) - j—g(b) dD. (3.35)

bext

In a similar manner the volumetric phase function (P(cos?)) (dimensionless) is calcu-
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lated by,

(P(cos?)) = D)dD. (3.36)

Deca D'
As discussed above the numerical solution of the radiative transfer equation requires to
provide the Legendre moments b,, of (P(cos?)). This leads to intensive calculations due

! /P(COS 9, D) - Cyea(D) - N

to the variation of cloud properties and the vast number of wavelengths considered in
spectral radiative transfer simulations. A faster approach is to compute first the Legen-
dre moments b, (D) of the individual ice crystal scattering phase functions P(cosd, D)
according to Eq. 3.23 and apply appropriate mixing formulas for the volumetric Legendre
moments (b,) afterwards. With the Legendre expansions Eq 3.21 and Eq. 3.36 it holds,

dN

bsca /Z (cos ’19)} - Cya(D) - o

As Cyea(D D) and dN (D) dD are independent to the index n of the Legendre expansion and
P, (cos) is 1ndependent to the particle dimension D Eq. 3.37 can be rearranged to,

P(cos 1)) ZP (cos ) [

This gives an expression for the volumetric scattering phase function similar to the Leg-

(P(cos®)) (D)dD. (3.37)

/ bn(D) - Cyea(D) - j‘g(D) dD|. (3.38)

Cca

endre expansion of individual scattering phase function (cf. Eq. 3.21),

o0

P(cos)) Z (cos ), (3.39)

with the volumetric Legendre moments (b,) defined by,

(by) = bl / b (D) - Caca(D) - j—g(b) ab. (3.40)

3.6 Radiative Transfer Equation

The attenuation of direct solar radiation Ig;, within an optical medium is described by
the Beer-Lambert-Bouguer law (also called Beer’s law),

d] ir\/» )
| ManlT, 0, 0) _ . (3.41)

dr
with pg = cosfy the cosine of the solar zenith angle 6y and the solar azimuth angle ¢q
defining the position of the Sun. As vertical coordinate the optical thickness 7(z) (dimen-

sionless) is used. In general, 7(z) is defined by the integral of the volumetric extinction
coefficient of an optical medium bey; over the geometric height z |

7(2) = /0 he(2) d2. (3.42)
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For the optical thickness of clouds 2o, and zpase are used as integration limits:

(2) = / b (2) d2. (3.43)

Zbase
Eq. 3.41 is solved by using Sy the incident extraterrestrial irradiance at the top of the
atmosphere (solar constant):

Lair (7, po, P0) = So - exp [—L} : (3.44)
Ho

From this equation follows that the direct solar radiation reaching the Earth’s surface
is negligible in the case of ABM clouds. For high solar zenith angles (6, > 70°) as
presentative for the Arctic and optical thick clouds (7 > 2) less than 0.5% of the direct
solar radiation is transmitted through the cloud.
Therefore, in the following the radiative transfer equation (RTE) is discussed in a sim-
plified form relevant for the solar radiative transfer in ABM clouds. Exclusively diffuse
radiation characterized by the diffuse radiance Iz is considered and thermal emission
of radiation is neglected. With these assumptions the 1-dimensional (1D) RTE for a

plane-parallel, horizontally homogeneous atmosphere can be written as:

d]diff(Tv M, 90)
s dr

The direction of propagation of Iy (viewing direction) is defined by p = cos 6 the cosine

= Lo — (Jair + Jaisr) - (3.45)

of the zenith angle # and the azimuth angle . The radiation scattered into the viewing
direction is described by the two source terms Jg, and Jgig in parenthesis of the right
side of Eq. 3.45. Jg;, also called single scattering term, specifies how much radiation is
scattered from the direct solar radiation into the viewing direction:

w(r)

Jai =
" Adrsr

o - exp {—M—} P =0, 00] — [, 9) (3.46)

The incident extraterrestrial irradiance at the top of the atmosphere S is attenuated ex-
ponentially according to Beer’s law passing along the optical thickness 7. The attenuated
fraction of Sy is scattered with a probability defined by the single scattering albedo w and
the scattering phase function P.

The second source term Jgi¢ in Eq. 3.45 is called the multiple scattering term and describes
scattering processes by which diffuse radiation is scattered into the viewing direction:

2 1
(T
Jaig = ﬁ// Laige (7, i, 1) - P(7, [, 1] — [, ) dpsi depy (3.47)
0 1

Similar to Jg;, the single scattering albedo w and the scattering phase function P char-
acterize all scattering processes included in Jyg.



4 MEASUREMENTS 23

4 Measurements

The measurements presented within this work were conducted during the Arctic Study
of Tropospheric Aerosol, Clouds and Radiation (ASTAR) 2007 campaign in the vicinity
of Svalbard (78°N, 15°E) in March/April 2007. The 2007 campaign was the third of
a series of experiments organized by the Alfred Wegener Institute for Polar and Marine
Research (AWI) and the German Aerospace Center (DLR) including aircraft and ground
based measurements in Arctic regions. The original aim of ASTAR was to investigate
the interaction of aerosol and solar radiation with the background of Arctic haze events
commonly appearing in Arctic spring time (Yamanouchi et al., 2005). With the second and
third campaign the investigations were expanded with regard to aerosol-cloud interactions
(Stachlewska, 2006; Gayet et al., 2007).

Two aircraft, the DLR Falcon equipped to characterize aerosol properties by in situ mea-
surements and the AWI POLAR 2 configured to sample clouds by remote sensing and
in situ instruments, were employed during ASTAR 2007. Within this work data from
the POLAR 2 aircraft is reported. The airborne instrumentation included the Spectral
Modular Airborne Radiation measurement sysTem (SMART-Albedometer), in situ in-
struments such as the Polar Nephelometer, Cloud Particle Imager (CPI), and Particle
Measuring System (PMS) Forward Scattering Spectrometer Probe (FSSP-100), and the
Airborne Mobile Aerosol Lidar (AMALI).

A detailed description of the instrumentation with focus on the SMART-Albedometer is
given in the following Section 4.1. The supplement instrumentation on board of POLAR 2
is described in Section 4.2. An overview of the cloud microphysical and radiative proper-
ties obtained with these instruments during ASTAR 2007 is given in Section 4.3.

4.1 SMART-Albedometer

The SMART-Albedometer has been developed at the Leibniz-Institute for Tropospheric
Research (IfT) as a modular system to measure solar spectral radiation (irradiance, actinic
radiation) from airborne platforms (e.g., Wendisch et al., 2001; Wendisch and Mayer, 2003;
Wendisch et al., 2004; Jékel et al., 2005; Bierwirth, 2008; Bierwirth et al., 2009). The
basic setup and the single components are illustrated in Figure 4.1. Four optical inlets
(two upward facing, two downward facing) collect downwelling and upwelling radiation
separately. The radiation is guided by optical fibers (two of them bifurcated) to six
spectrometer systems developed by Zeiss. These use a grating to spectrally disperse the
incoming radiation which is detected afterwards by a single-line Photo-diode array (PDA).
The electric signal obtained by the PDA is recorded by personal computers (PC 1-3) and
has to be related to radiometric quantities by a radiometric calibration.

Two different spectrometer systems with different gratings and PDAs are employed in the
SMART-Abedometer. The VIS is a Multi Channel Spectrometer (MCS UV/NIR) and
covers the wavelength range 200-1050 nm by a 1024 pixel PDA. This range includes the
visible wavelength (VIS) between 380 nm and 700 nm. The spectral resolution (full width
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Figure 4.1: Basic setup and single components of the SMART-Albedometer (see text for details).

at half maximum, FWHM) of the VIS amounts to 2-3nm. The second spectrometer
system (NIR) applies a plane gratings (PGS, Plane Grating Spectrometer) and a 512 pixel
PDA. It covers a portion of the NIR wavelength range 950-2100 nm with a FWHM of
9-16nm. The extraction of the radiation signal from the NIR data requires a realtime
measurement of the dark signal (sum of dark current and thermally induced current)
of the PDA (Bierwirth, 2008). Therefore, an optical shutter is plugged between the
optical fiber and the NIR allowing for alternating measurements of radiation and dark
signal.

A key feature of the SMART-Albedometer is the active stabilization of the optical inlets
which compensates deviations of the aircraft attitude from the horizontal plane (devel-
oped in cooperation with enviscope GmbH). This is necessary because horizontal mis-
alignments A# result in significant uncertainties of F /\l and F' ; Wendisch et al. (2001).
For solar zenith angles larger than 70° a misalignment of Af = 1° causes an error of 5%
for the measurements of F /\l The horizontal stabilization of the SMART-Albedometer is
realized by two separate tilting stages on which the optical inlets are mounted. The tilting
stages are adjusted by servo motors which are controlled by computer software (PC4).
They allow to correct for horizontal misalignments of up to £6° with an accuracy of better
than £0.2°. The system works properly for angular velocities up to 3°s~! with a response
time of the horizontal adjustment of 43 ms.

The actual attitude of the aircraft (roll and pitch angle) is obtained from an inertial
navigation system (INS) designed by iMAR GmBH. It is supported by information of
the global positioning system (GPS) supplied by a two antenna GPS receiver. The roll
and pitch angle is measured with an accuracy of < 0.1° and a frequency of up to 200 Hz.
These angles are utilized in real time by software (PC4) to adjust the tilting stages.
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4.1.1 Optical Inlet for Radiance Measurements

During ASTAR 2007 the SMART-Albedometer was employed to investigate the radiative
cloud forcing and for the remote sensing of cloud properties. For remote sensing purposes
radiance measurements of l and [ i were utilized. Therefore, a set of new optical inlets
were constructed and characterized in this work. A photograph of the radiance optical
inlet decomposed into its compo-
nents is shown in Figure 4.2. A de-

tailed technical drawing is given
Mounting

in Figure 4.3. The entrance op- for Zeiss Optic

tics of the radiance optical inlet ' /
is based on a Zeiss collimator lens \
(BK 7 glass) with a focal length o & .
of 31.6mm.  The design of the

: . Zeiss Optic
including
collimator mounting was developed

. Collimator Lens

by laboratory tests and ray trac-
ing simulations.  The setup was
optimized by simulations to reduce
the impact of stray light. In lab-

Figure 4.2: Photograph of the radiance optical inlet

oratory tests the opening angle of decomposed into its components.

the optical inlet was determined.

Reduction of Stray Light

To simulate the stray light resulting from reflections at the side panels of the optical
inlet the optical system design software ZEMAX® was used. The collimator lens and the
cylindrical housing were implemented into the 3-dimensional (3D) non-sequential mode of
ZEMAX®. It allows to freely define objects, radiation sources and detectors with which
ray tracing can be simulated. Figure 4.4 shows a 3D view and a 2-dimensional (2D) cross
section of the 3D model of the optical inlet. For the ray tracing simulations a horizontal
radiation source was placed in front of the inlet emitting photons in random directions.
A detector placed at the exit of the collimator lens counts the photons scattered into the
optical fibre which is connected to the collimator lens. Photons reaching the detector on
direct path are omitted per default from the radiation source.

The simulations have shown that an additional aperture placed directly in front of the
collimator lens reduces stray light most efficiently. A snap shot of the ray tracing sim-
ulations is shown in Figure 4.4. The blue lines illustrate the rays traces at this single
simulation. With the design shown here only a small fraction of the simulated photon
paths is scattered into the collimator and the optical fiber.
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Figure 4.3: Drawing of the radiance optical inlet (provided by Berthold Friederich).
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Figure 4.4: 2D cross section and 3D view of the ray tracing simulations for the radiance optical
inlet performed with ZEMAX® to reduce stray light scattered from the housing into the optical
fiber.

Opening Angle

The radiance is defined for an infinitesimal solid an-
gle. Practically, the measurements have to collect : Collimator Lens :
radiation from a cone with defined opening angle. [ | I | 1
The corresponding geometry is illustrated in Fig-
ure 4.5. The opening angle A of the cone defines
the boundaries for which radiation of incident an-

gle o reaches the exit of the optical inlet. For the
collimator lens A is determined by the lens itself
and the optical fiber connected to the collimator.
Optical fibers with a large diameter Dy result in a
large A and vice versa. For optical fibers with a
diameter between Dr = 0.6—1.3 mm opening angles
in the range A = 0.8°-2.1° were measured. In the
following detailed results for an optical inlet con-
nected to an optical fiber of Dy = 1.0 mm and with

an opening angle of A = 1.5° are presented.

In laboratory tests A of the inlet was character-
ized. Therefore, a narrow beam of radiation was __ o )
generated with a 200 W lamp and two apertures fo- Figure 4.5: Definition of the opening

angle A and the footprint d; of the ra-
cussing the radiation to a beam diameter ~ 1 mm. 8 P !

i diance measurements.
The collimator lens was mounted on a turn table

and turned until the measured signal reaches zero.

The registered minimum and maximum angles i (A, 7) and dpax (A, 7) were recorded for
different wavelengths A\ and incident positions r of the beam with respect to the center
of the lens (¢f. Figure 4.5). It was found that both d,,;, and O, increase with increas-
ing wavelength and decrease with increasing r as shown in Figure 4.6. The measured
dependence results from the lens geometry and the chromatic aberration of the lens.
From the measured O (A, ) and dpax (A, ) for each incident angle 6 an appropriate min-
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Figure 4.6: Minimum and maximum opening angle dpin(A, ) and dmax(A, ) of collimator lens
at different positions with respect to the lens center r» and wavelengths \.

imum and maximum position 7y (A, ) and rp.c (A, 0) have been derived representing the
part of the lens which collects radiation of this incident angle. With these characteristics
the angular efficiency E (A, ) was calculated characterizing (for each §) which fraction of
the lens area transmits photons of this § into the optical fiber,

1 Pmax(A\,0)
E(\0) = / 27 - rdr. (4.1)
Alens Tmin(\,0)

E(X,0) = 1 means that the entire lens area collects photos of this particular A and 6. In
Figure 4.7a E(, d) is shown for the original collimator lens d = 1.3 cm and a wavelength
of A = 550 nm. Additional E(\,d) was calculated for configurations with additional aper-
tures with diameter d = 1.0cm and d = 0.8 cm in front of the collimator lens shadowing
the edges of the lens. The plot shows that for all cases E(\, ) is reduced to 0.5 at incident
angles of 6 = —0.75° and 0 = 0.75°. This range is used to define the opening angle of the
optical inlet A = 1.5°. Furthermore, it is obvious that if the entire lens area is exposed

(d = 1.3cm) the gradient of E(),0) at angles of about § = £0.75° is weakened.

A more sharp gradient is derived if apertures are placed in front of the lens. In principle
this is equal to the apertures used in photography. An aperture reduces the intensity
of collected radiation but improved the angular dependence of the optical inlet. The
optimal solution between intensity gain and angular dependence was found for an aperture
of d = 0.8cm. For this aperture the wavelength dependence of E(),d) is shown in
Figure 4.7b. No significant wavelength dependence of A was found in this case. The
slight differences in the gradient of E(\,d) are not crucial for the radiance measurements.



4 MEASUREMENTS 29

L e e e . L i IR
d=1.3 cm a ~A=550nm |/ X
L. d=1.0cm// / L 1 ~A=750nm |/

08 4=0.8 cm|/ / ] 08 x=950nm|; ]
o oer / ] o 0er ; : ]
= =
M o4 . M o4l ; ' y

0.2F . 0.2 -

0.0l s , Ao ] ool N . L

-2 1 2 -2 1 2

=1 0 =1 0
Incident Angle & [°] Incident Angle & [°]

Figure 4.7: Angular efficiency E(\,¢) of the radiance optical inlet for a) different aperture
configuration at A = 550 nm and b) different wavelengths for the configuration with an aperture
of d =0.8cm.

With basic trigonometry the diameter of the footprint d; representative for the radiance
measurements at different distances z between surface and the optical inlet is calculated

by,
A
dy = 2z - arctan Px (4.2)

In Figure 7.6 the footprint corresponding to the ASTAR 2007 setup with an opening angle
of A = 2.1° is shown. For airborne measurements the footprint varies between 1 m at
30m altitude and 110m at 3,000 m altitude.

In an improved version of the optical inlets the outer aperture is covered by a BK 7 glass
window providing vacuum conditions inside the tube. Thereby, the collimator lens is
protected against condensation during changes of the external temperature conditions.
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Figure 4.8: Altitude dependence of the footprint diameter d; for the radiance optical inlet with
opening angle A = 2.1°.
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4.1.2 Radiometric Calibration of Radiance Measurements

To transfer the measured digital sig-
1000W Lamp nals of the SMART-Albedometer into

Reflectance quantitative values of the spectral ra-

Panel

diance a calibration against certified
Optical Inlet radiation sources is required. For this
S 7 o -==::: purpose, the imaging radiance optic
requires the use of a source of diffuse
radiation. Two approaches for cal-

Figure 4.9: Radiometric calibration of radiance mea- ibrating the radiance measurements

surements using a reflectance panel. were compared.
The first approach uses an irradiance
standard (1000 W) emitting a defined irradiance F) g which is reflected by a certified re-
flectance panel. In Figure 4.9 the calibration setup is illustrated. The panel is made
of Spectralon® material which reflects radiation highly Lambertian and produces an ad-
equate diffuse radiation source. The panel is certified by an independent calibration
traceable to National Institute of Standards and Technology (NIST) standards which
provides the panel reflectance Rp(A). The reflectance is defined for an incident angle to
the panel surface normal of 8°. The calibration factor C) p for the radiance measurements
is calculated from the measured digital signal S(\) taking into account the distance [ be-
tween irradiance standard and panel which deviates for practical reasons from the distance
lo = 50 cm for which the irradiance standard is certified,

C . F)\,S E 1
M rsr-Re(A) 2SN

The second approach uses a certified integrating sphere as illustrated in Figure 4.10.

(4.3)

Within an integrating sphere the radiation of a source lamp is reflected by a Lambertian
barium sulphate coating in a way that isotropic diffuse radiation reaches the exit aperture.
The spectral radiance I, g emitted through the

exit aperture is certified by external calibra-

tion traceable to standards of the German Cal-

Optical Inlet ibration Service (DKD). The calibration fac-
=:::: tor C\g for the radiance measurements is cal-

culated from,
Integrating

I
Sphere COyg = —5 (4.4)

IOy
The calibration factors Cp and C)g obtained

for ASTAR 2007 are shown in Figure 4.11a.
Both calibration factors have a strong spectral

Radiation
Source

flgure '4;10: ?adloralletrlc calibration us- dependence which results a) from the spectrom-
HE all ntegtating SpHete. eter characteristics, b) the spectral output of the



4 MEASUREMENTS 31

__2.0E-4y

A __2.0E-47 5
T Cys Integrating Sphere 1 T ‘ Cys Integrating Sphere 1
£ A -- C\ p Reflectance Panel 1 £ | -- C,p Reflectance Panel / ]
c f , c i » !
o W.5E74f B o 1.5E74:,‘L B
€ ) € [
‘5 1.0574}‘, 8 ‘; 1.0&45‘ 5
= =
o o P
< L - ~< - -
5 5.0E-5 5 5.0E-5]
) )
< <
O O

0 L L L L L L 0 L L L L L L

300 400 500 600 700 800 900 1000 300 400 500 600 700 800 900 1000

Wavelength X [nm] Wavelength X [nm]

Figure 4.11: Absolute calibration factors for radiance measurements of a) ASTAR and
b) MELTEX obtained from calibration against a reflection panel C)p and an integrating
sphere C) .

radiation source and c) from absorption of radiation within the optical fiber and the BK 7
glass of the collimator lens and the covering window. BK 7 glass absorbs radiation with
wavelengths A < 300 nm which results in the high values of C p at these wavelengths. The
radiation source of the integrating sphere is limited to wavelengths larger than 350 nm.
Therefore, Cg increases for shorter wavelengths significantly. For wavelengths larger
than 650 nm a difference between C) p and C g is observed.

Further investigation in the laboratory have shown that C)p is significantly affected
by stray light in the NIR wavelength range A > 650nm due to scattering of radiation
within the housing of the calibration setup. Therefore, the housing was coated afterwards
with highly absorbing paint reducing the amount of stray light significantly as quantified
by further calibrations. The calibration factors obtained for a subsequent experiment
MELTEX 2008 (Impact of melt ponds on energy and momentum fluxes between atmo-
sphere and ocean) are given in Figure 4.11b and show the improved agreement of C'\ p and
C)s. Both calibration factor agree within 5 % for wavelengths larger than 400 nm. Never-
theless, the final calibration factors for ASTAR 2007 were merged from both calibration
methods using Cy p for A < 420nm and C) g for A > 420 nm.

4.1.3 Integration on POLAR 2

For the airborne radiation measurements during ASTAR 2007 the upper and lower sensor
unit of the SMART-Albedometer were installed on the AWI research aircraft POLAR 2.
Respective certification had to be obtained. Two almost similar sensor bodies were devel-
oped by enviscope GmbH including a new heating system for Arctic conditions. A tech-
nical drawings of the modified upper sensor unit is shown in Figure 4.12. The two optical
inlets (1) are mounted on the tilting stage (3) of the horizontal stabilization system which
is driven by two perpendicular orientated servo motors (2). The servo motors are covered
by an additional heating film and insulating material which protects for low temperatures.
The INS (4) is mounted below the tilting stage to measure the attitude of the sensor unit
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Figure 4.12: Technical drawing of the upper SMART-Albedometer sensor unit used on
POLAR 2 (provided by enviscope GmbH)

as close as possible to the optical inlets.

The integration of the SMART-Albedometer on POLAR 2 was realized by AWI in cooper-
ation with OPTIMARE Sensorsysteme AG and funded by IfT. The upper sensor body was
mounted into a heating compartment in the front part of the POLAR 2 close to already
existing broadband radiation sensors (Figure 4.13a). The tubes of the aircraft heating
system help to heat the servo motors of the stabilization system. The lower sensor body
was mounted on a retractable plate in the tail of POLAR 2 (Figure 4.13b). During takeoff
and landing the plate enables to bring the lower sensor inside the aircraft. Therefore, the
plate is retracted by a compression spring (3) and additionally fixed by an interlock (1).
This is necessary because the front wheel of the POLAR 2 is in one line with the sensors
unit which may cause damages of the optical inlets by stirred up gravel.

The certification of the retractable plate by the Federal Aviation Office (Luftfahrt Bun-
desamt) and the permission of the SMART-Albedometer integration on POLAR 2 was
finalized in June 2006.

4.1.4 Configuration

The configuration of the SMART-Albedometer during ASTAR 2007 was chosen such that
it provides measurements of downwelling and upwelling spectral irradiance (F /\l, F /\T ) si-
multaneously with downwelling zenith and upwelling nadir spectral radiance (I )l\, [/I)
The upper and lower sensor unit mounted on POLAR 2 are shown in Figure 4.13c .
The optical inlets for the radiance measurements are described above. For the irradi-
ance measurements optical inlets constructed by the Bay Area Environmental Research
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Upper Sensor Unit

b

Figure 4.13: Integration of the SMART-Albedometer on the POLAR 2 Aircraft. Panel a shows
the mounting of the upper SMART-Albedometer sensor (drawing provided by enviscope GmbH );
panel b the retractable mounting of the lower SMART-Albedometer sensor (drawing provided by
OPTIMARE). The numbers indicate (1) the interlock for takeoff and landing, (2) the SMART-
Albedometer sensor, (3) the compression spring retracting the plate and (4) the cut-out for the
optical fibers. In panel ¢ the final mounting of both sensor units on POLAR 2 is shown.



4 MEASUREMENTS 34

Table 4.1: Configuration of the SMART-Albedometer during ASTAR 2007.
Spectrometer System Wavelength Range FW HM Irradiance Radiance

VIS / MSC 350-950 nm 2-3nm F} I
NIR /| PGS 950-2100 nm 9-16 nm F} 1]
VIS-IT /  MSC 350-950 nm 2-3nm F) I

Institute, CA, USA were applied. The inlets were designed as integrating spheres made
of Spectralon® reflectance material. Sealed with a quartz dome the Spectralon® inte-
grating sphere provides an almost wavelength independent photon collection efficiency.
A detailed characterization of the performance of these inlets is given in Crowther (1997);
Bierwirth (2008). All quantities with corresponding wavelength range measured by the
SMART-Albedometer during ASTAR 2007 are summarized in Table 4.1.

Four spectrometer systems (2x VIS, 2x NIR) were applied to measure F' i and [ l covering
the wavelength ranges 350-950 nm (VIS) and 950-2100 nm (NIR) with a spectral resolution
(full width at half maximum, FWHM) of 2-3nm and 9-16 nm. F ; and [ )l\ were measured
with two spectrometer systems (VIS-1I) in the visible part of the spectrum only (350
950 nm).

From these individual measurements the spectral reflectance R(\) and spectral albedo p(\)
were derived applying Eqs. 3.11 and 3.12. R()) was obtained for the wavelength range
350-2150 nm while measurements of p(\) are limited to the wavelength range 350-950 nm.

4.1.5 Measurement Uncertainties

A number of sources of error contribute to the uncertainty of the SMART-Albedometer
measurements mainly resulting from the spectrometer sensitivity and the different cali-
brations. As the spectrometer sensitivity and calibration of the measured FAL, F; and I)T\
are different the uncertainties of the three measurements are treated separately. The in-
dividual errors contributing to each property are listed in Table 4.2 for four wavelengths;
two representative for the VIS spectrometer and two for the NIR spectrometer. The two
wavelengths of each spectrometer were chosen in a way that one is located in the range
where the sensitivity of the spectrometers is high (650 nm and 1600 nm); the second is
located close to the sensitivity minima (350 nm and 2100 nm). All individual sources of
error are assumed to be independent. Hence, the overall errors for F /\l, F /\T and [ )T\ given
in Table 4.2 are calculated applying the Gaussian error propagation.

The error of the digital signal obtained by the spectrometer was estimated from the signal
to noise ratio (SNR) and the uncertainty in the wavelength calibration. For the VIS spec-
trometer a noise of about two digital counts was estimated independent of wavelength.
The NIR spectrometers show a higher noise which ranges between 20 and 30 digital counts
depending on the wavelength. To calculate the SNR one typical signal obtained during
calibration in the laboratories with maximum digital counts of 15,000 for the VIS spec-
trometer and 5,000 for the NIR spectromteter was used. At wavelengths with maximum
spectrometer sensitivity the resulting SNR indicates a measurement uncertainty of less
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Table 4.2: Contribution of individual sources of error to the uncertainties of F' i, F ; and I)T\
measured by the SMART-Albedometer. The errors are given for four wavelengths representative
for the maximum (650nm and 1600nm) and minimum (350nm and 2100nm) sensitivity of
the VIS and NIR spectrometer. For F; measurements have been conducted only with a VIS
spectrometer.

Source of Error A=350nm  A=650nm A=1600nm A=2100nm

F! Spectrometer Signal 6.1% 1.0% 1.4% 8.2%
Calibration Lamp 1.1% 0.6 % 0.3% 0.3%
Transfer Calibration 3.2% 1.0% 0.5% 0.6 %
Cosine Calibration 3.0% 3.0% 3.0% 3.0%
Total 10% 4% 3% 12%

F| Spectrometer Signal 1.4% 1.0%

Calibration Lamp 1.1% 0.6 %
Transfer Calibration 3.5% 1.1%
Cosine Calibration 1.5% 1.5%
Total 4% 2%

I, Spectrometer Signal 5.6 % 1.0% 2.2% 20.9%
Calibration Lamp 1.1% * * *
Reflectance Panel 0.8% * * *
Integrating Sphere * 6.0 % 9.0% 10.0 %
Transfer Calibration 11.1% 1.5% 1.0% 1.2%
Total 14 % 6 % 10% 33 %

than 1% for most parts of the wavelength range. However, at wavelengths A\ < 380 nm
and A\ > 1800 nm where the measured digital signal is weak the error increases up to 20 %
at A < 310nm and up to 9% at A > 2100 nm. Furthermore, the wavelength pixel classi-
fication introduces an uncertainty to the measured digital signal. The wavelength pixel
classification was determined from the emission lines of neon-mercury and argon-mercury
lamps. The error of the wavelength calibration mainly results from the F'W HM of the
spectrometers which reduces the accuracy of the wavelength pixel classification and is
assumed to be about 1%. The overall error of the digital spectrometer signal given in
Table 4.2 was calculated by combining the SNR and the uncertainty of the wavelength
calibration by applying the Gaussian error combination.

The measurement of the dark current which has to be subtracted from the measured
spectrometer signal is associated with an identical error as obtained for the spectrome-
ter signal. Therefore, the error of the digital spectrometer signal given in Table 4.2 is
accounted twice for the calculation of the overall measurement uncertainty.

In the laboratory a 1000 W lamp, an integrating sphere and a reflectance panel in combi-
nation with the 1000 W lamp have been used for the radiometric calibration. The errors
of these radiation standards are certified by external calibration traceable to DKD. For
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Figure 4.14: Transfer calibration factors cr obtained for the VIS spectrometer (a) and NIR

spectrometer (b) measuring F i .

the 1000 W lamp a wavelength dependent error between 1.1 % at 350 nm wavelength and
0.3% at 2100 nm wavelength is given. The reflectance panel is certified with uncertain-
ties of 0.8% at 350 nm and the integrating sphere with uncertainties of 6-10 % between
650 nm and 2100 nm.

During transport and integration of the SMART-Albedometer on the aircraft the sensi-
tivity of the system can change mostly due to the connection and alignment of the optical
fibers. To account for these changes secondary calibrations with a small integrating sphere
providing a constant source of radiation have been conducted during the laboratory cali-
bration and during ASTAR 2007. The radiometric calibration was corrected by transfer
calibration factors cr defined as the ratio between the secondary calibrations obtained
during ASTAR 2007 Sgeq and in the laboratory Sip,

~ Stab
Sheld

(&

(4.5)

For F i the transfer calibration factors for both VIS and NIR spectrometers are shown
in Figure 4.14 for different days. At wavelengths where water vapor absorption varies
the measurements cr is not shown. For most wavelengths cp is lower than unity which
indicates a higher measurement sensitivity during ASTAR 2007 than obtained for the
laboratory calibration. The temporal variability of ¢t was found to be slightly higher for
the VIS spectrometers than for the NIR wavelength range what reveals a high stability
of the NIR spectrometers. The error estimated for the transfer calibration was calculated
from the standard deviation of all six secondary calibrations obtained in Longyearbyen.
The calculated values range at about 1% for most parts of the wavelength range. Below
400 nm the uncertainties increase up to values of about 11 % especially for the measure-
ments of Il.

Furthermore, the measurements of F /\L and F /\T have been corrected for deviations of the
irradiance optical inlet from an ideal cosine characteristic as described by Wendisch et al.
(2002) and in more detail by Wendisch (2002). The error introduced by this correc-
tion (cosine error) results mainly from the uncertainties of the laboratory measurements
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Figure 4.15: Spectral measurement uncertainty for the cloud top reflectance and cloud albedo
obtained with the SMART-Albedometer.

performed to characterize the optical inlets. During this calibration the optical inlet is
mounted on a turn table to simulate illuminations with different zenith angles. For zenith
angles present during ASTAR 2007 (70-80°) a misalignment of the turn table of +0.2°
results in a measurement error of about 1.5%. Additionally, the calibration has shown
that the cosine characteristic varies with the solar azimuth angle especially for low Sun.
This variation and the resulting error amounts up to 2%. Furthermore, during the air-
borne measurements the misalignment of the optical inlets with respect to a horizontal
plane increases the cosine error. The alignment accuracy of the SMART-Albedometer
is about +0.2°. For solar zenith angle between 70° and 80° this misalignment causes a
maximum error of 1.5% (Wendisch et al., 2001). The total cosine error assumed in Ta-
ble 4.2 amounts to 3% for F /\l and is independent on wavelength. For F ; the azimuthal
and zenith dependence is not relevant. Therefore, the cosine error reduces to 1.5 %.

The overall errors for F ){, F )T and I)T\ were calculated applying the Gaussian error com-
bination and are given in Table 4.2. For the analysis of the SMART-Albedometer mea-
surements cloud top reflectance R and cloud albedo p are used. Following Egs. 3.11
and 3.12 R and p include the measurement uncertainty of F/\l, F/\T and [ l Therefore, the
measurement uncertainty of R and p are calculated from the uncertainties of the individ-
ual components with Gaussian error combination. The resulting overall uncertainties are
shown in Figure 4.15.

For R an uncertainty of about 10 % was found for most parts of the wavelength range.
Between 400 nm and 800 nm the uncertainty is slightly lower which is mostly due to the
stepwise decrease of the uncertainty of the integrating sphere used for the calibration
of I l A higher uncertainty of R is found for small wavelengths A < 400 nm where the
spectrometer sensitivity and the intensity of solar radiation significantly decrease. For
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the same reasons the uncertainty at wavelengths A > 1800nm and in particular in the
water vapor absorption bands (1300-1500 nm, 1800-2050 nm) is enhanced with values
reaching 100 %. Compared to R the measured p shows a lower uncertainty especially
for wavelengths larger than 450 nm. Below this wavelength the spectrometer sensitivity
decreases and the uncertainties of both R and p increase.

Figure 4.15 shows that the SMART-Albedometer measurements at wavelengths
A < 500nm and within the water vapor absorption bands have to be analyzed with
care. Measurements below A < 500nm where the spectrometer sensitivity is low are
removed from most of the plots shown in the subsequence studies.

4.2 Supplementary Instrumentation

In situ measurements of cloud microphysical properties were obtained from a CPI, intro-
duced by Lawson et al. (2001), and with a FSSP-100 (c¢f. Knollenberg, 1976; Wendisch
et al., 1996; Gayet et al., 1996). Both instruments were operated by Laboratoire de
Météorologie Physique (LaMP), Université Blaise Pascal, AUBIERE Cedex, France.
The FSSP detects radiation which is scattered by cloud particles illuminated with a laser
beam (A = 632nm). The geometry of the laser beam (2.5 mm length and 0.1 mm diameter)
and the true air speed of the POLAR 2 (approx. 80 ms™!) define the sampling volume of
the FSSP. It approximately amounts to 20 cm®s~!. The intensity of the scattered radiation
is proportional to the size of the scattering particle. From this relation the cloud particle
sizes are obtained. The FSSP measures the particle number size distribution j—g in the
size range of 3-27 um with a bin size of 2 ym.

Larger cloud particles were sampled with the CPI which obtains high-resolution digital
images of the cloud particles using a 1 million pixel digital Charge-Coupled Device (CCD)
camera (2.3 um). The CCD camera flashes up to 75 frames per second, potentially imaging
more than 25 particles per frame. The CPI covers the particle sizes between 23 pm and
2300 pm with a resolution of 23 pum.

Besides the particle size distribution, from both instruments FSSP and CPI total particle
number concentration Ny, ice and liquid water content /W', LW ', particle effective
diameter D.g and extinction coefficient b.; were derived. The retrieval and measurement
uncertainties of these data are described in detail by Gayet et al. (2007).

Unfortunately, the Nevzorov probe mounted on POLAR 2 and measuring bulk liquid and
total water content LW C, TWC (in units of gm~3) did not provide reliable measurements
due to a broken hot wire. Therefore, LW C and IW (' calculated from the particle size
distribution measured by FSSP and CPI had to be used in the analysis. In order to
present vertical integrated cloud properties the bulk liquid and ice water path LW P,

IW P (in units of gm™2) were calculated by:
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LWP — /‘puvcuyu, (4.62)

Zbase

WP = /‘wnvcwﬁu. (4.6b)

Zbase

From LW P and IW P the ice volume fraction f; characterizing the state of mixing of the
mixed-phase clouds is derived by:

fim IWP
Y IwWP+ILWP

Optical properties of the cloud particles (volumetric scattering phase function, extinction

(4.7)

coefficient and volumetric asymmetry parameter) were derived from the Polar Nephelome-
ter by LaMP (Gayet et al., 1997). It measures the scattering phase function of an ensemble
of cloud particles (i.e., water droplets or ice crystals or a mixture of these particles) from
a few micrometers to about 800 um diameter. Therefore, the radiation scattered by cloud
particles illuminated by a collimated laser beam (804 nm) is detected at polar angles from
about +3.5° to £173° by a circular array of 56 almost uniformly positioned photodiodes.
The sampling volume of the Polar Nephelometer is defined by the size of the laser beam
(10mm length and 5mm diameter) and the true air speed of the POLAR 2 (approx.
80ms~!). With an acquisition frequency of 10 Hz the sampling volume is 500 cm?® which
corresponds to a detection threshold of 0.5 particles per liter.

The optical properties of the cloud particles (extinction coefficient and volumetric asym-
metry parameter) are derived from the direct measurement of the scattering phase func-
tion. The asymmetry parameter g is a measure for the anisotropy of the scattering phase
function and therefore a powerful tool to discriminate ice crystals and liquid water parti-
cles (¢f. Section 3.3). The asymmetry parameter is defined as the first moment (n = 0)
of the Legendre expansion of a scattering phase function. From Eq. 3.23 follows,

I
g=by = 5/ P(cosv) - cosvd cos . (4.8)
-1
A value of ¢ = 1 describes total forward scattering, ¢ = —1 total backward scattering

and g = 0 isotropic scattering. Depending on the particle size and shape cloud par-
ticles show values between 0.7 and 0.9. Due to the integration of the measurements
over the sampling volume of the Polar Nephelometer the volumetric asymmetry param-
eter (g) is obtained. It is related to g following the definition of volumetric Legendre
moments (Eq. 3.40).

The extinction coefficients measured by the Polar Nephelometer were utilized to define
cloudy and cloud free areas in the analysis of the in situ measurements. All measurements
with bey > 0.05 km ™! were assumed to be cloud free.

The cloud optical thickness 7 was calculated from the measurements of b, using Eq. 3.43.
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For the liquid water droplets and ice crystals partial optical thicknesses 7w and 71 were
derived. These were used to define the ice optical fraction of the mixed-phase clouds by:
1

¥ — ) 4.9
fi = (19)

Additional independent information on the cloud thermodynamic phase was provided
by the depolarization measurements of AMALIi which is a two-wavelengths (532 nm and
355nm) backscatter lidar with depolarization measurements at 532nm wavelength.
AMALi was installed in nadir looking configuration. The vertical resolution amounts
to 7.5 m. The minimum horizontal resolution was about 900 m. Further details of AMALi
are described in Stachlewska et al. (2004).

For flight missions related to cloud measurements, the flight tracks of POLAR 2 were
partly synchronized with satellites overpasses of the Cloud-Aerosol Lidar and Infrared
Pathfinder Satellite Observation (CALIPSO) and CloudSat (Winker et al., 2003; Stephens
et al., 2002). The Cloud-Aerosol Lidar with Orthogonal Polarization Winker et al.
(CALIOP, see 2007) on board of CALIPSO provides backscatter coefficient and depo-
larization measurements of the investigated clouds from which the cloud thermodynamic
phase was determined independently.

b,
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Figure 4.16: MODIS satellite image of April 7, 2007 overlaid with the flight track of POLAR
2 aircraft (flight # 5, red line) along the CALIPSO overpass (dashed black line). Numbers give
the latitude and longitude respectively. Flight sections where measurements were analyzed are
marked with labels A, B and C. At A a ABM cloud was sampled by both in situ instruments and
SMART-Albedometer, at C a pure ice cloud has been observed with the SMART-Albedometer
only (cf. Section 4.3.3). The flight section B is analyzed with regard to cloud thermodynamic
phase in Section 6.5
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4.3 Overview of ASTAR 2007

Thirteen measurement flights were conducted during ASTAR 2007 (Table 4.3). Five of
the flights were devoted to surface reflectance and albedo measurements over snow covered
glaciers, open sea and sea ice. Eight flights were performed to sample clouds with in situ
and remote sensing instruments. For the investigations presented in this work surface
reflectance and albedo were derived from measurements on flights# 1, 5, 8 and 11. The
investigations on Arctic boundary-layer clouds are based on data obtained during flights
with concurrent in situ measurements and satellite overpass (# 5 and #9).

During these flights (April 7-9) a cold air outbreak with northerly winds initiated extended
boundary-layer cloud fields over the open Greenland Sea as shown by the MODIS satellite
image in Figure 4.16. The convection above the relatively warm open sea allowed the
coexistence of ice and liquid water in these clouds. In addition to the predominating ABM
clouds, pure ice and pure liquid water clouds have been observed during ASTAR 2007.

4.3.1 In Situ Measurements

In situ measurements have been obtained from a total of 16 vertical profiles. Except for
two profiles taken at the edge of the cloud fields where pure ice clouds were dominating,
the in situ measurements generally show the typical structure of the prevailing ABM
clouds with a cloud top layer consisting of liquid water and precipitating ice crystals
below.

Based on in situ data, the particle phase was determined from the combination of asym-
metry parameter and particle number concentration measurements. The asymmetry pa-
rameter is significantly lower for non spherical ice crystals compared to spherical liquid
water droplets (e.g., Gerber et al., 2000; Garrett et al., 2001). As an approximation it
was defined that the FSSP (size range 3-27 um) measured liquid water droplets whereas

Table 4.3: Measurement flights conducted with the SMART-Albedometer during ASTAR 2007.

g April Conditions Satellite Area Add. Instruments
1 0L clear sky X north east Svalbard AMALi
2 02.1 clouds X north east Greenland Sea AMALIi
3 02. 11 clouds east Greenland Sea LaMP
4 03. clouds west coast of Svalbard LaMP, AMALi
5 07.1 clouds X east Greenland Sea LaMP, AMALi
6 07. I clear sky south of Svalbard AMALi
7 08.1 clouds east Greenland Sea LaMP, AMALi
8 08. IT clear sky Storfjord AMALi
9 09. clouds X north east Greenland Sea LaMP, AMALi
10 10. clear sky Storfjord AMALi
11 11 clear sky east Greenland Sea AMALi
12 14. clouds south east Greenland Sea LaMP, AMALi
13 16. clouds east Greenland Sea LaMP, AMALi




4 MEASUREMENTS 42

+ FSSP .
o CPI

[10%177]

CPI
tot

[10%-1], N

5.0F

FSSP

tot

0 Qi R0 Ve KBRS

0.74 0.76 0.78 080 0.82 0.84 086 0.88
Volumetric Asymmetry Parameter <g>

Figure 4.17: Total particle number concentrations measured by FSSP NESST and CPI NCPT
in relation to the volumetric asymmetry parameter (g) measured simultaneous by the Polar
Nephelometer.

the CPI (23-2300 um) is used to determine the size distribution of large ice crystals. This
assumption is based on the ice crystals sizes expected for mixed-phase conditions (e.g.,
Korolev et al., 2003; Shupe et al., 2006). Due to the WBF process the ice crystals rapidly
grow to sizes larger than the range covered by the FSSP.

Analysis of the simultaneous FSSP, CPI and Polar Nephelometer measurements of to-
tal particle number concentration NESSP and NSPT and volumetric asymmetry param-
eter (g) as shown in Figure 4.17 support this assumption. The CPI measured particle
number concentrations NoPT > 110?171 where the asymmetry parameter indicates non-
spherical ice crystals ({(g) = 0.78-0.80). The majority of the FSSP measurements with
NESSP > 9. 105171 coincide with (g) = 0.84-0.86 indicating liquid water droplets. In
the range between (g) = 0.80-0.84 only a few measurements of the FSSP show particle
number concentration up to 4-10°17!. In this intermediate range it has to be considered
that following Eq. 3.40 a low concentration of large ice crystals (large scattering cross
section) may contribute stronger to the volumetric asymmetry parameter than a high
concentration of liquid water droplets (small scattering cross section).

A typical profile of measured particle number concentrations, LW C', IW (' and asymmetry
parameter obtained on flight # 5 between 78.0° N and 78.5° N (c¢f. Figure 4.16 label A)
is given in Figure 4.18. The FSSP indicated particle concentrations and LW C up to
NESSP = 50em ™3 and LWC = 115mgl~! between 1000-1700m altitude. In the same
layers the asymmetry parameter measured by the Polar Nephelometer, was about 0.85
which is a typical value for spherical liquid water droplets (e.g., Gerber et al., 2000;
Garrett et al., 2001). A thin layer dominated by ice crystals was found between 800 m and
1100 m indicated by lower asymmetry parameters. In this layer the CPI measured particle
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Figure 4.18: Profile of microphysical measurements obtained on flight # 5. Total particle num-
ber concentration N,y measured by FSSP and CPI are given in panel a; LWC and IWC in
panel b. The volumetric asymmetry parameter (g) obtained from the Polar Nephelometer is
shown in panel c.

number concentrations of up to Nof' = 1.5 cm ™2 with maximum particle dimensions of up
to 1000 um. Although the ice crystal number concentration is about a magnitude lower
than the liquid water droplet concentration the ice crystals dominate the total water
content with /WC = 70mgl~'. Below this layer, precipitating large ice particles have
been observed down to 500 m by visual observation on board the aircraft and from in situ
measurements (low ice water content and asymmetry parameter).

The profile of asymmetry parameter (Figure 4.18b) shows a distinct transition between
(g) > 0.83 related to liquid water droplets and (g) < 0.80 related to ice crystals. Only
a few measurements show intermediate values. As Garrett et al. (2001) have shown
the asymmetry parameter measured in Arctic stratus changes linearly from 0.86 to 0.76
depending on the fractional number of particles in the cloud that are ice rather than
liquid. Therefore, the measurements presented in Figure 4.18b reveal that liquid water
droplets are dominant in the upper cloud layer and ice crystals mostly occur near cloud
base.

This vertical structure is typical for the Arctic stratus clouds observed during ASTAR
2007 and agrees with previous field campaigns (e.g., Pinto, 1998; McFarquhar et al., 2007).
Cloud resolving numerical simulations of Arctic stratus confirm the typical layering with
liquid water droplets at cloud top and precipitating ice crystals below (e.g., Harrington
et al., 1999; Fridlind et al., 2007).



4 MEASUREMENTS 44

The particle number size distribution % vertically averaged for the profile given in Fig-
ure 4.18 is shown in Figure 4.19 for the FSSP and CPI measurements. The FSSP mea-
surements reveal a two modal distribution of the liquid water droplets with two maxima
for diameters of 5 um and 17 ym. The contribution of the small particles results mainly
from measurements at cloud top (not shown here).

Investigations on FSSP measurements and similar in situ probes have shown that in the
presence of large ice crystals shattering of the ice crystals at the tip of the instrument
housing may occur and produce numerous smaller particles (Field et al., 2003; Korolev
and Isaac, 2005). The same effect has been observed by Glantz et al. (2003) for large
liquid water droplets and may explain the presence of small particle in the measurements
presented here. However, this small particle mode has not been observed for other profiles
measured during ASTAR 2007. Therefore, it is not clear which process did produce these
particles.

However, for radiative investigation the particle effective diameter D.g is most important,
characterizing the magnitude of absorption by the particle population. D.g is defined by
the ratio between particle volume V(D) and geometric cross section A(D) (e.g. Mitchell,
2002),

3) 55 D)dD
2 [ 45(D) - A(D)dD

For the particle size distribution presented here the contribution of the small particles to

off = (4.10)

D.g is negligible compared to the larger particles. For the liquid water particles measured
by the FSSP a mean effective diameter Deg = (15 £ 5) um was derived.
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Figure 4.19: Mean particle number size distribution g]DV measured by FSSP and CPI within the
cloud profiled on flight #5 (c.f. Figure 4.18).
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The CPI measurements representative for the ice crystal population show an almost ex-
ponential decrease of % with increasing D. Ice crystals up to a maximum particle di-
mensions of about 1000 ym have been observed mainly at lower cloud parts corresponding
to precipitating ice. The calculated mean effective diameter of the ice crystals amounts
(85 + 37) um for the entire cloud. In the cloud layer dominated by ice crystals (800
1200 m) larger ice crystals with Deg = (103 £ 36) pm have been observed.

4.3.2 Airborne Lidar Measurements

The laser of the AMALIi lidar did not completely penetrate the optically thick clouds.
However, AMALI did identify a liquid water layer at cloud top by the depolarization sig-
nal. Although multiple scattering in the liquid water layer generated high depolarization
values, comparable to the depolarization signal of ice crystals, the detailed analysis of the
lidar profiles averaged over 15 seconds reveals differences in the vertical pattern of the
depolarization. The depolarization related to multiple scattering of liquid water particles
increases slowly with cloud depth whereas nonspherical ice crystals result in an instanta-
neous increase of the depolarization (Hu et al., 2007). From this analysis the precipitating
ice below the clouds was identified in several cloud gaps.

4.3.3 Radiation Measurements

Beside the typical ABM clouds also pure ice and pure liquid water clouds have been
observed during ASTAR 2007. Cloud top reflectances R for exemplary samples of the three
cloud types are shown in Figure 4.20a. The mixed-phase and ice cloud have been observed
on flight # 5 as indicated by the labels A and C in Figure 4.16. These measurements were
taken at 1800m altitude approximately 200m above cloud top. The water cloud was
sampled at 2700 m altitude on flight # 6 between 75.4° N, 11.5°E and 75.8°N, 11.8°E.
All measurements shown here are averaged over the time period the clouds have been
sampled (mixed-phase cloud 18 min, water cloud 8 min and ice cloud 2 min).

Especially the liquid water cloud shows differences of R in the wavelength range between
500 nm and 1300 nm as shown in Figure 4.20a. These differences result from different cloud
optical thickness 7. For the clouds presented here 7 was retrieved by applying standard
retrieval techniques (Nakajima and King, 1990). The mixed-phase cloud assumed as liquid
water cloud for the retrieval has a 7 of 12, while for the ice and pure liquid water cloud
7 =15 and 7 = 4 was found, respectively. The cloud optical thickness of the mixed-phase
cloud estimated from the in situ measurements of extinction coefficients was about 8.

In the wavelength range 1450-1800 nm and 1900-2150 nm (highlighted gray in Figure 4.20)
where R depends less of 7 and water vapor absorption is weak the spectral pattern of the
cloud top reflectance reveals significant differences. These are caused by the contrast
in the imaginary part 7n; of the refractive index (proportional to absorption) of ice and
liquid water shown in Figure 4.20b. The pure ice cloud shows the lowest R values at
1500 nm and 2050 nm where 7; of ice has a maximum. Between 1500nm and 1750 nm
R strongly increases to values similar to the pure liquid water and mixed-phase cloud.
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Here both liquid water and ice have a minima of n;. In the same wavelength range the
measurements above the pure liquid water and mixed-phase cloud show only a slight slope
of R corresponding to the weak absorption of water (low 7;).

Simultaneous to the cloud top reflectance, the cloud albedo p was obtained for the pure
ice and mixed-phase cloud introduced in Figure 4.20a. In Figure 4.21 for these cases the
simultaneous measurements of R and p are compared. Generally, Figure 4.21 reveals that
p is larger than R indicating a nonisotropic radiation field above the clouds (isotropy for
p = R). Although, both clouds have been observed at similar solar zenith angle of 6, = 71°
and had a similar optical thickness (similar magnitude of R), the difference between R
and p are smaller for the ice cloud than for the mixed-phase cloud. The reflected radiation
above the ice cloud is more isotropic than above the mixed-phase cloud. These differences
can be explained by differences in the scattering phase functions of liquid water particles
and ice crystals. Assuming single scattering at the cloud top with 6y = 71° the enhanced
sideward scattering of ice crystals (¢f. Figure 3.4) results in a more isotropic radiation
field reflected by the ice cloud than by the mixed-phase cloud.
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Figure 4.20: Examples of measured cloud top reflectance R (flight # 5 and #6) over a pure
ice cloud (7 = 12), pure liquid water cloud (7 = 4) and mixed-phase cloud (7 = 15) are given
in panel a. Error bars indicate the measurement uncertainty of the reflectance measurements.
Panel b shows the imaginary part n; of the refractive index for ice and liquid water.
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Figure 4.21: Cloud top reflectance R and cloud albedo p measured on flight # 5 above a mixed-
phase cloud (a) of (7 = 15) and a pure ice cloud (b) of (7 = 12) introduced in Figure 4.20.
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5 Radiative Transfer in Arctic Boundary-Layer
Mixed-Phase Clouds

To estimate the solar and IR radiative forcing of ABM clouds radiative transfer simulations
have been performed. To represent the cloud in the radiative transfer model in situ
measurements of microphysical cloud properties (flight # 5), were used. The simulations
were analyzed with respect to the impact of the properties of the ice phase (ice fraction,
ice crystal effective diameter, ice crystal shape). In the following sections the radiative
transfer model applied for these studies is described and how the mixed-phase clouds
were included into the model. From the results of the simulations the cloud radiative
forcing was calculated and discussed in Section 5.5. In Section 5.6 the impact of the
ice crystal shape on cloud radiative properties is investigated. Furthermore, simulations
of the cloud top reflectance and albedo are analyzed in Section 5.7 with regard to their
spectral variability.

5.1 Radiative Transfer Model

The spectral solar and IR radiative transfer simulations were performed with the
libRadtran (library for Radiative transfer) code by Mayer and Kylling (2005). The
libRadtran package provides a powerful tool to simulate the 1D radiative transfer through
plan-parallel mixed-phase clouds by allowing a separate input for the ice and water mode
of the cloud. Changes to one mode only can be applied without changing the input of
the other. This reduces the required preparation of the model input drastically. For the
numerical solution of the solar simulations the discrete ordinate radiative transfer solver
DISORT version 2.0 by Stamnes et al. (1988) was applied. DISORT 2.0 contains the
Delta-M method as described in Section 3.4.2 and additionally the intensity correction
proposed by Nakajima and Tanaka (1988). Therefore, DISORT 2.0 is highly suitable
for simulations of spectral radiances for which the scattering phase function of the cloud
particles has to be represented in the simulation with high accuracy. The IR simulations
were performed with a two-stream radiative solver described by Kylling et al. (1995).

5.1.1 Basic Model Input

The meteorological input (profiles of static air temperature, relative humidity and static
air pressure) was composed of a radio sounding at Ny Alesund/ Svalbard (April 7, 2007,

Table 5.1: Surface albedo measured during ASTAR 2007

Albedo Typ Flight # Geogr. Pos. 0y  Flight Altitude
snow covered glacier 1 19.6°E, 79.9°N  75.1° 1650 m
fresh sea ice 8 18.4°E, 77.1°N  79.2° 2700 m
open water (clear sky) 11 12.7°E, 77.2°N  73.0° 30m

open water (overcast) 5 10.8°E, 77.6°N  73.0° 200m
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11:00 UTC). Above 33 km altitude a subarctic winter profile (Anderson et al., 1986) was
used. The aerosol microphysical properties were taken from Shettle (1989). The spring-
summer maritime aerosol profile was chosen for the boundary-layer; background aerosol
conditions were applied for the altitudes above. The aerosol optical thickness was scaled
by the Angstrom formula with an Angstrom exponent of ay = 1.51 and an aerosol optical
thickness at 1 um wavelength of Ga = 0.03. Both coefficients have been obtained from sun
photometer measurements at Ny Alesund on April 7, 2007 using a SP1A sun photometer
(Herber et al., 2002). If not stated otherwise, the simulations were conducted for a solar
zenith angle of ) = 71° similar to the conditions during the radiation measurements of
the investigated clouds presented in Section 4.3.3.

5.1.2 Surface Albedo

As lower boundary condition the radiative transfer simulations require an appropriate
surface albedo. During ASTAR 2007 albedo and reflectance measurements have been
obtained with the SMART-Albedometer above different surfaces representative for the
Arctic. The data include a snow-covered glacier field, fresh sea ice and open sea water
under clear sky and overcast conditions. The geographic position, flight altitude and
solar zenith angle 6y for which the data was measured is summarized in Table 5.1. The
albedo measured at flight altitude was extrapolated to the surface albedo using an iterative
extrapolation algorithm presented by Wendisch et al. (2004). The simulations have shown
that for the clean Arctic air with low aerosol concentrations, the low flight altitudes and
the high albedo values above snow or ice the corrections by the extrapolation can be
neglected. The results of the first iteration step ranged at albedo values within the
uncertainty of the measured albedo.

The spectral albedo p and nadir reflectance R of the four different surface types are given in
Figure 5.1. Measurements within absorption bands of atmospheric gases (HoO, COy, Os)
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Figure 5.1: Surface albedo p (a) and reflectance R (b) measured during ASTAR 2007 above
representative surfaces (c.f. Table 5.1). Wavelengths including absorption bands of atmospheric
gases (H2O, COg2, O2) were excluded from the graph. Exemplarily, for the sea ice albedo and
reflectance error bars indicate the measurement uncertainties.
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were excluded from the plot. At these wavelengths only a weak radiation signal in the
range of the signal to noise ratio is measured. This causes a high uncertainty of p
and R (cf. Section 4.1.5).

Above the snow-covered glacier and sea ice the albedo reaches the highes values close to
unity, whereas the water surfaces reflect less incoming radiation. This reveals the high
contrast of surface albedo in Arctic regions were open water and sea ice are located side
by side.

In the surface reflectance measurements which cover a wider wavelength range the ab-
sorption bands of ice with maxima at 1250 nm, 1500 nm and 2000 nm are prominent. For
wavelengths larger than 900 nm the ice and liquid water absorption increases and therefore
the reflectance values decrease. Around 1750 nm a local minima of the ice absorption re-
sults in a slightly higher reflectance. Contrarily, the reflectance above sea water is close to
zero for almost all wavelengths, except for wavelengths lower than 500 nm which indicated
the blue color of water.

According to the observed cloud (flight #5) for the radiative transfer simulations shown
in this work the surface albedo of open water and overcast condition was applied. In the
IR radiative transfer simulations the surface temperature was set to 0° C.

5.1.3 Cloud Properties

The model input for the cloud optical properties includes the volume extinction coef-
ficient bg(\tN, volumetric single-scattering albedo (@)W, the volumetric scattering phase
function (P(1))/W (solar simulations) and the volumetric asymmetry parameter (g)"/WV
(IR simulations) calculated separately for the ice mode (suffix I) and liquid water mode
(suffix W) as described in Section 3.5. The libRadtran package internally combines the
optical properties of the ice and liquid water mode applying the standard mixing formulas

(e.g., Sun and Shine, 1994):

bext = b«Iext + b\e}ztv (5.1a)
o I, 31 o W W
<&> — < > bext ;;Xf > bext (51b)
VL I (W LW w
(P)) = (@) e (73(79)26;.(«% bexs - (P(0)) | (5.1c)
@b @Y b ()Y
{9) = b O] : (5.1d)

In order to represent the anisotropic scattering phase function of cloud particles in the
solar radiative transfer simulations the Delta-M method was applied as described in Sec-
tion 3.4.2. The exact phase function was expanded into 1024 Legendre coefficients for
both ice crystals and liquid water droplets. Additional simulations have shown that the
Delta-fit method introduced in Section 3.4.3 can lead to inaccurate results. With the
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reduced number of Legendre coefficients obtained by the Delta-fit method problems occur
if the strong forward scattering peak of the scattering phase function is redistributed into
the direct solar radiation. This is an appropriate assumption considering single scattering
only. However, for multiple scattering processes this assumption can lead to an incorrect
angular distribution of the scattered radiation above cloud top and therefore alters the
simulated cloud top reflectance. As the clouds investigated within this work are optically
thick, multiple scattering processes have to be considered. Therefore, the application of
the Delta-fit method was omitted in this work.

5.2 Optical Properties of Individual Ice Crystals

The investigations take into account ice crystals of five Column A )
different shapes (sphere, aggregate, column, plate, ggregate
bullet rosette) illustrated in Figure 5.2. Results are
shown for the two extreme cases (columns, aggre-
gates) and for spherical crystals as reference. The Plate

different optical properties of the individual ice crys-

tals (extinction cross section be., single-scattering Bullet Rosette
albedo w, asymmetry parameter g and scattering Sphere

phase function P) were supplied by Yang and Liou

(1996a) and Yang et al. (2005) in the form of a digital

library (hereafter referred as PY-database). Yang and

Liou (1996a) used a combination of methods includ- Figure 5.2: Ice crystal shapes in-
ing an Improved Geometric Optics Method (IGOM) cluded in the PY-database.

to obtain the properties of the nonspherical ice crys-

tals for solar wavelengths. The data are available for 40 maximum particle dimensions
between 5 um and 1500 pm and 165 wavelengths in the range 300-2300 nm.

Yang et al. (2005) used similar methods to calculate the ice crystal properties in the
IR wavelength range between 3 um and 100 um. The look-up tables are calculated for
49 wavelengths including 45 ice crystal sizes between 2 and 10,000 pm. Single-scattering
properties of spherical ice crystals and water droplets for the same wavelengths (so-
lar and IR) and particle diameters have been obtained by Mie-theory (Bohren and Huff-
man, 1998).

5.3 Cloud Microphysical Properties

The simulations presented here are based on a stratiform cloud layer observed during
the ASTAR campaign on flight #5 (¢f. Section 4.3). The cloud was situated between
800m and 1600 m altitude above the sea surface. The in situ measurements showed
the simultaneous occurrence of ice and liquid water particles with an ice water path
of IWP = 17gm~2 and a liquid water path of LWP = 35gm~2.  The ice volume
fraction f; amounts 0.33. Effective particle diameter of DIz = 103 um for the ice crystals
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Figure 5.3: Liquid water mode NSD fitted as log-normal distribution to the FSSP measure-
ments presented in Section 4.3.1. The ice mode NSD was fitted as gamma-distribution to the
appropriate CPI measurements.

and DY = 15 um for the liquid water particles were measured. The cloud optical thickness
estimated from the in situ measurements was 7 = 8 with partial optical thicknesses of
the ice and water mode of 771 = 0.5 and 7w = 7.5. This corresponds to an ice optical
fraction f; of 0.06.

For simplification the model cloud was assumed as plan parallel, homogeneously mixed
cloud consisting of one layer. The neglect of vertical variations allows to study the effects
of the ice crystals on radiative transfer without interaction of effects resulting from the
cloud vertical structure. This issue will be addressed in detail in Section 7.

For the construction of the mixed-phase cloud two separate modes of cloud particle number
size distributions (NSDs) for liquid water droplets and ice crystals were assumed (called
water and ice mode in the subsequent text). A separate treatment of the liquid water
droplets and ice crystals enables an easy variation of ice crystal shape, ice crystal and
liquid water particle effective diameter in the radiative transfer simulations. Additionally
it allows to vary the ice volume fraction fi or ice optical fraction f;* of the mixed-phase
cloud.

5.3.1 Liquid Water Mode

The NSD of the liquid water particles obtained from FSSP measurements was fitted to
a log-normal distribution (e.g., Miles et al., 2000). The representation by a theoretical
function has the advantage to allow systematic changes of the particle properties (D,
total particle number concentration N%). The log-normal distribution is defined by the

three parameters total number concentration N, median diameter Dy} and logarithmic

ot
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Figure 5.4: Cloud top reflectance R simulated by using the measured NSD and the NSD fitted
to theoretical functions (a). In panel b the relative difference between both simulations is given.

width ¢ (with D the maximum particle dimension),

N\ W NW InD — In DW)?
d— = —9 .exp _(n n Dyr) . (5.2)
dD Vor-o-D 202

For spherical particles the median diameter Dy} is directly linked to the effective diame-
ter DY by,

DY = DY - exp E 02] . (5.3)
For the measured NSD DY = 15um, N = 3.3-10°cm™ and o = 0.35 were found.
These values agree with data collected by previous measurements summarized by Korolev
and Mazin (1993) and Miles et al. (2000). From the measurements by Korolev and
Mazin (1993) including marine mixed-phase clouds at higher latitudes DY = 16.4 um and
o = 0.19 were obtained. Miles et al. (2000) calculated mean values of DY = 19.24+4.7 um
and o = 0.38 4+ 0.13 representative for marine low-level stratiform clouds.

The log-normal distribution obtained from the fit to the FSSP measurements is given
in Figure 5.3. The fitted NSD was calculated for particle range 3-28 um covered by the
FSSP measurements. Differences to the measured NSD result mainly from the bimodal
character of the measured NSD. However, the shape of the NSD has a minor impact on
the radiative transfer which is mainly characterized by the effective diameter of the NSD
and the corresponding cloud optical thickness determined by NY.

A comparison between simulations using the measured NSDs and the NSDs fitted to
theoretical functions is given in Figure 5.4. The differences of the simulated cloud top
reflectances R range below 2 % for wavelengths smaller than 1400 nm and below 4 % in the
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range 1500-1850 nm. Larger differences up to 20 % occur where the liquid water and ice
absorption bands coincide with water vapor absorption bands (1400-1500 nm and 1850—
2200nm). These are not crucial for the investigations on the energy budget presented
here. Less than 3% of the broadband solar F'! is covered by this wavelength range which
does not significantly contribute to the solar energy budget.

5.3.2 Ice Mode

According to the water mode, the NSD of the ice crystals measured by the CPI was fitted
to a theoretical gamma-distribution (Chylek et al., 1992; Heymsfield et al., 2002) It is
specified by the three constants &, # and 4,

dNV\! : .
(EE) :ﬁw[W-m@[—ﬁ-D] (5.4)
Thereby, & characterizes the shape of the gamma-distribution. All three parameters can
be related to the total particle number concentration N, and the ice crystal effective

: I
diameter Dgg,

I — - - —_—
Nt =7 Gar1 (5.5)
Y+ 3
Dl =22 (5.6)
B

It hast to be pointed out, that the relation for D! holds only for the assumption of
spherical ice crystals. For nonspherical ice crystals Dlg was calculated using the definition
given in Eq. 4.10.

The corresponding gamma-distribution obtained from the fit to the CPI measurements
is shown in Figure 5.3. To cover the size range of the CPI the NSD was calculated
for ice crystal diameters between 5-2300 um. The best fit assuming column shaped ice
crystals was derived for & = —2.0, Dz = 103 um and N}, = 1.5-10%17!. This agrees
well with the range of ice crystal effective diameter reported by Korolev et al. (2003);
Shupe et al. (2008b). From in situ measurements in Arctic mixed-phase clouds Korolev
et al. (2003) found ice crystals in the range of Dl; = 86-151 um. The ice crystal effective
diameter retrieved by Shupe et al. (2008b) from ground based radar observations during
the M-PACE experiment ranges between 64 pm and 120 pm with a mean value of 92 pym.

5.4 Mixing of Ice and Liquid Water Mode

To analyze the solar radiative forcing of mixed-phase clouds the state of mixing and
the ice crystal shape are changed in the simulations. Different approaches on how the
variation of the state of mixing and particle shape can be realized exist (e.g., Ehrlich
et al., 2008b; Wendisch et al., 2007). The state of mixing of a mixed-phase cloud can be
defined either by the ice volume fraction f; = IWP/(IW P + LW P) or the ice optical
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fraction f;" = 7 /(7 + Tw). Both approaches follow different objectives and have different
consequences as explained below.

Variation of fi and f{

The ice volume fraction f; can be changed by scaling the concentration of the water and
ice modes such that TW P = LW P+ IW P is kept constant. This approach has its origins
in the calculation of cloud optical properties from in situ measurements of cloud micro-
physical properties. Bulk probes measure T'W P with higher accuracy then its components
LW P and IW P (Korolev et al., 1998; Korolev and Strapp, 2002). Therefore, with regard
to mixed-phase clouds the uncertainty of the calculated cloud optical properties results
from the estimated f;. Furthermore, for investigations on the cloud thermodynamics this
approach is more suitable. If a cloud has a certain amount of nucleated water (TW P)
this can be transformed by heterogeneous ice nucleation processes into ice crystals and
change the cloud optical properties. While IW P, LW P and f; changes, TW P remains
constant.

A different approach is to keep the cloud optical thickness unchanged. Therefore, the ice
optical fraction f* had been varied by fitting the ice and liquid water modes of the NSD to
appropriate values of 71 and 7w with the restriction 7 = 71+ 7w = const. This assumption
is related to radiative transfer theory where the vertical coordinate is the clouds optical
thickness. Therefore, it is more suitable to compare different clouds of the same optical
thickness. All resulting effects on the cloud forcing can be concluded directly from the
scattering and absorption properties of the ice and liquid water particles. This approach
also suites remote sensing applications where the measured signal origins from one cloud
of fixed optical thickness which otherwise may contain different amounts of ice.

The main reason for the complexity of mixing the ice and liquid water mode by f; or
fi" results from the different particle sizes with ice crystals being usually larger than
liquid water droplets. Thus for a pure ice and pure liquid water cloud of a particular
TW P less ice crystals than liquid water droplets are required to obtain the same T'W P.
Consequently, the lower particle concentration of the pure ice cloud results in a lower
cloud optical thickness 7 ~ TW P/ Deg (Slingo, 1990) compared to the pure water cloud.
With regard to mixed-phase clouds this implies that for a fixed TW P 7 decreases with
increasing f; while 77 increases at the same time.

The dependence of 7 and 71 on the ice volume fraction f; is plotted in Figure 5.5a
for TWP = 100gm~2 being fixed. The relations are displayed for different D!z =
30/90/150 um. The effective diameter of the liquid water droplets was fixed to DY =
15 um. The plot shows that the reduction of 7 is linear and larger for ice crystals of large
diameter. For D¢ = 150 um the total optical thickness drops from 21.5 for a pure liquid
water cloud to 2 for a pure ice cloud of same T'W P. That means, due to heterogenous
ice nucleation the cloud optical thickness decreases if no liquid water condensates and no
precipitation occurs.

With regard to the second approach f;, equal 7 e.g. measured by remote sensing methods
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Figure 5.5: a) Impact of ice volume fraction f; on 7 and 77 if cloud total water path is fixed
TWC = const. The relation is plotted for different Dlg = 30/90/150 ym. The effective diameter
of the liquid water droplets was fixed to Dggf = 15 pym. In b) the appropriate dependance between
ice optical fraction f;" and IWC respectively TWC'is given for fixed 7.

can result from clouds with different 7W P. The increase of TW P with increasing f;" is
shown in Figure 5.5b for a cloud of fixed 7. The plot reveals that a pure ice cloud requires
a much higher water path than a pure liquid water cloud to maintain the total cloud
optical thickness. Similar to Figure 5.5b the strongest increase of TW P is obtained for
the largest ice crystals DIz = 150 yum. Here TW P increases from 90 gm~2 to 1000 gm 2
with increasing fi".

The plots in Figure 5.5a and b imply that f; and f{" are coupled in a nonlinear way.
If TWP is kept constant an increasing f; will always cause a simultaneous reduction
of 7w and 7. Consequently f;* increases but with different factor compared to fi. The
determining factor for the relation between f; and f;* is the ratio between ice crystal and
liquid water droplet particle size D, D¥.
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Figure 5.6: Relation between f; and f; for different D1z = 30/90/150 um. The effective
diameter of the liquid water droplets was fixed to D;Yf = 15 um.
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Figure 5.7: Particle volume V' (a) and cross section A (b) in dependence of maximum particle
dimension for different ice crystal shapes (Data is taken from PY-database).

In Figure 5.6 the relation between f; and f; is plotted for fixed DY = 15 um and varying
Dl = 30/90/150 um. The plots show that the closer Dl; to DY} the more linear is the
relation between f; and f;*. Otherwise, f; changes more rapidly for small f;". This reveals
that already a low ice optical fraction e.g. f;* = 0.2 can account for a reasonable volumetric
ice fraction of f; = 0.5. This is underlined by the in situ measurements presented in
Section 4.3.1. Here an ice fraction of f{ = 0.06 and f; = 0.33 with D} = 15 um and
Dl; = 85 um was obtained.

Variation of Ice Crystal Shape

In the same way the variation of ice crystal shape is influenced by the different cross
section and volume of different ice crystal habits. While spheres have the maximum
volume and maximum geometric cross section for a given particle maximum dimension
Vs(D) = 7/6-D?, Ag(D) = 7/4-D?, nonspherical ice crystals have always a smaller volume
V(D) < V5(D) and a smaller geometric cross section A(D) < Ag(D). In this consideration
the particle diameter of nonsperical ice crystals is determined by the maximum dimension
of the ice crystals as registered by the CPI measurements.

The relation between D and V', A for exemplary crystal shapes taken from the PY-database
is shown in Figure 5.7. It has to be pointed out, that these depend on the assumptions
made in the PY-database on the aspect ratio of the crystals. Nevertheless, the plots re-
veal that for small particle dimension D < 400 um column shaped ice crystals and plates
have volumes closer to Vg than aggregates. While for large particles aggregates have the
highest particle volume of all nonspherical crystal shapes. The same is obtained for the
particle cross section with plates and columns having a cross section close to Ag for small
particle diameters. Aggregates have much lower cross sections than Ag, but exhibit the
largest A of all nonspherical ice crystals for large particle diameters.

Similar to the two approaches f; and f;" used to vary the state of mixing in mixed-phase
clouds two different approaches keeping 7 or TW P fixed were applied to change the
ice crystal shape. For 7 = const replacing spherical ice crystals with nonspherical ice
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crystals will increase TW P. If TW P is kept constant replacing spherical ice crystals with
nonspherical ice crystals will decrease 7.

A third approach based on in situ measurements of ice crystal NSD is applied (Ehrlich
et al., 2008b). Usually the NSD or Ny, is measured without quantitative information
about the ice crystal shape of individual particles. Therefore, calculating cloud optical
properties from the measurements requires an assumption on the particle shape (e.g.,
Wyser, 1999; Zhang et al., 1999; Wendisch et al., 2005). In this third approach the
NSD and Ny is fixed while the ice crystal shape is varied. Consequently both 71 and
IW P changes with ice crystal shape. Replacing spherical ice crystals with nonspherical
ice crystals will decrease 77 and f;" due to the reduction of particle cross section and
simultaneously decrease IW P, f; due to the reduction of particle volume.

In this work all simulations will be performed with the approaches to retain 7 or TW P
unchanged. Simulations using fixed particle number concentrations (NSD) are published
by Ehrlich et al. (2008b) who investigated the effect of different ice crystal shape on the
radiative properties of mixed-phase clouds. It was found that the cloud layer reflectance
changes less than 0.04 if the ice crystal shape was varied by this approach. Therefore, the
approach keeping the NSD fixed is omitted in the following investigations.

5.5 Cloud Radiative Forcing

The cloud radiative forcing at an altitude z is defined as the difference between the net
irradiance obtained when a cloud is present and the net irradiance simulated for clear sky
conditions.

Fa(z) = [FHz) = F'(2)]

— [Fi(z) = F'(2)] (5.7)

cloud clear

Positive values correspond to a radiation gain (mostly resulting in a warming), negative
values to an energy loss (cooling) of the atmosphere/Earth below the altitude z. To
analyze the results the total radiative forcing Fa(z) is divided into the radiative forcing
of the solar F¥'(z) and the IR wavelength range Fit(z). The cloud solar and infrared
radiative forcing was calculated for the mixed-phase clouds introduced above using the
approach f; and f;. For varying f; the total water path was fixed to TW P = 100 gm ™2,
while for varying f;* the cloud optical thickness was set to 7 = 20.

5.5.1 Solar Radiative Forcing

The solar radiative forcing F5°! at the surface (z = 0) below the cloud layer and at
the top of the atmosphere (z = TOA) is shown in Figure 5.8a in dependence of f; for
clouds of various Dls. Generally, due to the reflection of radiation by the cloud layer
the solar radiation reaching the surface is reduced and the amount of radiation escaping
at the TOA increases. Therefore, F3°! is negative at the surface and the TOA which
corresponds to a cooling of the surface/atmosphere (solar cooling). The values of F3°!
range between —240 Wm? and -110 Wm? at the surface and between -220 W m? and
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Figure 5.8: Solar radiative forcing ]-"SAOI of mixed-phase clouds calculated for the top of
the atmosphere (TOA) and the surface. The state of mixing was varied using a) fi with
TWP = 100gm~2 and b) fi with 7 =20. The results are given for three different ice crys-
tal effective diameter Dl; = 30/90/150 pm.

—90Wm? at the TOA. For the pure liquid water cloud the maximal solar cooling was
obtained with -240 Wm? at the surface and -220 Wm? at the TOA. For all three ice
crystal effective diameters the solar cooling of the cloud decreases (increase of F3!) with
increasing ice volume fraction f;. This is mainly caused by the varying cloud optical
thickness 7 which decreases with increasing f; as discussed in Section 5.4. The lower the
cloud optical thickness the less solar radiation is reflected by the cloud layer and the lower
is the solar cooling due to the cloud. These results imply that the phase transition of
liquid water droplets to ice crystals reduces the solar cooling by the cloud if the TW P is
kept constant.

In the same way the growth of ice crystals to larger diameters reduces the solar cooling by
the cloud essentially. As shown in Figure 5.5 the ice crystal effective diameter influences
the dependence of 7 on f;. Consequently, also the solar radiative forcing of the cloud is
affected by Dl; as revealed by the three curves representing different ice crystals sizes
in Figure 5.8a. The decrease of the solar cooling (increase of F¥') with increasing fi
is more significant if large ice crystals are present. The solar radiative forcing of the
pure ice clouds range between -210 W m? and -115 W m? for the different Dl; used in the
simulations.

If the cloud optical thickness is kept constant the variation of the cloud solar radiative
forcing with ice optical fraction f;* is reduced. At the surface the solar cooling by the clouds
slightly increases with increasing f; from -235 Wm? to -250 Wm?2. As the cloud optical
thickness is unchanged the differences result from either the single scattering albedo or
the scattering phase function of the cloud particles. For the solar zenith angle used in the
simulations (fy = 71°) the sideward scattering of the scattering phase function (¢ = 109°)
characterizes the reflection of solar radiation for all single scattering processes. As shown
in Figure 3.4 ice crystals lead to higher sideward scattering than liquid water droplets.
Therefore, an increasing f;* results in a higher reflection of direct solar radiation at the
cloud top and consequently in an increased solar cooling by the cloud.
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At the TOA F! ranges between -230 W m? and -210 W m? and shows a different behavior
for the three Dlg used in the simulations. For small ice crystals Dy = 30 um the solar
cooling increases about 10 W m? with increasing f; while the simulations using large ice
crystals DIz = 150 um show an decrease of the solar cooling by the cloud of 10 W m?.
This pattern is caused by the absorption of solar radiation within the cloud layer which is
equivalent to the difference between the solar radiative forcing at the TOA and the solar
radiative forcing at the surface (hereafter labeled with S).

The total irradiance absorbed within the atmosphere obtained for the simulations with
cloud F} cioua and the total absorbed irradiance for clear sky conditions F cear are calcu-
lated using Eq. 3.15 by,

FA,Cloud = [Fl (TOA) - 17T (TOA)]
Fydear = [FHTOA) — FI(TOA)]

B [FL(S) o FT(S)}cloud’
—[FYS) = F'(9)] .- (5.8b)

clear

—~
ot
Qo

N—

cloud

clear

The difference between simulations with and without cloud gives the amount of radiation
F c1, absorbed in the cloud layer (hereafter labeled with CL),

Facr = Facoud — FA clear- (5.9)

Inserting Eqgs. 5.8a and 5.8b and using the definition of the radiative forcing given in
Eq. 5.7, FacL can be calculated by the difference of the solar radiative forcing at the
TOA and the surface,

Faor = FA(TOA) — Fa(S). (5.10)

Accordingly the absorbed solar irradiance Fi cr, can be read from Figure 5.8b as the
difference of the corresponding plots of Fa(T'OA) and Fa(S). Figure 5.8b shows that the
absorption depends on the particle effective diameter and ranges between 15 W m? and
40 W m?. As discussed in Section 3.3 larger particles have a lower single scattering albedo
and absorb more solar radiation.

The minimum values of Fi 1, are obtained for the pure liquid water cloud; the maximum
values for the pure ice cloud with maximum ice crystal effective diameter Dl = 150 ym.
For a small difference of the particle size between liquid water droplet and ice crystal
effective diameter, the simulations using D!tz = 30 um obtain a cloud absorption almost
constant with ice optical fraction f;". Therefore, the pattern of the radiative forcing at
the TOA FA(TOA) shows a slight decrease equal to the increase of solar cooling at the
surface caused by the enhanced sideward scattering of the ice crystals. If the ice particles
are larger and consequently the cloud absorption is higher, the sideward scattering effect
is compensated (Dl = 90 um) or exceeded (D!z = 150 um).

For the simulations with fixed TW P the cloud absorption is almost constant at about
15Wm?. The effect of different D! on the cloud optical thickness balances the increase
of absorption with increasing Dlg.
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Figure 5.9: IR radiative forcing ]-'IAR of mixed-phase clouds calculated for the top of the atmo-
sphere (TOA) and the surface. The state of mixing was varied using a) f; with TW P = 100 g m 2
and b) ff with 7 =20. The results are given for three different ice crystal effective diameter
Dl; =30/90/150 pm.

5.5.2 IR and Total Radiative Forcing

The radiative transfer simulations in the IR wavelength range have shown that the IR
forcing of the clouds is almost independent of the cloud properties (7, Dlg, fi, fi) as
illustrated in Figure 5.9. The clouds absorb and emit the IR radiation as a back body.
Therefore, the IR forcing of the clouds is mainly characterized by the cloud temperature
which was —17° C at the cloud bottom and —20° C at the cloud top in the simulations.
As the temperature in the cloud layer is generally higher than the average temperature
of the atmosphere above, the clouds lead to a warming of the surface (IR warming). The
whole atmosphere is also warmed by the clouds due to the lower emission of IR radiation
into the space which is reduced by the lower temperature of the cloud layer compared to
the surface temperature of —15° C.

In the radiative transfer simulations an IR warming of 81 Wm? was obtained at the
surface. For the TOA the IR warming is reduced to 33 W m? due to the slightly lower
temperature at cloud top compared to cloud bottom and due to gaseous absorption in
the atmosphere above the cloud top where temperatures decrease with altitude.

The only deviation from these characteristics is obtained for the pure ice clouds con-
structed with constant TW P and with large ice crystals (Dlz = 90-150 um). For clouds
with fi = 1.0 the optical thickness decreases below 5 for which the IR radiation is not
absorbed completely by the clouds. In these cases the IR warming is reduced by 10 W m?
at the surface and 5 W m? at the TOA.

Generally, the warming effect of the cloud IR forcing is lower than the cooling effect of the
cloud solar forcing. Therefore, the total radiative forcing off all clouds investigated here
is negative corresponding to a cooling of the Earth’s atmosphere. As the IR forcing of the
clouds is almost unaffected by the cloud optical properties, the pattern of the total cloud
radiative forcing results mainly from the solar radiative forcing with a constant offset
given by the IR forcing. Minimum values of the total radiative forcing at the surface are
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2 and maximum values for pure

obtained for the pure liquid water clouds with -160 W m
ice clouds (f; = 1.0, Dz = 150 pm) with -45 W m?.

The strong cooling effect calculated for the ABM clouds presented here differs from in-
vestigations presented in literature (e.g., Schweiger and Key, 1994; Curry et al., 1996;
Minnett, 1999; Intrieri et al., 2002; Dong and Mace, 2003; Shupe and Intrieri, 2004). For
the Arctic ocean area Schweiger and Key (1994) derived a monthly averaged energy bud-
get. For April they found a cloud solar radiative forcing of F5' = —34Wm? and IR
forcing of FA&t = 59 Wm? at the surface. The total forcing amounts to Fa = 25 W m?
corresponding to warming of the surface. Similar values for stratus clouds were calcu-
lated by Dong and Mace (2003) from ground based measurements near Barrow, Alaska
(Fl = —28Wm?, FA = 40Wm?, Fa = 12Wm?). These results significantly differ
from the surface cooling (up to -160 W m?) dominated by a strong solar radiative forcing
(up to -250 W m?) obtained for the clouds presented in this work.

Both studies showed that the cloud solar radiative forcing strongly depends on the sur-
face albedo and the solar zenith angle. In this regard the situation investigated in this
work is an extreme case with a low surface albedo and a high position of the Sun. The
measurements presented by Dong and Mace (2003) have been obtained above a snow
covered surface (p = 0.9), while Schweiger and Key (1994) integrated their data for the
Arctic ocean partly covered with sea ice. A high surface albedo strongly increases the
reflected radiation in cloud free conditions compared to the dark ocean. Thus the cloud
solar radiative cooling calculated in these studies is reduced compared to clouds above
open sea presented here.

Furthermore, the monthly average reduces the cloud solar radiative forcing as it includes
periods with darkness. In these cases the warming effect of the clouds by IR radiative
forcing dominates the total cloud energy budget.

5.6 Impact of Ice Crystals Shape on Cloud Optical Properties

The impact of the ice crystal shape on the broadband cloud layer optical properties (re-
flectance, transmittance and absorptance) of ABM clouds was quantified. The broadband
solar radiative transfer simulations were based on one-year cloud measurements with radar
and microwave radiometer performed by Shupe et al. (2005, 2006) These data revealed
microphysical properties of ABM clouds similar to the measurements obtained during
ASTAR 2007 presented in Section 4.3.1. The detailed description of the study is pub-
lished by Ehrlich et al. (2008b). In the following the major results contributing to the
investigation of this work will be presented.

The radiative transfer simulations have been performed for mixed-phase clouds of different
ice volume fractions fi keeping the total water path fixed at TW P = 103gm~2. The ice
crystal shape is varied between columns, plates, bullet rosettes and aggregates keeping
the ice water path IW P, f; and the mean particle diameter D! unchanged. Therefore,
the variation of the ice crystal shape results only in a variation of N\, keeping the shape
of the NSD unchanged. The corresponding D.g of the NSD vary with ice crystal shape
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Table 5.2: Mean and effective particle diameter DL, Dl. of the ice crystal NSD assuming
different ice crystal shapes. For the liquid water droplet NSD DW, D;’;ff is given.

Dy Dg Dy, Deg
Sphere Column Aggregate
13.3 14.3 27.0 81.0 81.0 58.0
93.0  279.0 192.0 262.0

and are given in Table 5.2.

As a reference, simulations assuming spherical ice crystals are used. The calculated cloud
layer reflectance R, transmittance 7 and absorptance A assuming a solar zenith angle of
60° are plotted in Figure 5.10 as a function of fi.

Only the results for columns, aggregates and spheres are shown because the cloud optical
properties obtained for aggregates show the largest and for columns the smallest deviation
to spherical ice crystals. The results for plates and bullet rosettes range between these
two extreme cases.

In Figure 5.10a and 5.10c the results are shown for simulations assuming large ice crystals
with a mean diameter of D! = 93 um and liquid water droplets of DY = 13.3 um.
For the simulations shown in Figure 5.10b and 5.10d the ice crystal mean diameter was
reduced to D! = 27 um. In general, R decreases and 7 increases with increasing ice
volume fraction f; while A remains almost unchanged at 0.06. This is consistent with
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Figure 5.10: Comparison of the calculated broadband cloud layer reflectance, transmittance
and absorptance for mixed-phase clouds of (a) DY = 13.3um/Dl = 93um; (b) DY =
13.3um/D! = 27pum. The results are given for the ice crystal shapes sphere, column and
aggregate.
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the decrease of the solar cooling of mixed-phase clouds with increasing f; as discussed in
Section 5.5.

There is no significant impact of the ice crystal shape on the cloud optical properties
for the mixed-phase cloud with large ice crystals DL = 93 um (Figure 5.10a and 5.10c).
In this case the water mode determines the cloud radiative properties due to the high
difference in the ice and water particle number concentration which is caused by the large
difference in the particle diameters of ice crystals and liquid water droplets. Also for the
pure ice cloud (f; = 1.0) the low ice optical thickness yields no significant shape effect.
However, for the case assuming smaller ice crystals DL = 27 yum the ice crystals become
more relevant for the cloud radiative properties (Figure 5.5b and 5.5d). Here R and 7
calculated for the different ice crystal shapes start to diverge for ice volume fractions
fi > 0.5. For fi = 0.9 the cloud reflectance ranges from 0.29 to 0.44 and transmittance
from 0.55 to 0.79. The cloud absorptance does not exhibit some dependence on the
assumed ice crystal shape over the entire range of fi.

As shown by the comparison of the two simulated cases (D! = 27 ym and D! = 93 ym)
the mean particle dimension of the ice crystals defines the magnitude of the impact of ice
crystal shapes on the cloud optical properties. The ratio between the mean ice crystal
and liquid water droplet diameter mainly controls the fractional ice optical thickness and
therefore the radiative impact of the ice crystal shape.

The different magnitudes of the simulated effects for columns and aggregates are caused
by the consideration of the particle volumes when [W P is kept constant as discussed
in Section 5.4. An increase of fi is related to an decrease of 7. As the particle volume
of columns is closer to the particle volume of spheres with the same maximum diameter
than the particle volume of aggregates, the cloud optical properties assuming columns
are closer to the results obtained with spherical ice crystals than the simulations using
aggregates.

5.7 Spectral Cloud Top Reflectance

Considering a mixed-phase cloud with fixed cloud optical thickness the simulations pre-
sented in Section 5.5 have shown, that the variation of the cloud solar radiative forcing is
not larger than 15 W m? if the ice optical fraction f; is changed. That means the broad-
band solar irradiance has only a slight sensitivity with regard to f;". However, for the
remote sensing of cloud properties the spectral information of the reflected solar radiation
is used utilizing the spectral cloud top reflectance R. In Figure 5.11 R for nadir viewing
geometry and the cloud albedo p is plotted for different ice optical fractions f;". The data
is obtained from simulations identical to the solar radiative forcing calculations (7 = 20,
DY =15 um, D1z = 90 ym).

For different f; the spectral reflectance shows a variability of up to 40 % which is higher
than the variability of the cloud solar radiative forcing (7 %, cf. Figure 5.8). Two different
mechanisms cause the wavelength dependent variation of R. In the wavelength range
between 300 nm and 1300nm R increases with increasing f;. In this wavelength range
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Figure 5.11: Cloud top reflectance R (a) and albedo p (b) simulated for clouds of various ff
(1 = 20, Dgf = 15 pm, Déff = 90 um). The wavelength ranges with enhanced liquid water and
ice absorption are highlighted gray.

scattering processes characterized by the scattering phase function define the radiative
transfer while the absorption of solar radiation by cloud particles is weak. As shown by
Figure 3.4 the scattering phase function has higher values for ice crystals than for liquid
water droplets at the scattering angles being of interest here (¢ = 109°). Consequently
the solar radiation reflected at cloud top into nadir direction is enhanced if f{* increases.
With regard to remote sensing applications which utilize R at VIS wavelengths to retrieve
the cloud optical thickness this infers that a cloud of similar optical thickness can cause
different values of R depending on their thermodynamic phase. This implies serious
uncertainties for the remote sensing of cloud properties from R as described by Lee et al.
(2006). They found that dependent on the assumed cloud thermodynamic phase the same
cloud can be interpreted as pure ice cloud with 7 = 10 or liquid water cloud with 7 = 16.
To avoid this ambiguity, a phase discrimination has to be conducted before common cloud
retrieval algorithms are applied.

The cloud albedo p is less affected by the different scattering phase functions of the cloud
particles. F! used to calculated p integrates the radiation reflected by the cloud top
over the lower hemisphere. Therefore, the information on the scattering phase function
is lost. Figure 5.11b shows that p does not vary with increasing f;* for wavelengths
up to 1400 nm.

Information on the cloud thermodynamic phase is given in the wavelength range of R and
p where ice and liquid water absorption is enhanced. These wavelengths ranging between
1450-1800nm and 1900-2150nm are highlighted gray in Figure 5.11. The plot shows
that in this wavelength range, contrary to the shorter wavelengths, R and p decrease with
increasing ice optical fraction f;". This is caused by the enhanced absorption of the ice
crystals (Dlz = 90 um) which are larger than the liquid water droplets (DY = 15 jum)
used in these simulations and consequently have a lower single scattering albedo (higher
absorption) as discussed in Section 3.3. For higher f;* the absorption maximum of the ice
crystals is clearly identified at A = 1500nm and A = 2000 nm where R and p have local
minima.
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6 Remote Sensing of Cloud Thermodynamic Phase

The spectral cloud top reflectance varies for clouds with different ice fraction. The char-
acteristics of the reflectance spectra were utilized in three different approaches to retrieve
the cloud thermodynamic phase (pure liquid, mixed-phase and pure ice cloud) from the
SMART-Albedometer measurements. A known two-wavelengths approach (Section 6.1)
and a principle component analysis (Section 6.2) was applied. A third approach used the
combined albedo and reflectance measurements to obtain information on the cloud phase
(Section 6.3). Parts of these investigations have been published in Ehrlich et al. (2008a).
To evaluate the sensitivity of the cloud phase retrieval radiative transfer simulations have
been performed for pre-defined pure ice and pure liquid water boundary-layer clouds of
various optical thickness 7 and effective diameter D.g listed in Table 6.1. The simulations
are based on the cloud presented in Section 5.3 using the same general input for the
radiative transfer model as described in Section 5.1. For liquid water clouds the effective
diameter was varied corresponding to the range reported by Miles et al. (2000) for marine
stratocumulus clouds. The ice clouds are modeled for the range of effective diameter
observed during ASTAR 2007. Corresponding the flight altitude of the POLAR 2 during
the remote sensing of the investigated clouds the spectral cloud top reflectance and albedo
are simulated for 1800 m altitude.

6.1 Spectral Slope Ice Index Ig

The spectral slope of the cloud top reflectance between 1640 nm and 1700 nm wavelength
was used to identify the cloud phase with the Airborne Visible and Infrared Imaging
Spectrometer (AVIRIS) by Knap et al. (2002). The dimensionless ice index, defined as

Rizoo — R
[Erap — 10 7100 ), (6.1)

Rig40
vanishes for pure liquid water clouds and reaches values of up to 30 for pure ice clouds.
For SCTAMACHY Acarreta et al. (2004) have increased the wavelength range used to
determine the spectral slope to 1550-1670 nm. The spectral slope is calculated by linear
regression excluding the absorption bands of CO5 (1560-1580 nm and 1595-1610 nm). Ice
indices calculated this way range between 10 for liquid water clouds and 50 for ice clouds.
The wavelength range used by Acarreta et al. (2004) was limited to 1670 nm due to
technical characteristics of SCIAMACHY with a change of the spectral resolution at
1670 nm. For our measurements with the SMART-Albedometer the definition of ice index

Table 6.1: Cloud optical thickness 7 and effective particle diameter D(yf\_]f, Déﬁ used in the
radiative transfer simulations.
T Dyl [pm] Dy [pm]
2/ 4/ 6/ 8/10 8/10/14/20/26 30/60/90/120/150
12/14/16/18/20
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Table 6.2: Ice indices Is, Ip and I calculated for the observed clouds presented in Section
4.3.3.

Liquid Water Mixed-Phase Ice

Ig 8.8 29.8 27.0
Ip 0.1 2.3 2.0
I * 1.16 1.36

Is is extended to the wavelength range between A\, = 1550 nm and A\, = 1700 nm,

Is

100 {dR (6.2)

B R1640 d)\:| Aa,As)

This is the maximum wavelength range where water vapor absorption does not contribute
significantly to the measured signal. To reduce the impact of noise from the individual
wavelength channels the slope of R was calculated by linear regression.

The ice indices Ig calculated from the three cloud cases presented in Section 4.3.3 are
given in Table 6.2. The values range from 8.8 for the liquid water cloud to 57 for the ice
cloud with the mixed-phase cloud in between. These significant differences in Ig confirm
that the three observed clouds (pure ice, pure liquid water and mixed-phase) can be
distinguished with this method. Ig calculated from the simulated ice and liquid water
clouds is shown in Figure 6.1. Typical values for liquid water clouds range between Ig = 5
and Is = 15. Ice clouds show a higher variability of Is with values of up to 80.
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Figure 6.1: Spectral slope ice index Ig calculated from simulations of pure ice clouds (red) and
pure liquid water clouds (blue). The different D.g are marked by different symbols, plus (Deg =
30/8 pm), cross (Deg = 60/12 pum), star (Deg = 90/16 pm), diamond (Deg = 120/20 pm), square
(Degr = 150/26 pum).
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Figure 6.2: Component weightings 71 and yw for the calculation of the principle components
PCt and PCywy (solid lines). Dashed lines represent the imaginary part 7n; of refractive index for
ice and liquid water published by Warren and Brandt (2008) and Wieliczka et al. (1989).

6.2 Principle Component Analysis (PCA) Ice Index Ip

Principle component analysis (PCA) provides a powerful tool to understand the variations
in a multivariate data set (Pearson, 1901). The transformation of the original data into
a set of principle components compresses the information given by the multivariate data
to a few principle components. Analyzing spectral atmospheric radiation measurements
the principle components are correlated with physical processes like molecular scattering,
trace gas absorption or aerosol interaction (Rabbette and Pilewskie, 2001). In this work
PCA was utilized to extract the ice and liquid water absorption signature in measurements
and simulations of the spectral cloud top reflectance.

PCA was applied separately to the pure ice and pure liquid water boundary-layer clouds
introduced above. For each phase a set of 50 different clouds was taken into account for
the PCA (¢f. Table 6.1). The simulated cloud top reflectance was normalized by the
reflectance at 860 nm wavelength Rggg to eliminate the impact of cloud optical thickness.
To focus on the ice and liquid water absorption signature only, the wavelength range
between A = 1500 nm and Ay = 1800 nm was considered for the calculations.

The PCA was performed with an Interactive Data Language (IDL) procedure pca.pro
developed by Freedman and Landsman (1993). It performs PCA according to the method
described by Murtagh and Heck (1987) and provides the component weightings ~;(\) of
the principle components PC;. Finally, PC; are calculated by applying ~;(\) to the
spectral cloud top reflectance,

PC; = i%(x).% i=1...N, (6.3)

A=A
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with ¢ defining the order of the principle component and N the number of wavelength
channels used in the analysis.

Due to the normalization by Rggy the remaining variance of the data will mainly result
from changes in the absorption of the particles which are due to the variation of their
effective diameter. Consequently the calculations show that the first principle component
derived from the pure liquid water cloud simulations is related to liquid water absorption
(hereafter called PCy). The contribution of R at individual wavelengths to PCly is given
by the component weightings yw shown in Figure 6.2. The minimum weight occurs in
the wavelengths between 1600 nm and 1700 nm where liquid water absorption is weak as
indicated by the imaginary part 7; of the refractive index (dashed line).

In the same way the first principle component from the pure ice cloud simulations (here-
after called PCy) is correlated with ice absorption and has the maximum component
weighting v at wavelengths around 1550 nm. In order to utilize PCw and PC} for cloud
phase identification, a so called PCA ice index Ip is defined as,

PC;
Ip = —0.94 ) - 100. 4
P (PCW 09) 00 (6.4)

The offset of 0.94 has been determined arbitrarily in order to obtain values close to zero
for liquid water clouds. For the observed liquid water cloud presented in Section 4.3.3,
Ip = 0.1 was calculated.

Values for all three observed clouds are given in Table 6.2. The results of the analysis of
the simulated liquid water clouds shown in Figure 6.3 reveal typical values of Ip = 0-1.
For ice clouds Ip ranges from values of 1 up to 8 clearly capable of being distinguished
from liquid water clouds. Therefore, Ip is a useful criterium to distinguish ice and liquid
water clouds.
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Figure 6.3: Same as Figure 6.1 for the PCA ice index Ip.
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6.3 Anisotropy Ice Index I

In general clouds act as non-lambertian re-
flectors as illustrated in Figure 6.4. The
]T A radiance field reflected from cloud top is
essentially affected by the anisotropic scat-

A
Y~
<IOI> tering phase function of the cloud particles.
/ pVA Representative scattering phase functions

for spherical liquid water particles and ice
crystals of column, plate and aggregate
shape are illustrated in Figure 6.5.

This information was used by Chepfer
Cloud et al. (2002) to retrieve the ice crystal
shape from dual satellite measurements at

Figure 6.4: Tllustration of single scattering pro-

a wavelength of 650nm. From the differ-

cesses at cloud top. The white area indicates ences in the radiation scattered close to the

the scattering phase function of liquid water backscatter angle of 180° and those scat-

droplets. tered into viewing angles between 60° and
150° particle phase and shape can be dis-
tinguished. A similar retrieval of particle phase and shape was applied by McFarlane
et al. (2005) to measurements of the Multiangle Imaging Spectroradiometer (MISR) us-
ing the nine different viewing angles of the instrument. By minimizing the differences
between measured and simulated reflectances they were able to calculate an ice index. It
was shown that the highest differences between droplets and crystals occur at scattering
angles between 70° and 130°. Both studies emphasize that the retrieved properties are
representative only for particles near cloud top.

The configuration of the SMART-Albedometer operating under conditions of low Sun

allows for a similar retrieval of the cloud phase using simultaneous albedo and nadir re-
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Figure 6.5: Scattering phase function of different individual cloud particles at 640 nm wave-
length. The diameter of the liquid water sphere is 16 um. All ice crystals have a maximum
dimension of 55 pm.
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flectance measurements. ~ With the high solar zenith angles (70° to 85°) during
ASTAR 2007, the nadir reflectance measurements correspond to sideward scattering by
the cloud particles with scattering angles of 95° to 110° assuming single scattering as
being predominant. As indicated by the grey area in Figure 6.5 these scattering angles
provide substantially enhanced scattering by nonspherical particles compared to spherical
particles.

This increases the upwelling radiance and cloud top reflectance which is confirmed by
simulations for 6, = 71° presented in Figure 5.11. The pure ice cloud shows higher R
at wavelengths up to 1300 nm than the simulations for the pure liquid water cloud. On
the other hand, the upwelling irradiance and consequently the albedo p (¢f. Eq. 3.12)
includes information from all scattering angles and is less dependent on the scattering
phase function. This was illustrated in Figure 4.21 by comparison of R and p measured
above the mixed-phase and pure ice clouds observed during flight # 5. Both clouds have
been observed for 6y = 71° and had a comparable optical thickness of 12. The measure-
ments show, that the difference between R and p is smaller for the ice cloud than for the
mixed-phase cloud, where liquid water was found at cloud top.

Based on these findings, the ratio of cloud top reflectance and albedo (3 at 645 nm wave-
length is suggested as an indicator of the anisotropy of the radiation field reflected at
cloud top,

_ Reus

P645

b

(6.5)

For the geometry presented here with 6, = 71°, (3 is always lower than 1 whereby non-
spherical particles give a higher ; than spherical particles. f; = 1 would mean that the
radiation is reflected isotropically, i.e., p = R.

With increasing cloud optical thickness both p and R increase with a stronger increase
for R. Increased multiple scattering diminishes the information of the scattering phase
function and leads to more isotropically reflected radiation. That is why also (i increases
with cloud optical thickness. This relation is plotted in Figure 6.6 using Rgs5 as a measure
of cloud optical thickness on the abscissa. The data result from the simulations of pure
liquid water clouds and pure ice clouds presented above. Both liquid water and ice clouds
show a distinct relation between 3; and Rgys, with the isotropy of the reflected radiation
being significantly higher above ice clouds than above liquid water clouds of the same
Rgy5. These differences are utilized to identify the cloud phase.

Therefore, J; has been parameterized for the simulated liquid water clouds as function of
Rg45 by the polynomial fit shown as a blue solid line in Figure 6.6. This parametrization
is valid for the assumed geometry (6, nadir view, flight altitude) and the entire variety
of liquid water clouds (7, Deg) provided by the simulation. This leads to the definition
of the anisotropy ice index I as the deviation of the measured G{"* from the [F;"t"
parameterized for liquid water clouds. I, is calculated as the ratio

Iy =S —. 6.6
ﬁfvater ( )
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Figure 6.6: Simulated (; for pure liquid water clouds and pure ice clouds (column-shaped
crystals) of different optical thickness (7 = 2-20) and effective diameter (8-26 pm for liquid
water and 10-100 um for ice clouds). The polynomial fit for the liquid water cloud is overlaid
as a solid line (7% = 0.15 + 1.32 - R — 0.67 - R? 4+ 0.01 - R3).

Therefore, G is obtained from the polynomial fit using the measured value of REZ*.

Using Rg)%* incorporates indirectly the cloud optical thickness and reduces their impact
on I5. From the definition of I, it follows that I, = 1 for pure liquid water clouds and
I5 > 1 for pure ice clouds.

The results for the observed pure ice cloud and mixed-phase cloud presented in Section
4.3.3 are given in Table 6.2. Both values differ significantly from unity. For the pure
liquid water cloud it was not possible to calculate Iy. This cloud had a small horizontal
extension. The measured albedo was substantially affected by the dark water surface
visible apart the cloud.

Typical values for water clouds obtained from the simulated clouds are shown in Figure 6.7
and range between I, = 0.98 and I4, = 1.03. Ice clouds give higher values of I, > 1.06

separated distinctly from the results for liquid water clouds.

6.4 Sensitivity Studies

The cloud top reflectance is affected not only by the cloud thermodynamic phase but
also by other cloud optical properties (cloud optical thickness and cloud particle effective
diameter). In order to reduce their impact on the cloud phase retrieval different normal-
izations of R are applied before calculating the ice indices. Nevertheless, it is impossible
to overcome these influences completely.

Acarreta et al. (2004) have shown for their ice index (which is similar to the spectral
slope ice index Ig) that the values for ice clouds may vary by a factor of up to 3 between
clouds of small effective diameter/low cloud optical thickness and clouds of large effective
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Figure 6.7: Same as Figure 6.1 for the anisotropy ice index I,.

diameter /high cloud optical thickness. Changes in the solar zenith angle have been found
to be less important for the simulated ice indices. Especially for optically thin clouds
the surface properties have an impact on the ice indices. The surface albedo is crucial
for the VIS wavelength used to calculate the anisotropy ice index I,. Absorption by
liquid water, snow or sea ice may affect the spectral slope ice index I and the PCA ice
index Ip. In order to reduce the complexity this study concentrates on the conditions
during ASTAR 2007 with an open sea surface.

In the following the impact of cloud optical thickness and particle effective diameter on
the ambiguity to discriminate pure ice and pure liquid water clouds by the ice indices is
discussed (Subsection 6.4.1). Subsection 6.4.2 presents investigations of the sensitivity of
the ice indices on the vertical structure of ABM clouds.

6.4.1 Cloud Optical Properties

The ice indices Is, Ip and I calculated from the simulations of pure ice and liquid water
clouds of different 7 and D.g are shown in Figure 6.1, 6.3 and 6.7. The plots reveal that
the ice indices are almost insensitive to Deg and 7 for pure liquid water clouds. The
values vary only slightly with D.g and 7. The spectral slope ice index Ig and the PCA
ice index Ip show almost no variation with 7. On the other hand, the ice indices of the
pure ice clouds spread over a wide range. Most significant is the decrease of Ig and Ip
with decreasing D.g. Especially for optically thin ice clouds Ig can reach values of pure
liquid water clouds with high optical thickness. A slight improvement is given by Ip.
Here none of the ice clouds give values as low as the simulated liquid water clouds. The
discrimination of pure ice and pure liquid water clouds is almost unambiguous.

With regard to an identification of mixed-phase clouds a priori knowledge of D.g and 7 is
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needed. The ice indices obtained for a mixed-phase cloud range between a minimum value
given by a liquid water cloud and a maximum given by an ice cloud with D.g and 7 equal
to the values of the mixed-phase cloud (not shown here). If Dqg, 7 and accordingly the
maximum values of Is and Ip are not known, the ice indices obtained for the mixed-phase
cloud may indicate a pure ice cloud with smaller D.g or smaller 7.

Most robust with regard to the cloud optical properties of ice crystals is the anisotropy
ice index I5. Figure 6.7 shows that values for ice and liquid water clouds differ for all
simulations. Therefore, I5 is most suitable (in theory) for discriminating ice and liquid
water clouds in the setting of the present sensitivity study. It has to be pointed out
that theoretically I, is exactly 1 for the liquid water clouds as the data shown here are
simulations equal to the simulations used to parameterize 5. The deviation from 1
results from slight differences between data points of G7"*°" and its parametrization (cf.
Figure 6.6).

6.4.2 Vertical Distribution

Generally, the definition of a mixed-phase cloud is that ice and liquid water particles
coexist in a certain cloud volume. For radiative transfer simulations there are different
options to realize this mixture, either as a homogeneous mixed single-layer cloud or as
a multi-layer cloud with distinct pure ice and liquid water layers. From the in situ
measurements presented in Section 4.3.1 it follows that ABM clouds typically consist
of two layers with liquid water droplets at cloud top and precipitating ice below. This
sensitivity study focus on the ability to identify such mixed-phase clouds and how the
layering affects the cloud phase retrieval.

Radiative transfer simulations have been performed based on the microphysical measure-
ments (flight #5), presented in Section 4.3.1. The cloud optical properties were fixed at
7 =15, DY = 15 um for liquid water particles and D!z = 85 um for ice particles. The
cloud was divided into 10 sublayers with a homogeneous liquid water mode of 7w = 1.5
for each layer. One ice layer (1 = 1.5) was added and shifted from cloud top to cloud
bottom. For each simulation the ice indices Ig, Ip and I5 were calculated. The results
are given in Table 6.3.

Table 6.3: Ig, Ip, and Is of mixed-phase clouds (rw = 13.5, 71 = 1.5) for different positions
of the ice layer (not all 10 simulations are shown here). The position is given by the optical
thickness T\t}\?p of the liquid water layer located above the single ice layer.

Toor Is Ip I
0.0 41.0 3.3 1.08
1.5 32.2 2.4 1.01
3.0 25.7 1.8 1.00
6.0 18.4 1.2 1.00
9.0 14.6 0.8 1.00

13.5 11.8 0.5 1.00
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The results show that all three indices are most sensitive to the upper cloud layer showing
the highest values if the ice layer is located at cloud top (T\t;\(;p = 0). Here T\t{,’p gives the
total optical thickness of the liquid water layers located above the single ice layer. The
maximum values of Is = 41, Ip = 3.3 and I, = 1.08 range above typical values for pure
liquid water clouds and below the maximum values of an ice cloud with equal Dlg = 85 ym
and 7 = 15 as used in the simulations of the mixed-phase cloud (¢f. Figure 6.1, 6.3
and 6.7).

The spectral slope ice index I and the PCA ice index [p decrease slowly with increasing
T\t]f;p to values of Is = 12, Ip = 0.5 which reaches the range simulated for pure water
clouds. Nevertheless, for T\t]\[;p < 10 and considering the effective diameter of the water
particles (DY = 15 um) the ice indices Is and Ip are higher than for pure liquid water
clouds. This suggests that these approaches are able to distinguish typical ABM clouds
with a liquid cloud top layer from pure liquid water clouds. It has to be pointed out that
the sensitivity of Is and Ip to mixed-phase clouds will be reduced if a smaller Dl of the
ice crystals is assumed. Smaller ice crystals have less absorption which results in reduced
differences of I and Ip between pure ice and liquid water clouds (¢f. Figure 6.1 and
Figure 6.3).

The anisotropy ice index I, deviates from the values of pure liquid water clouds only if
the ice layer is at cloud top. This suggests that I, is suitable only for a discrimination
of pure ice and pure liquid water clouds. Typical ABM clouds with liquid cloud top will
be identified as pure liquid water clouds. This is consistent with the findings of Chepfer
et al. (2002) who found that the particle shape retrieved from two scattering angles at
650 nm wavelength was insensitive to multilayered clouds when 7 of the cloud top layer
is larger than 2.

6.5 Case Study on Flight # 5

On flight #5 (April 7, 2007) concurrent radiation and microphysical measurements have
been conducted along the path of the Cloud-Aerosol Lidar and Infrared Pathfinder Satel-
lite (CALIPSO) over the Greenland Sea as marked in Figure 4.16 (Section 4.3) with B.
A stratus cloud field with cloud top up to 1500m extended from 77.3° N to northwards
at the time of the CALIPSO overpass (10:18 UTC). The profile of the total attenuated
backscatter signal measured by CALIPSO is shown in Figure 6.8a. The lidar could
not completely penetrate the optically thick clouds with exception of the cloud edge
(< 77.4°N). For the investigated cloud the depolarization measurements (not shown here)
are not suitable for a cloud phase analysis. Multiple scattering in the optically thick clouds
increased the depolarization regardless of particle shape. Nevertheless, the lidar profiles
reveal that in the southern part of the cloud deck (c¢f. Figure 4.16 and left-side of Fig-
ure 6.8a) ice particles are precipitating down to the surface. These precipitation particles,
which are also observed from CloudSat (reflectivity), can be detected by the Lidar because
they are not capped by a liquid water layer in this area.

This part of the cloud was sampled with in situ microphysical instruments about 1 hour
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Figure 6.8: Profile of total attenuated backscatter coefficient 3 [sr~!km~!] measured by
CALIPSO in the cloud observed on flight #5 (a). The flight track of the in situ measure-
ments is overlaid as a black line. Ice and liquid water particle number concentrations Niot
measured by CPI and FSSP along the flight track and the ice indices Is and Ip for the same
positions are given in panel b and c. In panel d the cloud optical thickness 7w and 77 retrieved
by assuming pure liquid water and pure ice clouds is shown.
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before the CALIPSO overpass. The advection of the cloud field with the northerly winds
is considered in Figure 6.8b with 11.5km/h. The measurements corrected for advection
showed that the cloud edge in the southern part consisted of ice particles only (< 77.4° N).
The particle number concentration measured by the CPI increases up to Nio = 3cm™3.
First liquid water particles have been observed with the FSSP 3km further north. After
the descent below the cloud base (77.5° N to 77.6° N) the partly high ice crystal number
concentrations with simultaneous absence of liquid water particles is related again to
precipitating ice below the cloud. Higher cloud layers are probably of mixed-phase as
measured during the ascent through the cloud (77.6°N to 77.7°N).

Shortly after the CALIPSO overpass the cloud was investigated again by radiation mea-
surements flying above the cloud top. From the measured cloud top reflectance the cloud
phase was remotely identified using the ice indices defined above. Figure 6.8c shows
the measured spectral slope ice index Is and PCA ice index Ip along the flight track of
flight # 5. Both ice indices show high values around 77.4° N which correlates with the
high ice particle concentration measured by the in situ instrumentation one hour earlier.
The maximum values of Is = 60 and Ip = 5 indicate a pure ice cloud when compared to
the simulations shown in Figure 6.1. With measured values of D.g = 85 um and 7 = 15,
the simulations for Deg = 90 um and 7 = 15 show values of I and [p similar to the ice
indices calculated from the measurements.

Lower values (Ig = 20-40 and Ip = 2-4) corresponding to mixed-phase clouds assuming
unchanged D.g and 7 were measured later when the FSSP registered significant liquid
water particle concentrations. With respect to the sensitivity studies of Section 6.4, Is and
Ip measured above the mixed-phase clouds are higher than expected and close to values
of pure ice clouds with small effective diameter. This reveals that either the fraction of
ice crystals is much higher than measured by the in situ measurements or the vertical
distribution of the ice differs from the assumption of a liquid cloud top layer with high
ice concentrations below. This issue will be discussed in Section 7 in more detail.
Additionally, the cloud optical thickness 7 was derived from R by applying a common
cloud retrieval algorithm as suggested by Nakajima and King (1990). 7 was retrieved for
two different assumptions on the cloud thermodynamic phase. The results assuming pure
liquid water clouds 7w are given in Figure 6.8d by blue symbols; red symbols indicate
the cloud optical thickness 77 derived from the assumption of pure ice clouds. The plot
shows that 71 is in general lower than 7w what is a direct consequence of the enhanced
sideward scattering of nonspherical ice crystals as discussed in Section 5.7. In comparison
with the ice indices, the largest differences between 7w and 71 occur above the observed
pure ice cloud where the retrieval of 7w overestimated the optical thickness with 7w ~ 20
compared to 71 &~ 10. Above the mixed-phase clouds which can be assumed as liquid
water clouds in this regard as the cloud top is dominated by liquid water droplets the
retrieval of 71 underestimates the cloud optical thickness significantly. These differences
indicate that an assumption of the cloud thermodynamic phase is necessary to retrieve
reliable cloud optical properties.

The analysis of the reflectance-albedo ratio f; also reveals the presence of ice at the cloud
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Figure 6.9: Measured (7 as function of Rgq5. Black crosses show measurements over mixed-
phase clouds, red crosses over the ice cloud observed on the cloud edge. Simulations for pure
liquid water clouds are shown as a blue line.

edge. Figure 6.9 shows all measurements taken on flight # 5, above clouds (6, = 71°).
Generally the measured values of 5 deviate from the theoretical curve of pure liquid water
clouds (1D simulations) which is not expected for mixed-phase clouds with a thick liquid
layer at cloud top (c¢f. Section 6.4.2). The high values of f; indicate the presence of ice
crystals at the top of the mixed-phase clouds.

It has to be pointed out here that due to the combination of three separate measurements
(F /\i, F AT and I/I) the uncertainties of the data points are relatively large as marked at two
measurements samples in Figure 6.9. Furthermore, the 1D simulations used to define the
anisotropy ice index Iy do not account for possible 3D radiative effects. Nevertheless,
the measurements above the cloud edge (labeled by red crosses) tend to range in higher
values of ;. This shows that at the cloud edge nonspherical ice crystals were present at
cloud top.

6.6 Case Study on Flight # 9

On flight # 9 (April 9, 2007) similar the measurements on flight # 5 boundary-layer clouds
have been observed. Due to the weakened supply of cold air reaching from the sea ice
located in the North, the cloud field was more heterogenous than the mixed-phase clouds
investigated on flight # 5. In Figure 6.10 an MODIS satellite image of the cloud field is
given. The flight track of the POLAR 2 aircraft is overlaid as red line. Similar to the
measurements on flight # 5 the flight pattern of the POLAR 2 was combined with an
overpass of CALIPSO (dashed line).
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Figure 6.10: MODIS satellite image of April 9, 2007 overlaid with the flight track of POLAR 2
(flight # 9, red line) along the CALIPSO overpass (dashed black line). Numbers give the latitude
and longitude respectively.

In situ measurements with the FSSP, CPI and Polar Nephelometer were conducted short
before and during the CALIPSO overpass. About one hour before the satellite overpass
the clouds were remotely sensed on the same track with the SMART-Aledometer and
AMALIi. The results of the in situ and remote sensing measurements between 77.9° N
and 79.2°N are shown in Figure 6.11 in plots similar to Figure 6.8. In addition the
depolarization measurements of AMALi are given in panel e. For each depolarization
profile AMALIi measurements were averaged over 15 seconds. For the comparison of all
measurements the advection of the cloud field with respect to the CALIPSO overpass is
considered. The in situ and remote sensing measurements were corrected for a northerly
advection component of 7km/h.

The backscattering profile measured by CALIPSO shows distinct cloud patches with dif-
ferent cloud top altitudes and cloud vertical thicknesses. The cloud top altitude tends
to increase towards North what is confirmed by the AMALi measurements. Between
78.7°N and 78.9°N a larger cloud gap has been observed. The cloud top is indicated
by slightly enhanced depolarization values in the AMALIi signal. Multiple scattering by
the liquid water droplets at the cloud top layer leads to depolarization of the polarized
radiation emitted by the AMALi laser. This layer with slightly enhance depolarization
shows approximately the cloud top. The identification of cloud gaps is confirmed by the
retrieval of 7w and 7. Both values decrease in areas where cloud gaps are indicated
by AMALI.

High depolarization ratios have been observed by AMALi between 78.5° N and 78.6° N
and at about 79.0°N. The high depolarization indicate the presence of ice crystals. By
scattering processes of the polarized radiation emitted by AMALi at the plane surfaces
of the ice crystals the direction of polarization is changed following the Fresnel equations.
This leads to a depolarization of the radiation detected by AMALi compared to the
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emitted radiation. These areas with high depolarization ratio coincide with high ice
indices derived from the SMART-Albedometer measurements. Therefore, these cloud
parts are identified as pure ice clouds. The in situ instruments did probe solely the
ice cloud at 79.0°N. Here, ice crystal number concentrations up to Nyox = 4cm ™ were
measured. Although the in situ measurements were taken at lower parts of this cloud the
remote sensing measurements reveal that the ice crystals were present up to the cloud
top. Similar to the ice cloud observed on flight # 5 for this ice cloud the retrieval of 7
overestimated the cloud optical thickness compared to 7.

The southern ice cloud was not completely sampled by the in situ measurements as the
cloud top was significant lower at this location compared to the clouds observed in the
surrounding area. The interruption of the cloud structure is visible at 78.5°N in the
MODIS image taken at 10:00 UTC short before to the CALIPSO overpass (Figure 6.10).
The lower cloud top and the ice crystals identified by the remote sensing instruments indi-
cate that this part of the cloud mainly consists precipitating ice crystals which potentially
have their origin in the surrounding clouds.

South to 78.4° N the comparison of CALIPSO, in situ and remote sensing measurements
fails due to the long time difference between the measurements. At the location between
78.2° N and 78.4° N a large cloud gap has been observed by CALIPSO and in situ instru-
ments while the AMALiI and SMART-Albedometer measurements indicate mixed-phase
clouds with liquid cloud top layer.

The slight differences in the ice indices observed in this area partly coincide with the
retrieved cloud optical thickness. Higher 7y and 7y correlate with enhanced ice indices.
This is consistent with the sensitivity study presented in Section 6.4. Therefore, the vari-
ations of the ice indices does not necessarily indicate higher ice concentrations. However,
it has to be pointed out that contrarily the retrieval of 7w and 77 is affected by the cloud
thermodynamic phase complicating the analysis in this regard.

This cloud scene observed on flight # 9 shows that Arctic boundary-layer clouds partly
exhibit a high variability of cloud properties like cloud top altitude, thermodynamic phase
and optical thickness. These heterogeneities potentially affects the 3D radiative transfer
and consequently the remote sensing of cloud properties by measurements of reflected solar
radiation as reported by e.g., Cahalan et al. (1994); Rozwadowska and Cahalan (2002).
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Figure 6.11: Same as Figure 6.8 for the clouds observed on flight # 9. In addition the depolar-
ization profile obtained from AMALI is given in panel e.
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7 Vertical Structure of Arctic Boundary-Layer
Mixed-Phase Clouds

For the ABM clouds investigated in this work the ice indices (Ig = 29.8 and Ip = 2.3) are
slightly higher than expected for clouds with an optical thick liquid water layer at cloud
top as shown in the sensitivity study in Section 6.4.2.

Therefore, in this section a closure study of the measured microphysical and radiative
cloud properties is performed with focus on the vertical structure of ABM clouds. For
this purpose the radiative transfer code and the required input described in Section 5.1 is
used. In Section 7.1 and 7.2 the simulations are analyzed with regard to the cloud optical
thickness and the ice optical fraction of the mixed-phase clouds.

The vertical distribution of the ice crystals within the cloud layer is retrieved from spectral
differences of the cloud top reflectance. Therefore, additional radiative transfer simula-
tions using 3D Monte Carlo radiative transfer models are applied. In Section 7.3 the
vertical footprint of the measured SMART-Albedometer signal is derived form these sim-
ulations. This information is applied to modify the cloud model used in the radiative
transfer simulations as described in Section 7.4. In Section 7.5 the backscatter glory
observed at the cloud top of the ABM clouds is investigated in detail by 3D radiative
transfer simulations.

7.1 Closure of Cloud Optical Thickness

The cloud was divided into two vertical sublayers representing the observed vertical struc-
ture of the ABM clouds. The cloud top layer (1200-1600m) contains only liquid water
droplets, whereas the cloud bottom (800-1200 m) contains both liquid water droplets and
ice crystals. In Figure 7.1 the geometry of the cloud model used for the radiative transfer
simulations is illustrated (left cloud). The microphysical and optical properties averaged
over the in situ measurements taken in the sublayers are given in Table 7.1. For the liquid

Measured /
1650 — Case A/B
1600 —
—, 1550 —
£
()
5 1200 —
<
800 —

\';\'/g‘:g: ) \ce

Figure 7.1: Cloud geometries as represented in the radiative transfer simulations for the cases
A, B, C and D and for the simulations using the measured cloud properties.
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Table 7.1: Microphysical and optical properties of the ABM cloud observed on flight # 5. For
the closure study the cloud was divided into two sublayers, 800-1200 m and 1200-1600 m. The
adjusted values are used in the simulations of Case A where the cloud optical thickness was
scaled to the observed cloud top reflectance.

Original | Scaled (Case A)

Liquid water | 7w 7.5 16.9
800-1600m | LWP [gm™? 34.7 78.0
D [pm] 14.8 14.8

Ice TI 0.5 1.1
800-1200m | IWP [gm 2 17.2 38.7
Dy [pm] 102.7 102.7

Total T 8.0 18.0
800-1600m | TWP [gm™?| 51.9 116.7
T 0.06 0.06

fi 0.33 0.33

water droplets the data were averaged over the entire cloud. A total optical thickness of
8 was derived from the in situ measurements with an ice optical fraction of 0.06. The
total water path TW P amounts 51.9gm~2 with an ice volume fraction of 0.33.

The cloud top reflectance R simulated with the measured cloud optical properties is com-
pared in Figure 7.2a to R measured by the SMART-Albedometer. The measurement
uncertainty of R is indicated by the gray area. Especially for wavelengths shorter than
1800 nm the simulations (dashed line) range below the measured R and are outside the
measurement uncertainties. This indicates that the cloud optical thickness is underesti-
mated by the in situ measurements.

Beside the uncertainties of the in situ instruments, cloud inhomogeneities cause problems
for deriving representative cloud optical properties. During the in situ probing several
areas with low particle concentrations and low extinction coefficients b.; were sampled
related to the undulating structure of the clouds. By averaging the measurements over the
total time when the Polar Nephelometer measured considerable amounts of cloud particles
(bext > 0.05 km™1) the mean values of by, underestimate the total cloud optical thickness.
Maximum values of by = 35km ™! and bey = 20km~! have been measured for the liquid
water droplets by the FSSP and Polar Nephelometer, respectively. In the thin ice layer
the extinction coefficient of the ice crystal population amounts up to bey = 13km™! as
measured by the CPI. The underestimation of the cloud optical thickness due to cloud
inhomogeneities can be reduced by an extended sampling time of the cloud. During
ASTAR 2007 the clouds have been probed during descends and ascends of the POLAR 2
with climbing rates of 200mmin~! which reduces the sampling time for the individual
vertical cloud layers even more.

In order to adjust the results of the radiative transfer simulations to the measured R in the
VIS wavelength range the cloud optical thickness is scaled in the following simulations.
Therefore, N and N, of the NSDs are varied. The scaling was applied by keeping

O
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Figure 7.2: Simulated and measured spectral cloud top reflectance R (panel a). The measure-
ment uncertainty is illustrated by the gray area. In panel b the refractive index n; of liquid
water (Wieliczka et al., 1989) and ice (Warren and Brandt, 2008) is displayed.

cloud particle effective diameter, f{ and f; unchanged. The microphysical and optical
properties of the scaled cloud (hereafter referred as Case A) are given in Table 7.1. With
7 = 18 the scaled total cloud optical thickness is more than doubled compared to the
values derived from the in situ measurements.

The results of the radiative transfer simulations for Case A are shown in Figure 7.2 as solid
line. For wavelengths less than 1400 nm the simulated R ranges within the uncertainties of
the SMART-Albedometer measurements. However, at wavelengths where ice absorption
is strong, as indicated by the imaginary refractive index displayed in Figure 7.2b, the
simulated R is higher than measured. This reveals that in the model cloud less ice
crystals are present than indicated by the remote sensing measurements.

As shown in Section 6 the spectral slope ice index and the PC ice index obtained for
the ABM cloud are Is = 30 and Ip = 2.3, respectively. From the simulated cloud top
reflectance (Case A) values of Is = 13.4 and Ip = 0.7 were calculated. These values are in
the range which is derived for pure liquid water clouds, what is not surprising as the ice
optical fraction f;{ = 0.06 of the simulated cloud is close to zero. Therefore, the uncer-
tainties of the measured f; deduced from the simultaneous FSSP and CPI measurements
are addressed in the following Section.

7.2 Closure of Ice Optical Fraction

Based on the measured and scaled cloud optical properties of Case A the ice optical
fraction f* was varied between values corresponding to pure liquid water clouds (f{ = 0.0)
and a pure ice cloud (fff = 1.0). The microphysical and optical properties of the six
simulated clouds referred as Case B1-B6 are given in Table 7.2. The cloud geometry and
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Table 7.2: Microphysical and optical properties of ABM clouds Case B1-B6 characterized by
different ice optical fractions f{. The total cloud optical thickness is scaled to gain a cloud
top reflectance in the VIS wavelength range similar to the observation of the ABM cloud on
flight # 5.

B1 B2 B3 B4 B5 B6

Liquid Water | mw 18.0 | 16.2 | 14.0 9.6 6.0 0.0
800-1600 m LWP [gm™2]|83.0 | 747 | 64.6 | 443 | 27.7 0.0
Ice I 0.0 1.8 3.5 6.4 9.0 9.0
800-1200 m IWP [gm™2]| 00| 61.4|119.3 | 218.2 | 306.9 | 306.9
Total T 180 18.0| 175 | 16.0 | 15.0 9.0
800-1600 m TWP [gm? |83.0 | 136.1 | 183.9 | 262.5 | 334.6 | 306.9
T 0.00| 0.10| 0.20 | 0.40 | 0.60 | 1.00

fi 0.0] 045 | 065 | 083 | 0.92] 1.00

Table 7.3: Spectral slope ice index Ig and PC ice index Ip for the simulations of the clouds
Case B1-B6. Additionally the values obtained from the SMART-Albedometer measurements
are given.

B1 B2 B3 B4 B5 B6 Measured
Is 114 143 162 204 269 56.2 29.8
Iy 05 08 10 15 22 50 2.3
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Figure 7.3: Measured spectral cloud top reflectance R and simulated R for mixed-phase clouds
of different f{* (Case B1-B6). The measurement uncertainty is illustrated by the gray area.
In panel b the refractive index 7; of liquid water (Wieliczka et al., 1989) and ice (Warren and
Brandt, 2008) is displayed.

the particle effective diameter D%, Dls are identical to the cloud Case A. As shown in
Section 5.7 (Figure 5.11) the cloud top reflectance increases with increasing fi if the total
cloud optical thickness is kept constant. In order to fit R in the VIS wavelength range to
the measured values the total cloud optical thickness of Case B1-B6 was scaled for each
cloud separately.

The results of the radiative transfer simulations are given in Figure 7.3a. All simulations
range between the two extreme cases; the pure liquid water cloud (B1, blue line) and the
pure ice cloud (B6, red line). The corresponding ice indices Is and Ip calculated from the
simulations are listed in Table 7.3. The comparison with the measured ice indices indicates
that the simulated cloud Case B5 with fi = 0.6 fits best to the measurements.

However, in Figure 7.3a the analysis of the spectral structure of R in the wavelength range
dominated by ice and liquid water absorption between 1400 nm and 2150 nm reveals that
non of the simulated cases matches the measurements at the entire wavelength range. For
low ice optical fractions f;" < 0.4 the ice crystal concentration is too low and the resulting
ice absorption too week to reproduce the observed ice absorption minima. These minima
were present in the measurements of the SMART-Albedometer at 1490 nm and 2000 nm
wavelengths which agrees with the maxima in the refraction indices of ice plotted in
Figure 7.3b. However, at wavelengths where ice absorption is less strong (1600-1800 nm)
R is in the range of the measurement uncertainties of the measured R for f;" < 0.4. The
opposite is obtained for the simulations with f;* > 0.4. For these cases the ice absorption
is strong enough to reproduce the spectral measurements at the ice absorption minima.
However, the increasing ice absorption additionally reduces the cloud top reflectance at
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wavelengths between 1600 nm and 1800 nm. In this wavelength range the simulations with
fi > 0.4 fail to fit the measured R.

The conclusion is that there has to be another parameter which alters the spectral slope
in the wavelength range dominated by ice and liquid water absorption (1400-2200nm).
From additional radiative transfer simulations using modified cloud models (not shown
here) it was found that neither the particle effective diameter of the ice crystals and
liquid water droplets nor the ice crystal shape are responsible for the observed spectral
pattern of R. Therefore, in the following section the vertical footprint of the radiance
measurement is investigated.

7.3 Vertical Footprint of Radiance Measurements

The relative contribution of individual cloud layers to the overall retrieval of cloud prop-
erties was investigated by Platnick (2000). He found for vertical inhomogeneous liquid
water clouds that the vertical weighting for the cloud top reflectance measurements has
a maximum at the cloud top layer of less than an optical thickness of 2. The calculated
weighting functions strongly depend on the solar zenith angle and the wavelength used
for the retrieval (1600 nm, 2200 nm or 3700 nm). The larger the wavelength and the solar
zenith angle, the higher is the maximum of the weighting function and the closer this
maximum is located to the cloud top. These spectral differences in the weighting func-
tions at four different MODIS bands were utilized by Chang and Li (2002, 2003) and
most recently by Chen et al. (2008) to estimate the vertical variation of the cloud droplet
effective diameter from remote sensing.

These concepts are used in the following to study the vertical distribution of ice and liquid
cloud particles in the observed ABM clouds. Therefore, the spectral difference of ice and
liquid water absorbtion observed by the measurements of R is utilized. To quantify in
which cloud layers the radiation is primarily ab- TOA

sorbed the air mass factor (AMF) approach is

Optical Inlet

applied. The air mass factor A is a measure LV
of the total path a photon undergoes until ar-
riving at the instrument sensor as illustrated
in Figure 7.4. It is defined as the ratio of the
slant photon path Lg and the vertical photon ,

path Ly measured between the top of the at- V777 ik

mosphere and the Earth’s surface and obtained

Figure 7.4: Definition of air mass factors.
for a cloud free atmosphere:

N Lg
A=— 7.1
= (7.1
From this definition follows that for A = 1 the photon path is once the vertical extension
of the Earth’s atmosphere.

With regard to clouds each scattering process by cloud particles extends the photon path
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and rises A. If the scattering increases due to cloud particles the absorption of radiation
increases too (¢f. Eq. 3.18). Thus the air mass factor A provides a measure for the
absorption of radiation by cloud particles.

To quantify the contribution of distinct cloud layers to the measured absorption, box-
AMFs a; are calculated as described by (Wagner et al., 2007). For a homogeneous distri-
bution of the cloud particles a; is defined by,

1 N
A:N-Zzlai (7.2)

with ¢ the index of distinct cloud layers considered in the calculations and N giving the
total number of these layers. Assuming homogeneous cloud layers that are sufficiently
thin (N — o0), the box-AMF a(z) can be defined for explicit altitudes z following,

A1 / " a(z) ds (7.3)

Ztop — Zbase J 2

base

with 2pase and zop defining the cloud base and cloud top.

The box-AMFs appropriate to the radiance measurements of the SMART-Albedometer
are calculated by 3D Monte Carlo radiative transfer simulations. Therefore, the Monte
Carlo radiative transfer inversion model McArtim was applied (Deutschmann, 2008).
McArtim is an advanced version of the radiative transfer model TRACY-II developed
by Deutschmann and Wagner (2006) and was involved in a comparison study of several
radiative transfer models conducted by Wagner et al. (2007). For the simulations two
wavelengths (A = 1510nm and A = 1710nm) where the refractive index of liquid water
differs and absorption of atmospheric trace gases is weak were chosen.
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Figure 7.5: Box air mass factor a(z) simulated for Case A.
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The input for the simulations was adapted from the clouds simulated above. For the
SMART-Albedometer an opening angle of A = 2.1° was used facing into nadir direction.
According to the measurements presented in Section 5.1.2 the surface reflectance was set
to zero. Thus no multiple reflections between the surface and the cloud layer occur in the
simulations. The input for the cloud layer is identical to Case A matching the observed
R at VIS wavelengths. The scattering phase functions of the ice crystals and liquid water
droplets were represented by Henyey-Greenstein functions in McArtim.
The box-AMF a(z) of the simulated cloud is shown in Figure 7.5 for the two wavelengths
A = 1510nm and A = 1710nm. In general a(z) is higher for A = 1710nm than for
A = 1510 nm. This results from the differences in the refractive indices of ice and liquid
water which are both higher at A = 1510 nm. With higher refractive index the probability
that a photon is absorbed and does not reach the sensor of the instrument increases.
Consequently, the path of photons that reach the sensor is shorter in average; a(z) is
smaller.
The vertical profile of a(z) gives information on the contribution of each cloud layer to the
absorption measured by the SMART-Albedometer. Figure 7.5 reveals that the highest
a(z) are obtained close to the cloud top. Above the cloud a@ = 4.1 was calculated. These
values result from the low Sun (6 = 71°). An estimate is the direct solar radiation
reaching the surface for which the analytic relation A = 1 / cos By gives an air mass factor
of 3.1. From cloud top a(z) increases within the first 10m of the cloud to a maximum
value of a(z) = 4.6 for A = 1710nm. Below, a(z) decreases to zero at cloud bottom
which is related to the surface albedo (p = 0) used in the simulations. This vertical
profile implies that the information on the cloud particles retrieved from the absorption
in the spectral cloud top reflectance is related to these layers. The cloud particles at lower
altitudes have a weaker impact on the measurements.
To compare the results for the two wavelengths the box-AMFs were normalized by the
total AMF A (calculated with Eq. 7.3) and the geometric thickness of the cloud layer:
)= — 9B a0y (7.4)

Ztop — <base

The resulting 5(z) describes the normalized footprint in units of % m™' of the absorp-

tion measured by the SMART-Albedometer. The total AMF used for the normaliza-
tion amounts to A = 1.24 for A = 1510 nm which is lower than A = 1.47 obtained for
A = 1710nm. The calculated footprints for the two wavelengths are given in Figure 7.6a.
In Figure 7.6b §(z) is accumulated over the altitude starting with 0% at cloud top.

For both wavelengths the footprint shows the highest contribution for cloud layers close to
the cloud top. The maximum values of 5(z) are found to be higher for A = 1510 nm than
for A = 1710 nm. With the higher values of §(z) the cloud top reflectance at A = 1510 nm
responds stronger to the size of the particles in the cloud top layer and is therefore more
suitable for their retrieval than R at A = 1710 nm.

A decrease of §(z) with increasing cloud depth is observed for both wavelengths. The
accumulated footprint shows that 50 % of the measured signal at 1710 nm wavelength is
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Figure 7.6: Vertical footprint §(z) for the radiance measurements of the SMART-Albedometer
with respect to absorption by the cloud particles using the cloud Case A (panel a). The accu-
mulated footprint is given in panel b.

related to the cloud layer above 1420m. Only 10 % correspond to the cloud layer below
1130m. For A = 1510nm a steeper slope is obtained (50 % at 1450m). This amplifies
the assumption that the observed absorption signal in the radiance measurements for
A = 1490 nm is related to layers close to the cloud top while the absorption observed at
longer wavelengths about 1710 nm includes particles located at lower cloud layers.

These spectral differences in the footprint provide a tool to retrieve information on the
vertical distribution of the cloud particle effective diameter, as described by Chen et al.
(2007). Other than Chen et al. (2007) the investigations shown here are limited to a
small wavelength range (1400-1800 nm). However, this range includes one spectral maxi-
mum and one spectral minimum of ice and liquid water absorption and is covered by the
SMART-Albedometer measurements with sufficient spectral resolution to analyze these
spectral differences. Wavelengths where liquid water and ice absorption are strong can
be used to derive the particle properties at cloud top, whereas wavelengths with weaker
absorption give information on particles located at lower cloud layers. Utilizing the spec-
tral differences between the maxima of ice and liquid water absorption separate vertical
profiles for ice crystals and liquid water droplets can be derived.

The SMART-Albedometer measurements of R presented in Figure 7.2a showed that
for wavelengths below A = 1700nm stronger absorption is measured than shown by
the simulations. The maximum differences overlap with the ice absorption maximum
(A = 1490nm). At wavelengths between 1700-1800 nm weaker absorption is observed.
Following the findings discussed above the strong absorption for A = 1490 nm implies
that large ice crystals are present in the uppermost cloud layers. On the other hand,
the high values of R between 1700-1800 nm wavelength indicate small cloud particles at
cloud top and at lower cloud layers. This conclusion differs from the vertical distribution
of ice crystals and liquid water droplets obtained by the in situ measurements. This can
explain the discrepancy between simulated and measured cloud top reflectance.
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7.4 Ice Crystals at Cloud Top

The analysis of the vertical footprint calculated for the radiance measurements suggests
that ice crystals might be present at cloud top of the ABM clouds observed on flight # 5.
Therefore, the original cloud simulated with Case A was modified in Case C and D by
adding a thin ice layer at cloud top. For Case C the ice layer is situated within the original
cloud; for Case D an ice layer is add above the cloud top as illustrated in Figure 7.1. The
optical thickness of the thin cloud layer was set to 0.5 with ice crystal effective diameter
similar to the ice layer at cloud bottom (D!; = 103 um, column shape). Due to adding
the ice layer, the total optical thickness of the cloud is adjusted to 7 = 15.0 for Case C
and 7 = 14.5 for Case D.

The spectral cloud top reflectance R simulated for the two cases C and D is shown
in Figure 7.7. For both cases almost identical results are obtained. Compared to the
simulations presented above (Case A and B), the simulation fit for all wavelengths into
the uncertainty range of the observed R. Especially the spectral pattern in the wavelength
range dominated by ice and liquid water absorption is closer to the measurements as
simulated without the additional ice layer. This reveals that ice crystals situated at cloud
top are necessary to explain the observed absorption features with strong absorption at
1490 nm and weak absorption at wavelengths about 1750 nm.

From the in situ measurements of microphysical cloud properties no convincing evidence of
ice crystals in the uppermost cloud layer above 1500 m altitude was found. In this cloud
layer only 7 out of 69 measurements of the Polar Nephelometer indicated ice crystals
with asymmetry parameters below 0.82 (¢f. Figure 4.18). These measurements do not
significantly alter the volumetric asymmetry parameter ({(g) = 0.85) calculated for this
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Figure 7.7: Measured and simulated spectral cloud top reflectance R for cases A, C and D
(panel a). The measurement uncertainty is illustrated by the gray area. In panel b the refractive
index n; of liquid water (Wieliczka et al., 1989) and ice (Warren and Brandt, 2008) is displayed.
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Figure 7.8: Particle number size distribution % measured by FSSP and CPI within the cloud
top layers of the cloud sampled on flight # 5 (c.f. Figure 4.18). The measurements are averaged
between altitudes of 1500-1550 m (panel a) and 1550-1600 m (panel b).

cloud layer. The CPI registered ice particles only at five times. The mean number size
distributions of the cloud particles measured by the FSSP in the uppermost cloud layers
are analyzed in detail in Figure 7.8. The measurements are averaged for two layers between
1500-1550 m (36 measurements, panel a) and 1550-1600m altitude (33 measurements,
panel b). Both layers show a two modal particle distribution. For 1500-1550 m altitude
the mode of the larger particles is dominant and has an effective diameter of Deg = 21.5 um
which is larger than the mean effective diameter of the liquid water droplets used in the
simulations. This is consistent with the increase of the cloud droplet effective diameter
towards cloud top for adiabatic cloud layers as reported by e.g., Miles et al. (2000);
Zuidema et al. (2005).

In the uppermost cloud layer (Figure 7.8b) a high concentration of small cloud particles
(Do = 6.5 um) has been observed. On the origin of this mode of small particle can be
only speculated. Splashing of large liquid water droplets or shattering of ice crystals at
the tip of the instrument housing might be a reason (cf. Section 4.3.1).

To analyze the thermodynamic phase of the small particle mode asymmetry parameter
are calculated from the NSD presented in Figure 7.8 and compared to the Polar Neph-
elometer measurements. From the Polar Nephelometer values of (¢) = 0.85 and (g) = 0.84
were obtained for the layers of 1500-1550 m and 1550-1600 m altitude, respectively. As-
suming all particles to be liquid water droplets results in asymmetry parameters of 0.86
and 0.84, respectively, similar to the Polar Nephelometer. Assuming the mode of small
particles (D < 10 um) to be composed of ice crystals (columns) the calculated asymmetry
parameter of the uppermost layer is reduced to (g) = 0.78 while for the second layer
(1500-1550 m) the asymmetry parameter does almost not change. This reveals that for
the uppermost layer the small particle mode contribute significantly to the mean asym-
metry parameter while for the second layer the larger particles are dominant.

In the Polar Nephelometer measurements within the uppermost cloud layer only five sin-
gle measurements exhibit an asymmetry parameter lower than 0.82 with the majority
being higher ({g) ~ 0.85). Consequently the agreement between measured and calculated
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asymmetry parameter (assuming all sampled particles to be liquid water droplets) suggest
that the small particle mode is composed of liquid water droplets. However, the NSDs of
the FSSP used for the calculation of g are cut at the maximum particle size (28 ym) reg-
istered by the FSSP while the Polar Nephelometer measures particles up to about 800 ym
diameter. From the equation for the volumetric asymmetry parameter (c¢f. Eq. 3.40)
follows that larger particles with higher scattering cross section have a larger impact on
the volumetric asymmetry parameter than smaller cloud particles. Therefore, the trun-
cation of larger cloud droplets not considered in the calculations of (g) may have biased
the resulting (g) towards lower values. Due to these limitations of the in situ measure-
ments the evidence of ice crystals at cloud top could neither been proven nor neglected
by the analysis of the data. Nevertheless, with regard to the ice absorption observed in
the SMART-Albedometer measurements and the radiative transfer simulations presented
above an evidence of ice crystals at cloud top was found.

7.5 Observation of Glory

The backscatter glory is an optical phenomena based on single scattering processes and
typical for liquid water clouds. The intensity variations of the reflected radiation reflects
the single scattering phase function of the liquid water droplets located at cloud top.
Therefore, the observations of backscatter glories are used by eg. Gedzelman (2003);
Mayer et al. (2004) to retrieve the cloud droplet effective diameter.

During the measurement flights of ASTAR 2007 frequently backscatter glory have been
observed by eye and photo camera. The photographs have not been taken systematically.
However, two exemplary photographs taken on flight #5 (April 7, 11:05UTC, 78°.N,
11.5°,E) and flight # 10 (April 10, 11:31 UTC) are shown in Figure 7.9. The ice indices
measured during the time periods at which the glories have been observed are Is = 26.0,
Ip = 1.9 and Is = 26.3, Ip = 2.9 respectively. The ice indices are slightly lower than for
the mixed-phase cloud for which the closure study is conducted. However, the values are
higher than expected for pure liquid water clouds and indicate the presence of ice crystals

Figure 7.9: Photographs of backscatter glories at cloud top. The left photograph was taken
on flight #5 (April 7, 11:05 UTC), the right on flight # 10 (April 10, 11:31 UTC) from the
POLAR 2 aircraft.
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Figure 7.10: Scattering phase function P(¥) at three different wavelengths representative for
the blue (450 nm), green (550 nm) and red (600 nm) color. The backscattering range between
scattering angles ¥ = 175-180° is shown. In panel a P(¥}) is given for the ice crystal population
(columns), in panel b for the liquid water droplet population used in the simulations.

at the same time the glories have been observed.

The presence of ice crystals at the cloud top of the observed ABM clouds was also
concluded by the study shown above in Section 7.4. However, the observations of the
backscatter glory puts this finding into question as the scattering phase function P(¢) of
ice crystals does not exhibit this feature. Figure 7.10 shows an extract of P(4) of the ice
crystals (columns) and liquid water droplet populations used in the simulations analyzed
above. Displayed are the three wavelengths A = 450nm, A = 550 nm and A = 600 nm
representative for the blue, green and red color of the VIS solar radiation.

In Figure 7.10a P(¥) of the ice crystals increases with increasing scattering angle. This
is related to the large particle size of Dz = 103 um. The larger the particle size the
higher the backscattering (9 = 180°) which is mainly caused by specular reflection at
the ice crystal surface. Additional to the maximum at ¢ = 180° liquid water droplets
(Figure 7.10b) have a second maximum of P()) at about ¢ = 178° for 550nm and
600 nm wavelengths and at about ¢ = 178.5° for 450 nm. This second maximum causes
the increased intensity of reflected radiation observed on the glory phenomena. The
shift of the maximum for the different wavelengths produces the rainbow like colors of
the glories.

3D Monte Carlo simulations have been performed to calculate the angular distribution
of radiation scattered into the backscatter range ¥ > 175°. Considering the solar zenith
angle of 71° this corresponds to viewing zenith angles between 71° and 76°. For the
3D radiative transfer simulations the MYSTIC code (Monte Carlo code for the physically
correct tracing of photons in cloudy atmospheres) embedded in the libRadtran package was
applied (Mayer, 1999, 2000). With MYSTIC the backscattered radiance was calculated
for the flight altitude of 1800 m approximately 200 m above cloud top. In the simulations
the angular extension of the solar disk of 0.5° is considered. Therefore, the radiance
distribution is convoluted with /6% — (0 — 6y)? where 6 is the solar zenith angle specified
for the center of the solar disk and fg the angular radius of the solar disk. The convolution
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causes a slight smoothing of the resulting radiance distribution which is not essential for
the conclusions presented here but large enough to be considered.

Finally, the radiances were converted to color following the procedure by the
Commission Internationale de I’Eclairage (CIE, CIE, 1986). The procedure is imple-
mented in the C program specrend.c provided by CIE which was applied here
(http://www.fourmilab.ch/documents/specrend/). In brief, the tristimulus values X, Y,
and Z were derived by integrating the spectral radiance (calculated with a step of 5 nm be-
tween 380 nm and 780 nm) multiplied with the three color matching functions. X, Y, and
Z are then converted to color (R,G,B) values using the CIE system matric. The bright-
ness is considered by multiplying (R,G,B) with the luminosity Y. A detailed description
of the procedure is provided at the mentioned web page.

The angular distribution of the R,G,B colors were calculated for the three clouds Case
A, C and D. Values of R,G,B normalized to the value at backscattering angle ¥ = 71°
are shown in the left panels of Figure 7.11 for a viewing azimuth angle parallel to the
azimuth of the Sun. In the right panels R,G,B images are calculated by rotating the
angular distributions shown in the left panels. The rotating of the simulations for one
single viewing azimuth is justified as additional simulations showed that the glory is
symmetrical to the backscattering angle. In the results simulated for the ABM cloud
dominated by liquid water at cloud top (Case A) the backscatter glory is visible. Although
the simulations exhibit some noise, the normalized radiance reflects the scattering phase
function of the liquid water droplets (¢f. Figure 7.10). The noise is due to the number
of photons used in the Monte Carlo radiative transfer simulations but is not essential for
the conclusions presented here. The wavelength shift of the secondary maximum is only
weak in the simulations what results in the almost white color of the rotated image. This
is due to the broad number size distribution of the liquid water droplets (¢ = 0.35) used
in the simulations (¢f. Section 5.3). As shown by Mayer and Emde (2007) the colors
of the backscatter glory are less pronounced if broad droplet size distributions are used.
These findings are contrary to the glory photographs presented in Figure 7.9 but may
result from the differences of the location of the in situ measurements and the location
the photographs were taken.

For Case C where an ice layer of 7 = 0.5 is situated inside the uppermost cloud layer the
backscatter glory is weaker than observed for Case A, but still visible in the rotated R,G,B
image. Close to the backscattering angle the radiance is higher than in Case A. This spot
is caused by the enhanced backscattering of the ice crystals. In airborne observations
this spot is covered by the shadow of the aircraft and hence not visible. These results
show that ice crystals of an optical thickness less than 0.5 situated inside the liquid water
layer can reproduce the simultaneous observation of ice absorption and glory phenomena.
Contrarily, Case D where the same ice layer is located above the liquid water layer the
backscatter glory was not reproduced by the simulations. The angular distribution of the
radiance shows similar characteristics as the scattering phase function of the ice crystals
(cf. Figure 7.10). From this analysis it is concluded that Case D does not suit the remote
sensing observation above ABM clouds obtained during ASTAR 2007.



7 VERTICAL STRUCTURE OF ARCTIC BOUNDARY-LAYER MIXED-PHASE CLOUDS 96

E T T T T 3
: Case A ]
0 10 ﬂ\ o E
3 o O i
S b N TSR z
= 0.9F g VNN
O E v\x/v\/\ E
o £ 4
- 0.8 ;‘ ‘;
o E ]
N E E
(@) E 3
0.7F — blue E
£ £ E
s : green E
“<o06fF — red 3
0.5E . . . .
71 72 73 74 75 76
Viewing Zenith Angle 8
F T T T T E
3 Case C 3
o) 1.0 a E
8) E \\ E
C E - ]
5 09 AN e E
O E NN 22 e ]
o E SNATA E
E Rt NN ]
- 0.8F ~e—
g £ \/\/\\ =
= F A 1
o) E E
0.7F —— blue =
E E ]
5 green E
<o06F — red 3
0.5E . . . .
71 72 73 74 75 76
Viewing Zenith Angle 8
T T T T E
Case D 3
) E
(@] 1
C 3
.0 E
o E
O ]
0% E
je! E
() ]
N E
© 3
E 3 ]
— —
O ~_
> =
\/\7/\\/\/\/\/\_)
0.5E . . . .
71 72 73 74 75 76

Viewing Zenith Angle 8

Figure 7.11: Radiative transfer simulations of the angular distribution of spectral radiances of
the backscattering region. Results are shown for the three cases A, C and D. The left panels
show the angular distribution converted into R,G,B colors. The visualization of the glory is
given in the right panels.
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8 Summary, Conclusions and Outlook

Within this work the radiative properties of ABM clouds have been investigated by radia-
tive transfer simulations and respective airborne measurements of spectral solar radiation.
The simulations of broadband solar and IR irradiances were used to characterize the cloud
radiative forcing of the clouds as a function of ice crystal properties. From the airborne
measurements information on the ice crystal properties were retrieved from different meth-
ods. These two issues are summarized in the following sections. Finally an outlook on a
follow-up project is given.

Field Campaign

Boundary-layer clouds have been sampled during the ASTAR 2007 campaign in the vicin-
ity of Svalbard. The clouds were generated over the open sea by a cold air outbreak with
northerly winds. Besides the SMART-Albedometer, in situ instruments measuring mi-
crophysical properties of cloud particles and the airborne lidar AMALi were operated on
board of the POLAR 2 aircraft. These instruments were used to derive independent in-
formation on the cloud thermodynamic phase. Predominantly, mixed-phase clouds were
identified from the depolarization measurements of AMALi and the cloud microphysical
properties (asymmetry parameter, ice crystal and liquid water droplet number concen-
trations). These data were used to define the cloud properties in the radiative transfer
simulations.

Cloud Radiative Forcing

The radiative forcing of ABM clouds was investigated by extensive solar and IR radiative
transfer simulations. In general it was found that the clouds cool the subjacent surface.
However, the cooling strongly depends on the ice crystal properties such as ice crystal size,
shape and number concentration. Therefore, the mixing state of the clouds was defined
by two different approaches. The ice volume fraction f; = IWP/(IW P + LW P) relates
the ice water path and the total water path while the ice optical fraction f{ = 7;/(m1+7w)
refers to the partial optical thickness of the ice and liquid water particles.

If the total water path is kept constant the variation of f; significantly changes the cloud
radiative forcing at the surface with the stronger cooling observed for pure liquid water
clouds. It was found that these differences result from the different particle sizes of ice
crystals and liquid water droplets. As ice crystals are typically larger, less ice crystals
are required for the same total water path. Consequently, the cloud optical thickness and
the radiative forcing are reduced. This relation is the stronger the larger the effective
diameter of the ice crystals is in the simulations. For Dl¢ = 150 ym the surface radiative
forcing weakens from -240 W m? to -110 W m? between pure liquid water clouds and pure
ice clouds.

These findings may have a significant impact on the physical processes which are respon-
sible for the persistence of ABM clouds. A higher ice volume fraction reduces the solar
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cooling of the surface. Consequently, for an unchanged IR radiative forcing (constant
cloud temperature) the surface temperature increases and the temperature stability is re-
duced. This leads to enhanced updrafts and condensation of liquid water droplets which
finally reduces f;. This negative feedback suggest that a possible glaciation of ABM clouds
is weakened due to radiative effects. However, simulations with cloud resolving dynamical
models are necessary to confirm these findings quantitatively.

Furthermore, the impact of different ice crystal shapes on the radiative properties (layer
reflectance, transmittance and absorptance) of ABM clouds was investigated. Similar
to the variation of f; it was found that the reduced volume of nonspherical ice crystals
compared to spherical crystals reduces the cloud optical thickness and the cloud layer
reflectance. The largest effects were found assuming aggregates as ice crystal habit while
the results for column shaped ice crystals deviate less from the simulations assuming
spherical ice crystals. These shape effects imply that processes by which the ice crystal
shape changes (like aggregation of small ice crystals or splintering of ice crystals) may
affect the cloud radiative forcing similar to the variation of fi.

In a second approach the radiative forcing of mixed-phase clouds was calculated for clouds
of various ice optical fractions f;" by keeping the total optical thickness of the clouds
unchanged. The impact of f{ on the cloud radiative forcing was found to be less strong
than for f;. Only the differences in the scattering phase function and single scattering
albedo of nonspherical ice crystals and liquid water droplets varied the cloud radiative
forcing. The higher single scattering albedo of large ice crystals increases the absorption of
radiation within the cloud compared to pure liquid water clouds and slightly increases the
surface cooling from -235 W m? to -250 W m?. At the top of the atmosphere an increasing
fi was found to reduce the cooling effect from -220 Wm? to -210 Wm?. This effect
is caused by the scattering phase function of nonspherical ice crystal which shows an
enhanced sideward scattering. Therefore, for the low solar zenith angles persistent in
Arctic regions the radiation reflected at cloud top increases with increasing f;".

This effect caused by the different scattering phase functions is even more pronounced
if the cloud top reflectance is considered. The spectral simulations of R revealed that
an increasing f;° leads to an increase of R in the wavelength range below 1300 nm. For
larger wavelengths the spectral pattern of R varies with f;* corresponding to the spectral
absorption of ice and liquid water.

Remote Sensing of Ice Crystal Properties

Within this work the SMART-Albedometer was further developed to provide measure-
ments of spectral radiances. From the simultaneous measurements of F' Al and [ l the cloud
top reflectance R was calculated. As satellite retrieval algorithms of cloud microphysical
and optical properties are based on the measurements of R the radiance measurements
with the SMART-Albedometer enables to apply satellite retrieval methods to the data.
New radiance optical inlets have been constructed and characterized. The opening angle
of these optical inlets depends on the diameter of the optical fiber connected to the inlet.
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For the optical fibers used during the ASTAR 2007 campaign an opening angle of 2.1°
was determined. The sharpness and wavelength dependence of the opening angle was
improved by an additional aperture placed in front of the radiance optic.

For the absolute calibration of the radiance measurements two independent methods were
applied. The calibration with an integrating sphere is limited due to the intensity of
the sphere to wavelengths larger than 420nm. For smaller wavelengths a calibration
using a reflectance panel in combination with a 1000 W lamp as radiation source was
applied.

The measurements of R obtained during the ASTAR 2007 campaign were analyzed with
regard to information on the ice crystal properties of ABM clouds. To identify the cloud
thermodynamic phase three different methods were applied. Two methods utilize the high
spectral resolution of the measurements in the NIR wavelength range (1500-1800nm)
where spectral features of the ice and liquid water absorption are present in the mea-
sured R. From the analysis of the spectral slope in this wavelength range the ice index
Is was obtained similar to the cloud phase retrieval presented by Acarreta et al. (2004).
The ice index Ip utilizes a principle component analysis of the spectral reflectance in the
same wavelength range to subtract the magnitude of ice and liquid water absorption in
the measurements. A third ice index I, is based on the different sideward scattering of
spherical liquid water particles and nonspherical ice crystals which was recorded in the
VIS wavelength range of simultaneous measurements of spectral cloud top reflectance and
albedo.

The analysis of Is and Ip showed that both indices are capable to identify the cloud phase
of Arctic boundary-layer clouds. In a case study (flight # 5) a pure ice cloud at the edge of
a ABM cloud field also probed by in situ microphysical probes and observed by CALIPSO
shows significantly higher values of Is and Ip related to ice particles. The mixed-phase
clouds inside the cloud field have lower ice indices than the ice cloud but higher values than
expected for pure liquid water clouds. For a second case study (flight # 9) the ice indices
were additionally compared to the depolarization signal measured by the airborne lidar
system AMALIi. The cloud parts where high depolarization indicates the presence of ice
crystals are well correlated with high ice indices calculated from the SMART-Albedometer
measurements.

A third ice index I, based on the anisotropy of the reflected radiation and defined by
the ratio between cloud top reflectance and albedo is not fully able to detect mixed-
phase clouds. Simulations show that I, is mainly affected by the uppermost cloud layers.
The optical thickness of the relevant cloud layer is less than 7 < 1.5. Therefore, ABM
clouds with liquid cloud top will be identified as pure liquid clouds. Nevertheless, for the
edge of the cloud field observed on flight # 5 the presence of nonspherical ice crystals is
confirmed.

At least for the cloud top layer the anisotropy ice index I, is in theory a more robust
indicator for the cloud phase than the spectral slope ice index Is and the PCA ice index
Ip. Sensitivity studies have shown that both indices Ig and Ip depend strongly on the ice
particle effective diameter and less on the cloud optical thickness for 7 < 5. Nevertheless,
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an ambiguity in the discrimination of ice and liquid water phase occurs only between
pure ice clouds with small ice crystals and low 7 and pure liquid water clouds of high 7.
More crucial is the dependence on the ice particle effective diameter for the discrimination
between mixed-phase and pure ice clouds. Here, a priori knowledge about the ice crystal
dimensions is required.

The case study has shown, that the anisotropy ice index I is more difficult to interpret
than Is and Ip. The combination of three independent measurements and possible 3D
radiative effects result in a higher uncertainty of this method. From a single measurement
the retrieval of the cloud phase is not reliable. Cluster analysis or averaging is necessary.

In a second part measurements of R have been utilized to retrieve information on the
vertical distribution of ice crystals in ABM clouds. Therefore, spectral radiative transfer
simulations of R are performed and compared in a closure study to the measured R.
The radiative transfer simulations based on the microphysical properties obtained during
ASTAR 2007 underestimate R over the entire wavelength range covered by the SMART-
Albedometer. This indicates that the cloud optical thickness is underestimated by the
in situ measurements probably caused by cloud inhomogeneities which bias the averaged
cloud microphysical properties. Scaling the cloud optical thickness the radiative transfer
simulations failed to reproduce the spectral pattern of R observed in the wavelength range
dominated by ice and liquid water absorption (1500-1800nm). Varying the ice optical
fraction did not improve the results significantly.

A good agreement between measurements and simulations was obtained when a thin ice
layer of 7 = 0.5 is added in the simulations at cloud top and suggest that ice crystals
where present in the uppermost layers of the observed ABM clouds. Detailed analysis
of the in situ measurements could neither confirm nor reject these results. On top of
the investigated clouds backscatter glories have been observed what generally indicates
the presence of liquid water droplets at cloud top. This observation was validated by
3D radiative transfer simulations focusing on the radiation within the backscatter region.
Adding ice crystals in the uppermost cloud layer but not above the liquid water layer
reproduced a weak but visible backscatter glory and explains the observations. Situating
the thin ice layer above the original cloud diminished the backscatter glory.

These investigations have shown that ice crystals at cloud top are missing in the mi-
crophysical properties derived from the in situ measurements. However, these data were
used to define the cloud properties in the radiative transfer simulations. Consequently, the
presence of ice crystals at cloud top may alter the calculated ice indices and the radiative
forcing of ABM clouds. The enhanced ice absorption by these ice crystals will bias the
ice indices of ABM clouds towards higher values. The radiative cooling by ABM cloud
might be stronger than calculated due to the enhanced side scattering of ice crystals.
Furthermore, the evidence of ice crystals at the top of ABM clouds has implications for
the physical processes occurring within these clouds. The common vertical structure of
ABM clouds with a liquid water layer at cloud top and an ice layer with precipitating ice
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crystals below as described by e. g., McFarquhar et al. (2007); Shupe et al. (2006) might be
modified. Ice crystals are present within the entire cloud although liquid water droplets are
dominant at cloud top. These findings suggest conclusions on the dominating physical ice
production mechanisms. Durant and Shaw (2005) describe the ice nucleation mechanism
due to evaporation freezing which occurs mainly at the cloud top and downdrafts where
liquid water droplets evaporate. This process was analyzed by Fridlind et al. (2007) and
Fan et al. (2008) for ABM clouds. The observed clouds were well reproduced by dynamical
models if the enhanced ice nucleation by droplet evaporation freezing is considered. The
location of the maximum ice nucleation rate is found near the cloud top and cloud bottom
what is in agreement with the findings of this work. Contrarily, simulations neglecting
evaporation freezing show ice crystals to be dominant at lower cloud layers only (e.g.,
Harrington et al., 1999; Morrison et al., 2008; Avramov and Harrington, 2008).

The analysis of the spectral cloud top reflectance measured by the SMART-Albedometer
has shown that the spectral information within the wavelength range 1500-1800 nm is
essential to retrieve information on the ice crystal properties. In this regard the vertical
footprint of the SMART-Albedometer measurements was investigated. Using the box
airmass factor (box-AMF) approach presented by (Wagner et al., 2007) the contribution
of each cloud layer to the ice and liquid water absorption reflected in the measurements
of R was quantified. The vertical profile of the box-AMF showed that the signal measured
by the SMART-Albedometer is dominated by absorption processes within the uppermost
cloud layers of less than 200 m thickness what is in agreement with the findings presented
by Platnick (2000). However, box-AMF calculated for different wavelengths (1510 nm and
1710nm) showed different vertical profiles related to different vertical footprints of the
SMART-Albedometer measurements. These differences results from the spectral pattern
of the ice and liquid water absorption. Consequently, by analyzing the spectral pattern
of the measured R information on the vertical distribution of cloud particles can be
retrieved.

Similar investigations have been conducted by e.g., Chang and Li (2002, 2003) and Chen
et al. (2008) who used four different wavelength bands of MODIS measurements (1250 nm,
1650 nm, 2150 nm and 3750 nm) to retrieve the vertical variation of the cloud droplet effec-
tive diameter from remote sensing. The investigations presented in this work suggest that
these methods are adaptive to high spectral measurement of a small wavelength region as
obtained by the SMART-Albedometer. The only requirement is that the measurements
resolve changes in the spectral absorption of ice and liquid water.

Outlook

In this work detailed information on the vertical distribution of ice crystals and liquid
water droplets within ABM clouds are obtained. These can be used to derive more
accurate estimates of the net radiative forcing of ABM cloud. Simulations accounting for
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different surface albedos and solar zenith angles will help to calculate annual values of the
cloud radiative forcing. These are crucial for the prediction of the Arctic climate change.
From the measurements obtained during ASTAR 2007, it was found that boundary-layer
cloud fields show a high variability in the derived ice indices closely related to the ice
optical and volume fraction. Considering the different radiative properties of clouds dom-
inated by ice and liquid water it can be assumed that the heterogenous distribution of
ice and liquid water in such cloud fields has an impact on the 3D radiative transfer. The
cloud solar radiative forcing as well as satellite retrieval of cloud optical properties may be
biased. This issue will be addressed in a follow-up project called SORPIC (Solar Radiation
and Phase Discrimination of Arctic Clouds) which includes an airborne field campaign
in April 2010. During this campaign the SMART-Albedometer will be operated together
with the hyperspectral camera system AISA EAGLE from SPECIM LTD. EAGLE is a
linescanner using a CCD camera. It has a swath width of 36° with a horizontal resolution
of 0.7m at 1000 m flight altitude. For each pixel the spectral wavelength range between
400nm and 970 nm is covered with 3nm resolution. The high spacial and spectral res-
olution of EAGLE is suitable to investigate cloud inhomogeneities. Together with 3D
radiative transfer simulation the measurements will help to estimate the impact of the
inhomogeneous distribution of ice and liquid water particles on the radiative transfer.
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